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Een geïntegreerde studie van de structuur en thermo-
mechanische eigenschappen van de Europese lithosfeer 
 
SAMENVATTING (SUMMARY IN DUTCH)  
 
Dit promotieonderzoek richt zich op de constructie en de analyse van een model van de 
Europese lithosfeer, samengesteld op basis van een integratie van een aantal bestaande geofysische 
studies en door een schatting van fysische (zoals bv dichtheid, temperatuur, snelheid) en 
rheologische parameters. Het model beschrijft de structuur en de fysische, en dan met name de 
rheologische eigenschappen van de belangrijkste lithosferische lagen. Het onderzoek bestaat uit 
verschillende stappen. 
 Hoofdstuk 1 beschrijft het doel van dit onderzoek, en geeft een overzicht van de 
geodynamische ontwikkeling en de geologische structuur van Europa. De lithosfeer evolutie van 
oost Europa wordt grotendeels gedomineerd door het oude, koude East European Craton (EEC), 
met daarin verspreid enkele kleine, gedeformeerde Phanerozoische en Meso-Neoproterozoische rift 
en platform systemen. Daarentegen bestaat westelijk Europa, enkele uitzonderingen daargelaten, uit 
dunne, warme, voornamelijk Phanerozoische lithosfeer, welke zich samengevoegd met het EEC 
tijdens Paleozoische en recentere fasen van gebergtevorming. De Europese continentale lithosfeer 
wordt gekenmerkt door een hoog niveau, zowel in frequentie als in sterkte, van seismiciteit, en door 
vertikale bewegingen (opheffing en daling), welke een direct gevolg zijn van de huidige intraplaat 
spanningsvelden. Vanwege het heterogene karakter van lithosfeer deformatie en mede dankzij het 
grote aantal recentelijk uitgevoerde geofysische onderzoeken is Europa een ideaal 
onderzoeksgebied voor deze studie. Europa huisvest enkele natuurlijke laboratoria (bv het Alpen-
Karpaten-Pannoons systeem, het Iberisch schiereiland) met tektonische verschijnselen zoals 
gebergteketens en sedimentaire bekkens die verschillen in ouderdom en ontwikkeling. 
 Hoofdstuk 2 beschrijft EuCRUST-07, een nieuw hoge-resolutie 3-D model van de Europese 
korst (35ºN-71ºN, 25ºW-35ºE). Dit model is vrij beschikbaar op internet: 
ftp://ftp.agu.org/apend/gl/2007gl032244. Dit nieuwe model kan als uitgangspunt gebruikt worden in 
numerieke modelstudies naar de wisselwerking tussen korst en mantel effecten. EuCRUST07 is tot 
stand gekomen door het samenvoegen van enkele honderden seismische lijnen, bepalingen van 
receiver functions (vrijwel allemaal gepubliceerde data), en een twintigtal lokale studies van de 
belangrijkste laagvlakken in de korst en de Moho diepte. Uit de beschikbare data werden door 
analyse en controle de kwalitatief beste gegevens selecteerd, welke vervolgens werden 
geïnterpoleerd naar een 15’x15’ grid via de Kriging methode. Het nieuwe 3-D model bestaat uit drie 
lagen: een sedimentpakket en daaronder een uit 2 lagen bestaande kristallijne korst. Elk van de 
korstlagen wordt gekenmerkt door gemiddelde P-golf snelheden (Vp). Ten opzichte van eerdere 
modellen vertoont EuCRUST-07 aanzienlijke afwijkingen van de Moho diepte, van zelfs zo’n 10 
km in enkele gebieden (b.v. het Baltisch schild). Het kristallijne basement komt in sommige delen 
van oost Europa aan de oppervlakte, terwijl het in west Europe gemiddeld zo’n 3-4 km diep ligt 
(met een maximum van 16 km), een gevolg van de aanwezigheid aldaar van relatief ondiepe 
sedimentaire bekkens. De snelheidsverdeling in de korst is in het nieuwe model veel heterogener 
dan in voorgaande modellen, met een gemiddelde Vp die varieert van 6.0 km/s tot 6.9 km/s. Ten 
opzichte van de bestaande modellen bevat het nieuwe model gemiddelde korstsnelheden over een 
groter en continuer bereik. Ook is in EuCRUST-07 de Moho diepte 5-10 km dieper in de orogene 
gebieden (b.v. Cantabrisch gebergte) en in gebieden waar door magmatische underplating de 
korstdikte is toegenomen. De resultaten van EuCRUST-07 zijn gebruikt voor gevolgtrekkingen over 
de karakteristieke lithologie van delen van Europa. Een nieuwe lithologiekaart laat zien dat de oost 
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Europa tektonische gebieden gekenmerkt worden door een granitische en/of felsisch granulitische 
bovenkorst en een mafisch granulitische onderkorst. In tegenstelling daarmee worden de jongere 
west Europese tektonische gebieden meest gekarakteriseerd door een boven- en onderkorst van 
respectievelijk graniet-gneiss en dioriet samenstelling. 
 In Hoofdstuk 3 wordt een nieuw tomografisch model voor de P en S snelheidsanomalie 
onder Europa gepresenteerd. Ten opzichte van eerdere modellen zijn in dit nieuwe model eventuele 
korsteffecten gecorrigeerd met behulp van EuCRUST-07. Het tomografische model gaat tot een 
diepte van 700 km en wordt bepaald door inversie van seismische data van het International 
Seismological Centre (ISC). Op wat grotere schaal laat het model een hoge snelheids anomalie zien 
tussen 100 en 300 km diepte onder de Alpiene-Helleense boog, gerelateerd aan de aanwezigheid 
van dikke lithosfeer wortels en van subducerende platen, en een lage snelheids anomalie van de 
onderkant van de korst tot een diepte van 250 km gelegen onder de European Cenozoic Rift System 
(ECRIS). Voorts laat het nieuwe model, dat door de ingevoerde korstcorrecties robuuster is dan 
eerdere modellen, klein-schalige snelheidsanomalieën  in meer detail zien, zoals bv de lage 
snelheids anomalie onder het Massif Central. Daarnaast is er een goede consistentie tussen het P- en 
het S-golf model voor het grootste deel van de bovenste 200 km, voor sommige structuren zelfs tot 
grotere diepte (bv. De Adriatische en de Afrikaanse plaat subduceerden respectievelijk onder de 
Apennijnen en de Egeische Zee). Door het vergelijken van het P- en het S-golf model konden 
enkele eerdere onderzoeksresultaten bevestigd worden, wat het mogelijk maakt om de hypothese 
over het hoe en waarom van een waargenomen anomalie te ondersteunen of te verwerpen.  
In Hoofdstuk 4 wordt een nieuw thermisch model voor de lithosfeer gepresenteerd, 
verkregen door de inversie van de P-golf snelheden van het nieuwe tomografische model. De 
gebruikte inversie methode is dezelfde als die van eerdere studies, maar door het gebruik van het 
nieuwe tomografisch model waarin ook korsteffecten zijn meegenomen, zal de betrouwbaarheid 
van de resultaten beter zijn. Manteltemperaturen worden geëxtrapoleerd naar het aardoppervlak met 
behulp van  typische isothermen voor de korst, die voor de verschillende tektonische gebieden 
bepaald worden op basis van de karakteristieke radioactieve warmteproductie in elke korstlaag. De 
berekende temperaturen in het bovenste deel van de aardmantel varieren van 550°-750°C in oost 
Europe to 900°-1100°C in west Europe. Een snelle verandering in temperatuur treedt op onder de 
Trans European Suture Zone (TESZ) en loopt door tot in de diepere delen van de boven mantel. De 
warmste delen corresponderen met de bekkens die vrij recentelijk extensie hebben ondergaan (b.v. 
Tyrrheense Zee en het Pannoonse Bekken). Lage temperaturen bevinden zich onder de Pyreneeen, 
de Alpen en de Dinariden-Helleense boog, waarschijnlijk als gevolg van de aanwezigheid van diepe 
lithosferische wortels en gesubduceerde platen. In het verkregen thermische model is de 1200°C 
gebruikt om de lithosfeer-asthenosfeer grens te traceren. De lithosfeer dikte minder dan 100 km 
onder ECRIS en onder de warme bekkens (bv Tyrrheense Zee), terwijl de grootste waarden zich 
bevinden onder het East European Platform (EEP) (200-300 km) en onder de Alpen en de 
Dinariden-Helleense boog (150-180 km). 
In Hoofdstuk 5 wordt een nieuw zwaartekrachtsmodel van de Europese lithosfeer 
gepresenteerd. Van elke korstlaag van het EuCRUST-07 model wordt het zwaartekrachtseffect 
berekend. Daarbij wordt met name aandacht gegeven aan een goede schatting van de dichtheid van 
het sedimentpakket, en welke wordt bepaald uit beschikbare petrofysische (boorgat) gegevens en 
geofysische meetmethoden. De dichtheid van de kristallijne korst werd bepaald door gebruik te 
maken van empirische snelheid-dichtheid relaties. Deze studie heeft geresulteerd in een nieuwe 
kaart van de residuele mantel zwaartekrachtsanomalie, en is gemaakt door de waargenomen 
zwaartekrachtsanomalie te corrigeren voor de bijdrage van de korst. Met dezelfde 
dichtheidgegevens voor de korst is ook een berekening gemaakt van de residuele topografie; dat is 
het deel van de waargenomen topografie dat niet wordt (over)gecompenseerd door de geometrische 
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structuur van de korst. De residuele topografie is het resultaat van afwijkingen van het isostatisch 
evenwicht en van heterogeniteiten in de dichtheid van de mantel (in het bijzonder als gevolg van 
dynamische topografie). De residuele topografie laat een negatieve correlatie zien met residuele 
mantel zwaartekrachtsanomalieën als gevolg van massa anomalieën in de mantel, en is een bewijs 
van isostatische compensatie van de meeste delen van het studiegebied. Vervolgens wordt het 
zwaartekrachtseffect van de mantel temperatuur bepaald met behulp van het thermische model 
beschreven in Hoofdstuk 4. Deze thermische zwaartekrachtsanomalie wordt verwijderd uit het 
totale zwaartekrachtsveld van de mantel. Het verkregen verschil kan mogelijk gerelateerd worden 
aan dichtheidsverschillen door verschil in mineralogische samenstelling. De residu 
zwaartekrachtsanomalie van de mantel is verwaarloosbaar onder de EEC (binnen ±50 mGal) als 
gevolg van onderlinge compensatie tussen variaties in temperatuur (anomaal laag) en samenstelling 
(verdwijnen van ijzer). In gebieden waar extensie plaats vindt (b.v. de Tyrrheense zee en het 
Pannoonse bekken) is het grote aandeel (>80%) van thermisch geïnduceerde 
zwaartekrachtsanomalie in de totale residuele zwaartekrachtsanomalie van de mantel, welke in deze 
gebieden sterk negatief is (tot zo’n 100 mGal), een bevestiging een bevestiging van de 
aanwezigheid van hete lithosfeer. Voorts worden er sterk positieve (tot 150 mGal) residu 
zwaartekrachtsanomalieën berekend voor de mantel onder de Oost Alpen, de Dinariden en de 
Karpaten, welke meest gerelateerd worden aan variaties in de samenstelling van de mantel. Een van 
de meest interessante resultaten is de verandering in de signatuur van de compositionele 
zwaartekrachtsanomalie die berekend wordt voor de Dinariden-Helleense boog, en die gerelateerd 
kan worden aan verschillen in de omstandigheden van en het soort subductie dat in deze gebieden 
aanwezig is. 
Hoofstuk 6 laat zien dat de constructie van een 3-D rheologische sterkte kaart van de 
Europese lithosfeer ook bijdraagt tot een beter begrip van de dynamica van intra-lithosferische 
deformatieprocessen. Het identificeren van intraplaatgebieden die mechanisch sterker of zwakker 
zijn dan naastgelegen gebieden helpt in het beter begrijpen van de ruimtelijke variaties van de 
reaktie van de Europese lithosfeer wanneer deze wordt blootgesteld aan grootschalige 
plaattektonische en/of thermische belasting. De sterkteverdeling in de Europese lithosfeer is 
berekend met behulp van het nieuwe thermische model (Hoofdstuk 4) en het nieuwe korst model 
(Hoofdstuk 2), met daarin laterale variaties in gesteentesamenstelling en dichtheid. Hoge sterkte 
wordt berekend voor gebieden met een gemiddeld/koel thermisch regime en een sterke korst 
rheologie (bv het EEP, het Noord Duits Bekken, het Boheems Massief). Zwakke sterkte zones, 
daarentegen, corresponderen met gebieden die beïnvloedt zijn door Tertiair vulkanisme en 
mantelpluimen, zoals ECRIS en het Massif Central. Een van de verrassende resultaten is het grote 
aandeel van de korst sterkte (50% van de geïntegreerde sterkte van de gehele lithosfeer) in een groot 
deel (~60%) van het studiegebied. Met name de orogene gebieden en de gebieden met een grote 
korstdikte (bv het Anatolisch plateau) worden gekenmerkt door een groot aandeel van de 
korststerkte (>80%) en door een zwakke totale geïntegreerde sterkte. De verkregen sterkteverdeling 
is gebruikt om daarmee de elastische dikte (Te) van de Europese lithosfeer te berekenen. Hieruit 
blijkt dat west Europa veelal gekarakteriseerd wordt door ontkoppelde lithosfeer lagen en lage 
waarden voor de berekende sterkte en Te (<30 km). In tegenstelling daarmee wordt de lithosfeer van 
oost Europa gekenmerkt door hoge waarden voor Te (80-100 km) en door gekoppelde lagen. Voor 
het continentale deel van het studiegebied is geen direct verband gevonden tussen Te en de 
thermische ouderdom. In de tektonische gebieden ouder dan 85 Ma zijn de Te waarden aanzienlijk 
lager dan theoretisch verwacht op basis van een functie van ouderdom en dikte van de korst, terwijl 
het omgekeerde waar is voor jongere gebieden. 
Het afsluitende Hoofdstuk 7 geeft een samenvatting van de belangrijkste resultaten 
verkregen in deze studie in termen van de methodieken die gebruikt zijn voor het samenstellen van 
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een nieuw, geïntegreerd model van de Europese lithosfeer en van de ruimtelijke verdeling van 
enkele geofysische parameters (dichtheid, snelheid, temperatuur) in de belangrijkste tektonische 
gebieden. De laterale variaties in deze parameters kunnen gebruikt worden voor het verbeteren van 
schattingen van het spanningsveld in een gebied, alsmede de factoren die verantwoordelijk zijn voor 
de aanwezigheid van korte-golflengte spanningsbronnen. 
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An integrated study of the structure and thermomechanical 
properties of the European lithosphere 
 
SUMMARY 
 
This Ph.D. thesis focuses on construction and analysis of a comprehensive model of the 
European lithosphere, which is based on the integration of most of the existing geophysical studies 
and estimation of physical (density, temperature, velocity) and rheological parameters. The model 
describes the structure and physical properties of the principal lithospheric layers, drawing special 
attention to their rheology. The objective of the research is reached through several steps. 
  Chapter 1 describes the aim of this research and provides a review of the geodynamic 
evolution and the structural setting of Europe. Most of eastern Europe is dominated by the old, cold 
East European Craton (EEC), partly covered by the little deformed Phanerozoic and Meso-
Neoproterozoic rift and platform successions. Western Europe, with some exceptions, is composed 
of thinner, warmer, dominantly Phanerozoic lithosphere, accreted to the EEC during Paleozoic and 
younger orogenesis. The European continent is affected by high seismicity, both in terms of 
frequency and magnitude, and vertical movements (uplift and subsidence), which are a direct 
expression of the current stress fields. The tectonic heterogeneity of Europe and the large number of 
geophysical investigations performed in the last years made this area an ideal place to perform the 
research project. Indeed, Europe is the locus of natural laboratories (e.g. the Alpine/Carpathians-
Pannonian system, the Iberian Peninsula) comprising tectonic features (e.g. orogens, sedimentary 
basins) different for age and evolution. 
In Chapter 2 EuCRUST-07 is presented, a new high-resolution 3-D model of the European 
crust (35ºN-71ºN, 25ºW-35ºE), which is available from open sources 
(ftp://ftp.agu.org/apend/gl/2007gl032244). The new model offers a starting point in any kind of 
numerical modelling, which has to resolve a trade-off between crustal and mantle effects. 
EuCRUST-07 was implemented assembling several hundred seismic profiles and receiver functions 
determinations (nearly all published data) and about 20 local compilations of the main crustal 
boundaries, basement and Moho depth. These data were analysed and cross-checked to select the 
most robust, before interpolating at a uniform 15’x15’ grid using kriging method. The new model 
consists of three layers: sediments and two layers of the crystalline crust. Each layer of the 
crystalline crust is characterized by average P-wave velocities. EuCRUST-07 demonstrates large 
differences in the Moho depth compared to previous compilations, over ±10 km in some specific 
areas (e.g. the Baltic Shield). The basement is outcropping in some parts of eastern Europe, while in 
western Europe it is up to ~16 km deep, with an average value of 3-4 km, reflecting the presence of 
relatively shallow basins. The velocity structure of the crystalline crust is much more heterogeneous 
than demonstrated in previous compilations, with an average Vp varying from 6.0 km/s to 6.9 km/s. 
In comparison to existing models, the new model shows average crustal velocity values distributed 
over a larger and continuous range. EuCRUST-07 shows a Moho 5-10 km deeper than previous 
models in the orogens (e.g. the Cantabrian Mountains) and in the areas where the presence of 
magmatic underplating increases anomalously the crustal thickness. The results of EuCRUST-07 
are used to make inferences on the lithology, characterizing different parts of Europe. The new 
lithology map shows the eastern European tectonic provinces represented by a granite or felsic 
granulite upper crust and a mafic granulite lower crust. By contrast, the younger western European 
tectonic provinces are mostly characterized by an upper and lower crust of granite-gneiss and 
dioritic composition, respectively. 
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In Chapter 3 a new tomography model for P- and S-velocity anomalies beneath Europe is 
presented, which unlike the previous models is a priori corrected for the crustal effect using 
EuCRUST-07. The model extends in depth up to 700 km and is constrained by inversion of 
International Seismological Centre (ISC) data. On a large scale the new model images a fast 
velocity anomaly between 100 an 300 km beneath the Alpine-Hellenic arc, related to the presence 
of thick lithospheric roots and of subducted slabs, and a low velocity anomaly from the base of the 
crust to 250 km along the European Cenozoic Rift System (ECRIS). Furthermore, the model, being 
more robust than the previous ones, on account of the crustal correction, images small scale 
anomalies in greater details than in previous studies (e.g. the low velocity anomaly beneath the 
Massif Central). In addition, a good consistency between the P- and the S-model for most of the 
area in the upper 200 km and for some structures even at greater depth is observed (e.g. the Adriatic 
and the African plate subducted beneath the Apennines and the Aegean Sea, respectively). A 
comparison between the P- and the S- model has confirmed some previous results, making it  possible 
to support or exclude the hypotheses on the nature of the observed anomaly. 
In Chapter 4 a new lithospheric thermal model is presented, which is obtained from the 
inversion of the P-wave velocity of the new tomography model. The inversion approach is similar 
to those used in previous studies, but the employment of a more robust tomography model, which is 
corrected for the crustal effect, improves the reliability of the results. The mantle temperatures are 
extrapolated to the surface using typical crustal isotherms determined for different tectonic 
provinces on the base of characteristic values of the radiogenic heat production for each crustal 
layer. The calculated temperatures in the uppermost part of the mantle vary from 550°-750°C in 
eastern Europe to 900°-1100°C in western Europe. A sharp change of the temperature occurs 
beneath the Trans European Suture Zone (TESZ) and extends to the deeper layers of the upper 
mantle. The hottest areas correspond to the basins that experienced recent extension (e.g. 
Tyrrhenian Sea and Pannonian Basin). Low temperatures are found beneath the Pyrenees, the Alps 
and the Dinarides-Hellenic arc, likely due to the presence of the deep lithospheric roots and 
subducted slabs. The thermal model obtained is used to trace the lithosphere-asthenosphere 
boundary as a depth of the isotherm 1200°C. The lithospheric thickness is less than 100 km beneath 
the ECRIS and the hot basins (e.g. Tyrrhenian Sea), while the maximum values are observed 
beneath the East European Platform (EEP) (200-230 km), the Alps and the Dinarides-Hellenic Arc 
(150-180 km).  
A new gravity model of the European lithosphere is presented in Chapter 5. The gravity 
effect of each crustal layer composing EuCRUST-07 is calculated. Special attention was payed to 
the estimation of the density of the sedimentary layer, which was determined from available 
petrophysical (well-log) and geophysical determinations. Density of the crystalline crust was 
determined using empirical velocity-to-density relationships. A new map of the residual mantle 
gravity anomalies has been produced after the removal of the crustal effect from the observed field. 
The same data on the density structure of the crust were used to estimate the residual topography, 
which represents that part of the observed topography, which is undercompensated or 
overcompensated by the crustal structure. The residual topography represents the effects of 
disturbances of the isostatic equilibrium and of the mantle density heterogeneity (in particularly – 
dynamic topography). It shows prevalently a negative correlation with the residual mantle 
anomalies, demonstrating isostatic compensation of most parts of the study area, which is provided 
by additional mass anomalies located in the mantle. Successively, the gravity effect of the mantle 
temperature variation is estimated using the thermal model described in Chapter 4. This field of 
anomalies is removed from the total mantle gravity anomalies. The difference obtained might be 
related to the compositional density anomalies. Residual mantle gravity anomalies are negligible 
beneath the EEC (within ±50 mGal), due to a compensation between temperature (anomalous low) 
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and compositional (iron depletion) variations. Beneath the areas subjected to extensional 
deformation (e.g. the Tyrrhenian Sea and the Pannonian Basin) the high contribution (>80 %) given 
by the gravity anomalies induced by temperature to the total strong negative residual mantle 
anomalies observed (up to -100 mGal), confirm the presence in these areas of a very hot 
lithosphere. Furthermore, strong positive residual mantle gravity anomalies (up to 150 mGal) are 
observed beneath the eastern Alps, the Dinarides and the Carpathians, mostly associated to mantle 
compositional variations. One of the most interesting results is the change in the compositional 
anomaly sign observed over the Dinarides-Hellenic arc, which can be related to the different slab 
nature/subduction conditions present in these areas.  
The construction of the 3D strength map of the European lithosphere in Chapter 6 also 
improves the comprehension of the dynamics of intra-lithospheric deformation processes. The 
identification of intraplate areas that are mechanically weaker or stronger than neighbouring areas 
helps to understand the observed spatial variation in the response of the European lithosphere to 
large scale plate tectonic and thermal loading. The strength distribution within the European 
lithosphere has been obtained using as input the new thermal (Chapter 4) and crustal model 
(Chapter 2), which implies lateral variations of lithology and density. High strength values in the 
areas having the average/low thermal regime and strong crustal rheology (e.g the EEP, the North 
German Basin, the Bohemian Massif) are found. By contrast, weak zones correspond to the areas 
affected by Tertiary volcanism and mantle plumes, such as the ECRIS and the Massif Central. One 
of the surprising results is the high contribution of the crustal strength (50% of the integrated 
strength for the whole lithosphere) in a large part (~60%) of the study area. In particular, the 
orogens and the regions with large crustal thickness (e.g. the Anatolian Plateau) are characterized 
by a high proportion of the crustal strength (>80%) and a low value of the total integrated strength. 
The obtained strength distribution is used to calculate the elastic thickness (Te) of the European 
lithosphere. Western Europe is mostly characterized by decoupled lithospheric layers and lower 
values of the calculated strength and Te (<30 km). By contrast, the lithosphere of eastern Europe 
shows high values of Te (80-100 km) and coupled layers. No straightforward relationship between 
Te and thermal age is found in the continental part of the study area: in the tectonic provinces older 
than 85 Ma Te values are significantly smaller than those theoretically expected as a function of the 
age and crustal thickness, while the opposite is true for the younger provinces.  
The final chapter (Chapter 7) presents a brief discussion on the main results obtained by this 
study in terms of the methods used to implement the new integrated model of the European 
lithosphere and of the distribution of the geophysical parameters (density, velocity, temperature) in 
the main tectonic features. The lateral variations of these geophysical parameters are useful to 
improve the estimations of the stress field of the area, including the additional factors responsible 
for the short-wavelength stress sources.  
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CHAPTER 1 
 
Introduction 
 
1.1. Introduction and scope of the thesis 
 
The dynamics of the Earth system is controlled by a spectrum of processes that operate at a 
variety of spatial and temporal scales. Reliable prediction of the Earth system dynamics in a given 
area requires a thorough understanding of processes controlling its deformation. The present state 
and behaviour of the Earth’s System is a consequence of processes operating on a wide range of 
time scales. These processes take place at depth in the Earth, at the Earth's surface and in the 
atmosphere and include short and long term tectonic movements, climate and the powerful 
anthropogenic impacts of the last century (Cloetingh et al., 2007). In order to understand the current 
state of the Earth’s System, to predict its future and to plan the use of it, the knowledge of the above 
mentioned processes needs to be increased. The European lithosphere responds to forces exerted by 
these processes, generating mountain belts (e.g. Alps, Apennines, Carpathians, Scandes), elongated 
rift zones (e.g. Rhine–Rhone rift system), vast areas of recent volcanism (e.g. Massif Central, 
Rhenish Massif), explosive volcanoes (e.g. Canaries, Azores, Vesuvius, Phlegrean Fields) and large 
sedimentary basins (e.g. North Sea, Pannonian Basin, Black Sea and Mediterranean basins). 
Improved knowledge of the mantle structure and its coupling to the crust and the surface is the key 
to understanding the processes that produce these features.  
Europe has been the target of many geophysical investigations in the last fifty years (e.g. 
Berry and Knopoff, 1967; Romanowicz, 1980; Artemjev et al., 1994). In the 1990s the crustal 
structure of Europe has been studied in detail by numerous seismic profiles in the North Sea 
(BIRPS, MONA LISA), Germany (DEKORP BASIN 96), France (ECORS), Poland 
(POLONAISE), Baltic Sea (EUROBRIDGE), Ireland (VARNET-96), Spain (IBERSIS, ILIHA, 
NARS), Italy (CROP). Thanks to the improvement of the seismic and deformation monitoring 
systems, knowledge of the lithospheric structure and kinematics is rapidly growing. Several 
European network projects, such as the EUCOR-URGENT (Upper Rhine Graben Evolution 
Neotectonics) program (e.g. Rhine Graben rifting) and the ISES (Netherlands Research Centre for 
Integrated Solid Earth Science) program (e.g. Pannonian/Carpathian System), established since the 
1990s, have focused on the interaction between recent surface processes and crustal/mantle 
lithosphere deformation and seismic hazard of Europe. The results provided by the 
multidisciplinary studies performed within these projects have demonstrated that the European 
lithosphere is affected by strong lateral variations of the main geophysical parameters (temperature, 
velocity and density). The knowledge of the geophysical characteristics of the lithosphere is 
principal for many detailed studies on plate collision zones, intraplate stress and strain, sedimentary 
basin development, etc. The results obtained in the above mentioned studies lead to construction of 
the first order 3D strength map of the European lithosphere (Cloetingh et al., 2005), which made it 
possible to identify the regions characterized by major lateral mechanical strength variations. These 
results improved significantly the comprehension of the dynamics of intra-lithospheric deformation 
processes. Indeed, the identification of intraplate areas that are mechanically weaker or stronger 
than neighbouring areas helped to understand the observed spatial variation in the response of the 
European lithosphere to large scale plate tectonic and thermal loading and to make intraplate stress 
estimates. The latter has important consequences for the evolution of the topography. Actually, 
intraplate stresses can modulate basin geometry, induce rapid differential vertical motion, influence 
sedimentation rates and affect fluid flow system (e.g. van Balen et al., 1999).  
  
 
The first 3D strength map of Europe (Cloetingh et al., 2005) could be further refined by 
employing additional geophysical methods. For instance, the integration and joint inversion of the 
gravity data with other geophysical models (primarily seismic) can be used for more accurate 
estimates of its main geophysical parameters (velocity, density, temperature), making it possible to 
construct an integrated thermal and rheological model of  the lithosphere. This integrative study has 
represented the main focus of this Ph.D. thesis. This objective could be realized thanks to new 
seismic determinations, which were made available by recent experiments carried out within 
international projects (e.g. CELEBRATION 2000, SUDETES 2003, ALP 2002). Furthermore, 
recent satellite missions, such as CHAMP and GRACE, provided globally complete gravity models 
with unprecedented accuracy.  
The research was conducted in the framework of the SRON (Netherlands Institute for Space 
Research), which aims to study the Earth from satellites. The advantage of this approach results 
from the possibility of making global measurements over long time periods, leading to new insights 
in important processes involving the Earth climate, oceanography, geophysics, atmospheric 
sciences and the dynamics of ecosystems. This research project was embedded in ongoing multi-
disciplinary research programs of ISES, linked with several major large scale integrated deep and 
surface Earth initiatives, already running or under development (EUCOR-URGENT, TOPO-
EUROPE, ENTEC, ISES-TECTOP, EURO-ARRAYS) and with major international research 
initiatives (e.g. the International Lithosphere Programme). Furthermore, this Ph.D. research 
benefited from the cooperation with experts in different branches of geophysics working at the 
GeoForschungsZentrum Postdam (GFZ), the National German Research Centre for Geosciences.  
 
1.2. Thesis outline 
 
This section summarizes the thesis outline and briefly describes each chapter of the thesis. 
 
1.2. a. Chapter 1: Introduction 
 
Chapter 1 gives a description of the aim and the outline of the thesis and a review of the 
geodynamic setting, seismicity and stress pattern of the European continent. 
 
1.2. b. Chapter 2: EuCRUST-07: A new reference model for the European crust 
 
In this chapter I present a new high resolution (15’x 15’) digital crustal model (EuCRUST-
07), which represents a starting point in a wide range of lithosphere and upper mantle studies. 
EuCRUST-07 is constructed for western and central Europe (35ºN-71ºN, 25ºW-35ºE) and is 
available from open sources (ftp://ftp.agu.org/apend/gl/2007gl032244). The new crustal model is 
largely compiled from the results of seismic refraction, reflection and receiver functions studies, 
most of them carried out within recent international projects (e.g. CELEBRATION 2000, 
SUDETES 2003, ALP 2002). Available local models based on seismic data (e.g. SVEKALAPKO) 
were also incorporated. The large differences found between the new model and the existing 
regional/global compilations are discussed. The average velocities and depths of each layer 
composing EuCRUST-07 together with surface heat flow values are used to characterize the 
lithology of different tectonic provinces in Europe. The new lithology map is an attempt to estimate 
possible predominant lithotypes of the upper and lower crust, which is principal for various types of 
geophysical modelling.  
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1.2. c. Chapter 3: P and S velocity anomalies in the upper mantle beneath Europe from 
tomographic inversion of ISC data 
 
In this chapter a new tomographic model for P- and S-velocity anomalies beneath Europe 
(30°N-55°N, 5°W-40°E), extending in depth up to 700 km and constrained by inversion of 
International Seismological Centre (ISC) data is presented. The algorithm uses the travel times from 
events located in the study area recorded by all available worldwide stations, as well as times from 
teleseismic events recorded by European stations. All the travel times are corrected for the crustal 
structure using the reference model EuCRUST-07. The resulting velocity anomalies show similar 
large scale patterns observed in previous studies, but compared to them they are more robust on 
account of the crustal correction and have a higher resolution, which results in imaging small scale 
anomalies in greater details.  
 
1.2. d. Chapter 4: Thermal model of the European lithosphere 
 
This chapter focuses on a new thermal model of the European lithosphere obtained from 
inversion of the new tomography model presented in Chapter 3. Although the approach in the 
calculation is similar to that used by previous authors, the employment of a more robust 
tomography model increases the reliability of the results. The absolute values of the tomography 
model have been corrected by applying a 1D reference model, which corresponds to specific 
tectonic settings of the study area. The employment of the new regional reference model resulted in 
more consistent lateral temperature variations in the mantle, which are then extrapolated to the 
surface, using, typical crustal isotherms determined for different tectonic provinces. The new 
temperature estimates are employed to trace the lithosphere-asthenosphere thermal boundary, as a 
depth of the isotherm of 1200°C. 
 
1.2. e. Chapter 5: Gravity model of the European lithosphere 
 
In this chapter a new gravity model of the European lithosphere is presented. The gravity 
effect of each crustal layer composing EuCRUST-07 is calculated. In particular, the gravity effect 
of sedimentary packages is analysed in great detail and estimated as a sum of the contribution of 6 
sublayers. The data on the density structure of the crust were used to estimate the residual 
topography, which represents the part of the observed topography, which is undercompensated or 
overcompensated by the crustal structure. The residual topography represents the effects of 
disturbances of the isostatic equilibrium and of the mantle density heterogeneity (in particular 
dynamic topography). Furthermore, the crustal effect is removed from the observed gravity field in 
order to estimate the residual mantle gravity anomalies, which reflect the contribution of the mantle 
temperature and compositional variation. The correlation between mantle gravity anomalies and 
specific tectonic structures is discussed. In addition, the new thermal model presented in Chapter 4 
is employed to estimate gravity effect of the temperature variations, which is removed from the total 
mantle gravity field. The results obtained might be related to the compositional density anomalies. 
 
1.2. f. Chapter 6: Rheology of the European lithosphere 
 
In this chapter the strength and elastic thickness distribution in the European lithosphere are 
estimated. The strength results are obtained by employing the new crustal compositional and 
lithospheric thermal model presented in Chapter 2 and 4, respectively. On account of the new input 
parameters, the total integrated lithospheric strength demonstrates a more heterogeneous 
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distribution than in the previous maps. The contribution of the crustal strength to the total 
lithospheric strength is analysed. The strength estimates are used to calculate the elastic thickness of 
the European lithosphere, following the approach of Burov and Diament (1995). The different 
contributions given to the Te values from each competent layer of the lithosphere, correspond to the 
mechanically strong upper crust (MSUC), lower crust (MSLC) and mantle lithosphere (MSL) are 
evaluated. 
 
1.2. g. Chapter 7: Synthesis 
 
In the final chapter the methods adopted and the results obtained from the work presented in 
this Ph.D. thesis are briefly discussed. Furthermore, the aims of future research based on the new 
findings are outlined. 
 
1.3. Geodynamic setting of the study area  
 
The European part of the Eurasian continent is an ideal natural laboratory for studying 
lithospheric processes through time, being composed of tectonic features of age ranging from the 
Archean to the Cenozoic (Fig. 1.1). Different tectonic regimes were present during the history of 
Europe, leading to the formation of various tectonic structures: rift basins, continental orogens and 
subduction zones. At the same time, Europe is one of the most studied regions in the world. 
Therefore, this area gives a unique opportunity to analyse the effects of plate boundary forces on its 
lithospheric deformation. 
Most of eastern Europe is dominated by the old, cold Precambrian East European Craton 
(EEC) that crops out in the Baltic and Ukranian shield and underlies the Archean-early Proterozoic 
East European Platform (EEP). The northwestern part of the EEP is composed of Baltica and 
Sarmatia block. The Baltica block is characterized by Archean granulite-gneiss terranes surrounded 
by Paleoproterozoic mobile belts with high grade metamorphic rocks. It is separated from Sarmatia 
by WSW-ENE trending continental arcs, which were accreted during Paleoproterozoic large scale 
tectonic collisions (e.g. Bogdanova et al., 2006). The EEP is crossed by a system of mid-late 
Proterozoic rifts in its central part (Gorbatschev and Bogdanova, 1993) and Paleozoic rifts in its 
southern part, probably of plume origin (Lobkovsky et al., 1996). The oldest crust of the Baltic 
Shield and the EEP is between 3.0-3.1Ga and 1.8-2.1 Ga (Artemieva et al., 2006). The southeastern 
edge of the EEC, from the northern parts of the Black Sea and Caspian Basin to the southern Urals, 
has experienced an old history of Neoproterozoic accretion and Paleozoic tectonics and is 
overprinted by Alpine deformation and uplift. A broad suture zone extends from the North Sea to 
the Black Sea and Anatolia, separating the EEC from the western Phanerozoic accreted terranes. 
This lithospheric boundary, known as the Trans-European Suture Zone (TESZ), was first 
discovered from geological, paleontological and magnetic data by W.K. de Teisseyre and A.J.H. 
Tornquist (Teisseyre 1903; Tornquist 1908). This suture consists of a tectonic mixture of high-grade 
metamorphic, volcanic and sedimentary rocks, interpreted as paleo-collision zone. Geophysical 
investigations, such as gravity, seismic reflection/refraction and tomography studies, show a sharp 
changes in all lithospheric properties across the TESZ (e.g. Zielhuis and Nolet, 1994; Arlitt, 1999; 
Kaban, 2001). Western Europe, with minor exceptions, is composed of thinner, warmer, dominantly 
Phanerozoic lithosphere, accreted to the EEC during the Paleozoic and younger orogenesis. This 
part of the European continent comprises tectonic features different in age and evolution, such as 
Caledonian and Variscan (Hercinian) orogens, Paleozoic and Mesozoic rifts, areas of Cenozoic 
rifting and Cenozoic collisional orogens often associated with subducting lithospheric slabs (e.g. the 
Alps, the Pyrenees, the Carpathians).  
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Fig. 1.1: ETOPO2 European topography (km) averaged to 15’x15’ resolution. Abbreviations are as 
follows: A, Apennines; AB, Alboran Basin; AB, Aquitane Basin; AM, Armorican Massif; AP, 
Adriatic Promontory; AP, Analolian Plateau; BB, Bay of Biscay; BC, Betic Cordillera; BI, Balearic 
Islands; BS, Black Sea; BS, Baltic Shield C, Carpathians; CG, Central Graben; CM, Cantabrian 
Mountains, D, Dinarides; DB, Duero Basin; EB, Edoras Bank; EB, Ebro Basin; EL, Elbe 
Lineament; EEP, East European Platform; FB, Focşani Basin, FI, Faeroe Islands; GB, Gulf of 
Bothnia; GC, Gulf of Cadiz; GG, Glueckstadt Graben; GL, Gulf of Lyon; HG, Horn Graben; 
HRB, Hatton-Rockall Basin; IAP, Iberian Abyssal Plain; J, Jutland; LVM, Lofoten–Vesterålen 
margin; MC, Massif Central; MP, Moesian Platform; NGB, North German Basin; NS, North Sea; 
P, Pyrenees; PB, Pannonian Basin; PB, Provençal Basin; PB, Paris Basin; PB, Porcurpine Basin; 
PDD, Pripyat-Dniepr-Donets rift; RFH, Ringkøbing-Fyn High, S, Sardinia; TS, Tyrrhenian Sea; 
TESZ, Trans European Suture Zone; TB, Tajo Basin; URG, Upper Rhine Graben; VB, Vøring 
Basin; VG, Viking Graben; VT, Valencia Trough. 
 
The present-day crustal configuration of western and central Europe resulted from polyphase 
Late Paleozoic to recent deformation of the lithosphere that particularly overprinted the Caledonian 
and Variscan crustal domains. These last structures were formed during the Paleozoic orogenesis, as 
a consequence of a triple plate collision (Baltica, Laurentia and Avalonia) due to the closure of the 
Iapetus Ocean and Tornquist Sea. Successive amalgamation of a series of terranes (Dewey, 1969; 
McKerrow and Cocks, 1976) occurred in the Caledonides and in the Variscan belt 500-400 Ma and 
430-300 Ma ago, respectively. Rifting during the Paleozoic lead to the formation of the Pripyat-
Introduction
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Dniepr-Donets rift in the southern part of the EEP and the Oslo rift in the southern part of the Baltic 
Shield. The latter includes a chain of grabens, extending from southern Norway to the TESZ or to 
the Caledonian suture over a distance of 400-600 km. The crustal roots of most of the Caledonides 
(Irish-Scottish-Scandinavian, North German-Polish and Mid European Caledonides) probably 
started to be destroyed in the Early Devonian due to post–orogenic wrench faulting and back-arc 
rifting. The Variscan (Hercynian) orogeny has affected most of western and central Europe and 
formed a 700-1000 km wide and 3000 km long belt, extending from Poland and SE England to 
western Iberia (Ziegler, 1986). The total crustal shortening during the Variscan orogeny amounts to 
at least 800 km (Franke, 2006). The crustal roots of the Variscan orogen were destroyed during the 
Permo-Carboniferous tectonomagmatic cycle, in the course of which the crust thinned to 28-35 km 
(Ziegler et al., 2006). Consequently, the tectonic features of Proterozoic to Carboniferous age (e.g. 
Armorican, Iberian, Bohemian, French Massif Central) were deformed and partly metamorphosed. 
A large part of the Variscides has been later reworked by Mesozoic-Cenozoic events related to the 
opening of the Atlantic Ocean and the tectonic activity of the European Cenozoic rift System 
(ECRIS). 
Late Permian and Mesozoic rifting affected the area of the Atlantic shelves and caused 
significant crustal thinning that resulted in the Early Triassic activation of the North Sea rift (one of 
the most prominent Mesozoic rifts of Europe composed of the Viking Graben in the north and the 
Central Graben in the south), the Mid-Jurassic opening of the Alpine Thetys, the Early Cretaceous 
opening of the North Atlantic and the Mid-Cretaceous opening of the Bay of Biscay. After the Late 
Jurassic-Early Cretaceous rifting pulse, the grabens of the Western Shelves became inactive and 
began to subside thermally. Furthermore, the tectonic activity gradually weakened also in the North 
Sea rift system and the crustal extension was concentrated in the zone dividing Europe and 
Greenland (Ziegler, et al., 2006). Activation of the Iceland plume, immediately preceding this 
crustal separation at the end of the Paleocene, caused further crustal thinning. During the Late 
Cretaceous and Paleocene rifting activity was centered in the Rockall-Faeroe Trough and the area 
between Rockall-Hatton-Faeroe Bank and Greenland. The northern parts of the British Isles and the 
Rockall-Hatton-Faeroe Bank were thermally uplifted and subjected to erosional unroofing. Mantle 
derived melts, underplating and intruding the crust, likely contributed to crustal thinning in the area 
of the Hebrides Shelf and the Rockall-Hatton-Faeroe Bank. At the Paleocene-Eocene transition, 
crustal separation was achieved between Greenland and Europe to the west of the Rockall-Hatton 
Faeroe Bank and in the Norwegian-Greenland Sea (Mosar et al., 2002). Volcanic activity was 
centred close to the sea-floor spreading centres and under Iceland (e.g. Ziegler, 1990). With the 
Early Eocene onset of the sea-floor spreading between Greenland and Europe, a post-rift thermal 
subsidence of the Rockhall-Hatton-Faeroe Bank, the Rockall-Faeroe Trough and the shelves of NW 
Ireland and Scotland commenced. 
During the Middle Cretaceous, Africa began to converge with Europe in a counter-
clockwise rotational mode (Rosenbaum et al., 2002). This convergence caused activation of new 
subduction zones that controlled the gradual closure of the Alpine Tethys and the Bay of Biscay 
(Stampfli et al., 2001). Convergence rates between the Africa-Arabian and European plates 
decreased sharply from as much as 20 mm/yr during the Late Cretaceous to zero during the 
Paleocene (Rosenbaum et al., 2002). Consequently, an intense intraplate compression affected 
western and central Europe, as well as the EEC and North Africa (e.g. Ziegler et al., 2001). The 
more intense Paleocene phase of intraplate compression marked the collision of the Alpine orogenic 
wedge with its East Alpine-Carpathian foreland and with the Briançonnais terrane in the west and 
central Alpine domain (e.g. Dèzes et al., 2004). This phase of foreland compression, during which 
the Polish Trough was deeply inverted and strongly increased its crustal thickness, involved also 
broad lithospheric folding and accelerated subsidence of the North Sea, active since the Cretaceous. 
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Evolution of the Pyrenees commenced during the Late Cretaceous and lasted until the Early 
Miocene (±20 Ma), involving the northward subduction of the Iberian lithosphere under Europe and 
southward subduction of the oceanic crust of the Bay of Biscay under Iberia (Vergés and Garcia-
Senez, 2001). During the Palaeocene and Eocene thrust-loaded subsidence of the Aquitaine and 
Ebro foreland basins commenced. The latter remained isolated during the Late Eocene and 
Oligocene in response to inversion of the Mesozoic Central Iberian and Catalan Coastal Range 
rifted basins (e.g. Ziegler et al., 2002).  
Development of the ECRIS, which extends from the Dutch North Sea coast into the western 
Mediterranean for about 1100 km, started during the Late Eocene. The southern components are the 
Valencia Through, the graben systems of the Gulf of Lyons, and the Valence, Limagne and Bresse 
grabens, with the latter two superimposed on the Massif Central and its eastern flank, respectively. 
The Burgundy Transfer Zone links these grabens with the southern end of the north-striking Upper 
Rhine Graben (URG). Northward, the URG bifurcates into the NW-trending Roer Graben and the 
north-trending Hessian grabens, which transects the Rhenish Massif. The NE-striking Eger Graben, 
which cuts the Bohemian Massif, forms an integral part of the ECRIS (e.g. Dèzes et al., 2004). 
Evolution of the ECRIS was accompanied by development of major volcanic centres in Iberia, the 
Massif Central, the Rhenish Massif and the Bohemian Massif, particularly during Miocene and 
Plio-Pleistocene times (Wilson and Bianchini, 1999). This volcanic activity, associated with 
presence of the mantle plumes, caused thermal weakening of the lithosphere, but was not the 
driving mechanism of the rifting. The ECRIS is generally considered to have evolved in response to 
passive rifting that was mainly controlled by compressional stresses originating in the Alpine and 
Pyrenean collision zone (Dèzes et al., 2004). During the Late Eocene, the Limagne, Valence, 
Bresse, Upper Rhine and Hessian grabens began to subside in response to the north-directed 
compressional stresses that reflect collisional interaction of the Pyrenees and the Alps with their 
foreland (e.g. Schumacher, 2002; Dèzes et al., 2004). During the Late Oligocene, the rifting process 
propagated southward across the Pyrenean Orogen into the Gulf of Lions and along coastal Spain in 
response to back-arc extension that was controlled by eastward roll-back of the Alpine-Thetys 
subduction slab, which dipped beneath the Corsica-Sardinia-Balearic-Betic arc system. By the Early 
Miocene the grabens of southern France and the Massif Central became inactive (e.g. Roca, 2001). 
At the same time, the oceanic Provençal–Ligurian Basin began to open while the Betic-Balearic-
Corsica orogen, activated during the Late Cretaceous, was disrupted by back-arc extension, marking 
the opening of the oceanic Algerian Basin (Roca, 2001). By the end of the Oligocene, the area of 
the triple junction of the Upper Rhine, Roer and Hessian grabens was uplifted and the magmatic 
activity within the Rhenish Massif increased, probably accompanied by plume-induced thermal 
thinning of the mantle-lithosphere. By the mid-Miocene the Massif Central, the Vosges-Black 
Forest dome and the Bohemian Massif were uplifted and the magmatic activity increased (e.g. 
Ziegler et al., 2006). Within the Rhenish Massif volcanic activity shifted to the Eifel region during 
the Pliocene and Quaternary producing acceleration of the uplift (Garcia-Castellanos et al., 2000). 
After the opening of the Provençal-Ligurian Basin, the internal parts of the evolving Apennine 
orogenic belt were disrupted form the Late Miocene due to the back-arc extension, governing 
opening of the Tyrrhenian Basin. During Miocene, eastward extrusion of the Alpine-Carpathian 
Block and roll-back of the Carpathian subduction system was accompanied by continued crustal 
shortening in the Carpathians and deformation of the internal Dinarides and the Pannonian domain. 
Furthermore, the assembly of continental blocks at the axial zone of the Adria-Europe convergence 
was completely disrupted and experienced a significant amount of stretching, rigid body rotation 
and translation. This process was coeval with the formation and early evolution of the Pannonian 
Basin and the large tectonic transport of the flysh nappes in the Carpathian arc. Minor 
compressional deformation of the European lithosphere also occurred during the Late Miocene-
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Early Pliocene and in Pliocene-Quaternary (Dèzes et al., 2004). The current seismicity and 
subsidence/uplift movements of a few mm/yr affecting the European continent (Fig. 1.2) are a direct 
expression of its present tectonic activity controlled, as described in the next section, by regional 
and local stress fields.  
 
1.4. Seismicity and stress pattern in the European continent 
 
Seismicity in Europe is relatively high both in terms of frequency and magnitude (Fig. 1.2). 
The earthquake focal depths are generally restricted to the crust, except for the areas, where the 
oceanic or continental lithosphere is subducted. From west to east this is the case in the Gibraltar 
region, beneath the Calabria-Peloritani terrane, along the Hellenic arc, in Vrancea along the SE 
Carpathians, and in the Antalya Gulf of southern Turkey. The Mediterranean seismicity distribution 
is related to the major tectonic systems and clearly follows the boundary between the Eurasian and 
African plates. A few discrete seismogenic zones can be recognized, such as the subduction belt of 
the Hellenic arc and the geologically complex zone that includes the southern Dinarides, the 
northern Aegean Sea along the trace of the North Anatolian Fault system, and western Anatolia. 
Another significant seimogenic zone starts at the Azores, continues eastward and, after crossing 
Gibraltar, follows the Maghrebian orogen in northern Africa, Sicily and the Apennines. GPS data 
show a substantial increase in velocity magnitude both from north to south and from west to east 
(e.g. Cavazza et al., 2004). By contrast, intraplate western and central Europe is characterized by 
small movements (of the order of few mm/yr) and diffuse seismicity, with the earthquake 
magnitudes rarely exceeding 4.0, which can be attributed to the existence of old zones of weakness, 
reactivated by the current stress field (e.g. Ziegler, 1992; Dirkzwager et al., 2001). Most of the 
earthquakes occur in the shallow crust (within 15 km), while only few of them, with the epicenters 
mostly located in the Molasse Basin, reach the Moho depth (about 30 km) (e.g. Kastrup et al., 
2004). These earthquakes have been interpreted as indicator of high fluid pressure (Deichmann, 
1992). In this area, most of the earthquakes are concentrated along the Alpine arc, the ECRIS and 
the zone between the Armorican Massif and the Massif Central. In this part of Europe seismic 
activity correspond to areas of strong differences of crustal properties between the Cenozoic rifts 
and the surrounding platforms with the rifted Atlantic margins. Among the more active zones is the 
Rhine Graben, where also events with magnitude exceeding 5.0 occur. Moderate and diffuse 
seismic activity is observed in the Pannonian Basin compared to the peripheral areas (e.g. Bada et 
al., 2007).  
The Word Stress Map (WSM) database (Heidbach et al., 2008) demonstrates that western 
Eurasia represents a region of complex contemporaneous stress patterns (Fig. 1.3). The first-order 
pattern of the maximum horizontal compressional stress (SH) shows a prevailing NW to NNW 
orientation, which is the result of the tectonic primary forces: North-Atlantic Ridge push and 
collision of African plate with Eurasia (Zoback et al. 1992; Grünthal and Stromeyer, 1992; Müller 
et al., 1992). However, the increased number of the data records in the last years demonstrated the 
existence in Europe of second (100-500 km scales) and third (<100 km) order stress field variations 
due to additional factors, such as lateral density contrasts (caused by continental rifting, isostatic 
compensation and topography, deglaciation effects, lithospheric flexure and, on a local scale, by salt 
diapirs and detachment horizons), active faults, seismically induced stress changes due to large 
earthquakes or volcanic eruptions (Heidbach et al., 2007).  
The GPS and focal mechanisms data along the northern African margin indicate NW 
compression, reflecting the overall direction of convergence between the Eurasian and the African 
plates (e.g. Cavazza et al., 2004). A substantial increase of the velocity magnitude both from north 
to south and from west to east is observed. The Calabrian arc displays a complex stress regime 
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characterized by a combination of normal and strike-slip faulting, which can be ascribed to radial 
extension (e.g. Rebai et al., 1992). In the southern Apennines normal and strike-slip faulting 
prevails, with extension perpendicular to the axis of the orogenic belt (e.g. Frepoli and Amato, 
2000). The northern Apennines are dominated by extension in the internal part of the orogenic 
wedge (southwestern part) and by compression-transpression in its external portion (Adriatic). 
Local deviations from the orientation of the first-order pattern of the (SH) are observed in Italy near 
the coast and toward the Alps and Dinarides possibly related to lateral density contrasts, 
topography, the ongoing counterclockwise rotation of the Adriatic Block relative to the Eurasia 
plate and the collisional resistance along the NW-SE striking Dinarides mountains (Heidbach, 
2007). The whole Aegean region and western Anatolia are in an extensional regime, but the stress 
pattern deviates from the first-order trend, since the slab rollback at the Hellenic arc induces an E-
W stress orientation in the back-arc region (e.g. Heidbach and Drewes, 2003). In these areas 
velocities progressively increase from eastern Anatolia to the southern Aegean Sea, where they 
reach values over 30 mm/yr.  
Another regional trend of the SH was observed for the first time by Grünthal and Stromeyer 
(1992) in Germany and The Netherlands, where a fan shaped stress pattern with stresses ranging 
from NW-SE in the west to NE-SW in the east is observed. According to Roth and Fleckenstein 
(2001), the reason for the deviation from the first-order trend can be ascribed to: (1) influence of 
possible displacement along the TESZ dividing the old EEP from younger western European, (2) 
the local dominance of stresses caused by postglacial rebound and (3) the northward increase of 
lithospheric strength below the northeastern part of the North German Basin possibly acting as a 
barrier. A potential fourth source of the stress field rotation in the North German Basin is the stress 
induced by lateral density and strength contrasts across the TESZ, where the crustal thickness 
sharply increases in the EEP. Third order stress field variations are observed in the eastern part of 
the North German Basin, where the Zechstein evaporates, acting as a mechanically weak 
detachment layer, prevent transmission of the regional stress field into shallower strata and, 
consequently, produces a large change of mean SH orientation with depth (Heidbach, 2007).  
A counterclockwise rotation of the horizontal deformation from east to west in the Alpine 
foreland and from north to south across the Alps, together with an increase of the proportion of 
normal faulting to the south was observed by Kastrup et al. (2004). They interpret this change in the 
stress orientation as a superimposition of the local tensional stress, related to spreading effects 
within the orogen, and the first-order compressive stress induced by plate tectonic forces. 
Furthermore, according to the focal mechanisms and GPS data (e.g. Plenefisch and Bonjer, 1997; 
Ziegler and Dèzes, 2004; Tesauro et al., 2005 and 2006; Olaiz et al., 2008), the tectonic regime 
changes from compression to extension along the ECRIS, where the Rhine Graben system changes 
its orientation from SW-NE to SE-NW direction. The tectonic regime variations highlight the 
difference in the evolution between the northern and the southern parts of the Rhine Graben system 
(e.g. Glahn and Granet, 1992).  
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Fig. 1.2: Seismicity map of Europe, illustrating present-day active intraplate deformation and areas 
of Late-Neogene uplift (circles with plus symbols) and subsidence (circles with minus symbols). 
Background elevation images are extracted from the ETOPO2 data-set. Earthquake epicentres are 
from the NEIC data center and are shown as red dots. 
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Fig. 1.3: Intraplate stress map for Europe, displaying the present-day orientation of the maximum 
horizontal stress (SHmax). Different symbols stand for different stress indicators and the length of 
the symbols represents the data quality, ‘A’ being of highest quality. Stress map is extracted from 
the World Stress Map database (WSM, 2008). 
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CHAPTER 2 
 
EuCRUST-07: A new reference model for the European crust1 
 
2.1.  Introduction  
 
The crust is the most heterogeneous layer in the Earth and its impact on the interpretation of 
deep structures can mask the effect of deep seated heterogeneities. It is, for instance, nearly 
impossible to separate the crustal and mantle effects in potential field and geothermal modelling 
without additional data on the crustal structure (e.g. Kaban et al., 2004). It is still very difficult to 
minimize the trade-off between the crustal and upper mantle heterogeneities in seismic tomography, 
which remains the main tool to investigate the structure of the mantle (e.g. Piromallo and Morelli, 
2003). Therefore, reliable models of the upper mantle can be constructed only if the effect of the 
crust is previously reduced from the observed fields.  
Crustal models primarily based on existing reflection and refraction seismic profiles have 
been used for these purposes during the last decade. The first global model CRUST5.1 (Mooney et 
al., 1998) has clearly demonstrated that even coarse data on the crustal structure could remarkably 
improve modelling results of other methods. The global model S20 (Ekström and Dziewonski, 
1998), which is constructed including these data, up to now remains one of the most used 
tomography models. CRUST5.1 was successfully used in global gravity and geothermal modelling 
(Kaban et al., 1999; Kaban and Schwintzer, 2001; Artemieva and Mooney, 2001). CRUST2.0 
(Bassin et al., 2000), a successor of CRUST5.1, already offers a resolution of 2°x2°, which is 
sufficient to employ this model not only in global but also in large scale regional modelling. 
However, this resolution is not supported in many cases by experimental data (e.g. Koulakov and 
Sobolev, 2006). Furthermore, different models of the European crust are still inconsistent in many 
respects. In particularly, differences of the existing Moho maps often reach and even exceed ±15 
km (e.g. CRUST2.0, Bassin et al., 2000; Ziegler and Dèzes, 2006; Kozlowskaya et al., 2004). 
Consequently, the obtained results after corrections for crustal structure are different in many cases. 
For example, the mantle gravity anomalies obtained by different authors may differ up to about 100 
mGal (e.g. Yegorova and Starostenko,1999;Kaban et al., 2004). The same problem exists in 
other applications, e.g. in seismic tomography, as discussed in detail in Chapter 3. 
In this chapter I present EuCRUST-07, a new digital crustal model, which can be used as a 
starting point in a wide range of lithosphere and upper mantle studies. EuCRUST-07 is constructed 
for western and central Europe (35ºN-71ºN, 25ºW-35ºE) and is available from open sources 
(ftp://ftp.agu.org/apend/gl/2007gl032244). The new crustal model (average velocities and depth of 
each layer) together with surface heat flow values are used to characterize the lithology of different 
tectonic provinces in Europe. The new lithology map should be considered as an attempt to estimate 
possible predominant lithotypes of the upper and lower crust. This is principal for various types of 
geophysical modelling. For instance, the lithotypes can be used to calculate the strength distribution 
in the European lithosphere.  
 
                                                
1
 This chapter is mainly based on the papers: Tesauro, M., Kaban, M.K., Cloetingh, S.A.P.L., 2008. EuCRUST-07: A 
new reference model for the European crust. Geophys. Res. Lett., 35, L05313, doi:10.1029/2007GL032244 and 
Tesauro, M., Kaban, M.K., Cloetingh, S.A.P.L., 2009. 3D crustal model of western and central Europe as a basis for
modelling mantle structure, in "New Frontiers in Integrated Solid Earth Sciences" Eds.: Cloetingh, S.A.P.L. and 
Negendank, J.F.W, Springer (in press). 
 
  
 
2.2. Basic model assumptions 
 
EuCRUST-07 is largely compiled from the results of seismic refraction, reflection and 
receiver functions studies, most of them carried out within recent international projects, such as 
CELEBRATION 2000 (Guterch et al., 2003), SUDETES 2003 (Grad et al., 2003), ALP 2002 
(Brückl et al., 2003), ESCI-N (Fernández-Viejo, 2005), CROP (Finetti, 2005a). Available local 
models based on seismic data (e.g. SVEKALAPKO, Kozlowskaya et al., 2004) were also 
incorporated. The study area is limited to 35ºN - 71ºN and 25ºW - 35ºE. The model consists of three 
layers: sediments and 2 layers of the crystalline crust, the latter characterized by an average P-wave 
velocity determined from seismic data.  
Depth to the crystalline basement and Moho are the parameters most reliably determined in 
all kinds of seismic data. The situation with the inner crustal boundaries is more complicated. As at 
least two layers within the crystalline crust are detected in most seismic sections, it has been 
decided to maintain this division in the generalized model. In the areas, where the crystalline crust 
consists of only one layer, having a constant velocity (e.g. in the Tyrrhenian Sea) or characterized 
by a gradual change (e.g. in the western part of Black Sea), the crust is arbitrarily divided in two 
layers of equal thickness having average velocities consistent with the seismic data. In the opposite 
case, several layers are joint to form one equivalent layer, e.g. in the EEP, where the velocity in the 
upper layer is calculated as a weighted average between the upper and the middle crust velocity. 
The mean velocities in the crystalline crust were evaluated as a weighted average between the upper 
and lower crust velocities. The final model is presented on a uniform 15’x15’ grid.  
Locations of the original seismic data and existing local Moho maps are shown inFig. 2.1 
(for detailed references source see Appendix A1). The velocity distributions within the crystalline 
crust layers are mostly based on the interpolated determinations (wide-angle seismic data), whereas 
for significant part of Fennoscandia the model of Kozlowskaya et al. (2004) is used. In several cases 
when the non-uniform data coverage is not sufficient for a robust interpolation, the number of data 
is increased by adding extra points in accordance with the position of local tectonic units with 
reliable determinations in other parts (e.g. in Norway). In the oceanic domain without seismic data 
(the same as for the Moho map) P-wave velocities of 5.5 km/s and of 6.75 km/s to the upper and 
lower crust are assigned, respectively.  
In the first stage average values for each of the 15’x15’ grid cells was determined, which 
contain at least one determination of the crustal parameters (average velocity and thickness of each 
layer). In the second stage the remaining gaps were filled using a standard kriging technique 
(SURFER, Golden Software package). Most of the gaps do not exceed significantly the grid 
resolution and, therefore, a choice of the interpolation method is not principal for the final result. In 
addition to kriging, the “minimum curvature” and “inverse distance” techniques have been tested. 
In all cases the existing grid cells were not modified, while the differences in the Moho depth in the 
interpolated points are less than 1 km with using of different techniques, which is less than the 
accuracy of the seismic determinations. The kriging scheme provides slightly less artefacts for 
several relatively wide gaps and for this reason it was chosen for the final map.  
For the major part of the area the most recent local Moho compilations are employed (e.g. 
Kozlowskaya et al. 2004; Ziegler and Dèzes 2006). When possible, these compilations have  been 
verified and modified in some details using available seismic data. All the maps have been 
converted to the same resolution 15’x15’. In the regions densely covered by recent seismic data, not 
included in existing Moho maps (e.g. in the Iberian Peninsula), seismic profiles were interpolated 
using the kriging technique to trace the crust/mantle boundary. All compilations were merged in a 
unified model giving a preference to the most robust. For instance, in Iceland and surrounding areas 
it was used the Moho map of Kaban et al. (2002), constrained by various seismic data including 
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reflection/refraction profiles and receiver functions data, instead of employing the most recent 
compilation of Kumar et al. (2007), which is based solely on receiver functions studies, which might 
have some problems with accurate detection of the Moho in the areas characterized by a broad 
crust-mantle transition zone. For the part of the oceans not covered by seismic profiles, the Moho 
depth is assigned from the global model CRUST2.0 (Bassin et al., 2000), for a part of Norway from 
the Geothermal Atlas of Europe (Hurtig et al., 1992) and for a part of the EEP and the Black Sea 
from the compilation of Kaban (2001). 
 
 
 
 
Fig. 2.1: Moho depth (km) updated from Ziegler and Dèzes (2006) (34°N–62°N, 18°W–25°E) and 
extended (35°N–71°N, 25°W–35°E) including an array of new data-sets. Dashed lines show the 
location of the seismic profiles incorporated. 
 
The basement depth was determined using available maps (e.g. EXXON, 1985) and 
sedimentary thickness compilations (e.g. Scheck-Wenderoth and Lamarsche, 2005). All the 
compilations employed were verified and some of them were modified in several areas (e.g. 
Scheck-Wenderoth and Lamarche, 2005 in the North German Basin), according to the seismic data 
employed in order to trace the top of the crystalline crust. Concerning the continental domain, 
sediments and soft crust (e.g. in the Apennines) having an average P-wave velocity lower than 6 km/s, 
are included in the sedimentary layer. Few exceptions are represented by the Polish Trough, where 
the metamorphic sediments/volcanic strata layer [referred in Grad et al. (2005) as a ‘transition 
zone’], having Vp < 6.0 km/s, is included in the upper crust and the Adriatic Sea, where only the 
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first 4 km of sediments, having an average velocity less than 5 km/s, are included in the sedimentary 
layer. Concerning the oceanic domain, fractured basaltic lavas having average P-wave velocity 
lower than 5 km/s are included in the sedimentary layer. The integration of the separate 
compilations in a unique map (15’x15’) was done using the same method employed to trace the 
Moho boundary. The velocity structure of the sediments is not specified a priori. Due to extremely 
strong heterogeneity (both lateral and vertical) of this layer, it is difficult to integrate relatively 
sparse published data into a uniform model. On the other hand, the material properties of sediments 
(e.g. density) are much less related to velocity variations, while seismic tomography results are 
mostly biased by crystalline crust heterogeneity.  
Seismic experiments detect the internal crustal layering usually with more uncertainties than 
the Moho and basement depth. Furthermore, very few, old and limited to restricted areas, 3D 
compilations of these boundaries depth exist (e.g. Gajewski et al., 1987; Scarascia et al., 1998). On 
the other hand, since at least two layers within the crystalline crust are observed in most of the 
seismic sections, this division was kept in the model (Figs. 2.4a and 2.4b). This makes EuCRUST-
07 more consistent, since the upper and lower parts of the crust are usually characterized by strong 
differences of the velocities.  
Uncertainties of the new crustal model presented cannot be estimated systematically, as they 
result from the merging and averaging of various compilations (e.g. of Moho depth) and seismic 
data having different error margins. Furthermore, as mentioned before, the seismic data used are 
unevenly distributed in the study area (Fig. 2.1). However, since the uncertainties of EuCRUST-07 
mostly depend on those of the input data used, it is worth considering that the most recent seismic 
experiments (e.g. CELEBRATION 2000) estimate the Moho depth and the crustal velocity with an 
accuracy of ± 1km and ± 0.1 km/s, respectively.  
 
2.3. Crustal model of western and central Europe 
 
The main crustal boundaries and average P-wave velocity values are displayed in Figs. 2.2-
2.6. The crustal structure is rather heterogeneous, even without considering the regional differences 
among western, eastern Europe and the Baltic Shield, which are basically shown in previous models 
(e.g. CRUST 2.0). The eastern part of the study area is mostly characterized by large crustal 
velocities (Vp~ 6.6 km/s) and deep Moho (~40-45 km). By contrast, west from the TESZ the crust is 
more heterogeneous, composed of Variscan crust with reduced average velocities (Vp~6.2-6.4 km/s) 
and thickness (30-35 km), orogens with crustal thickness increasing up to 45-50 km, and areas
that experienced strong extension having thin crust and low velocities (e.g. the Pannonian Basin
and the Tyrrhenian Sea).  
Below the main features of EuCRUST-07 for the principal tectonic units of Europe are 
discussed in detail.  
 
2.3. a. Southeastern Europe 
 
The new Moho map evidences crustal thicknesses of 32-38 km beneath the Hellenides 
mountain range in western Greece, and 25-28 km beneath the Peleponnesus. Moving toward the 
west and north coasts of the Aegean Sea the Moho shallows to 28-30 km. This thickness crustal 
reduction is related to the Cenozoic extensional tectonics that affected the whole Aegean and 
adjacent parts of Greece (Sodoudi et al., 2006).  
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Fig. 2.2: Moho depth (km). Red lines depict location of three seismic profiles used in EuCRUST-07 
displayed in Fig. 2.7(a-c). Black lines depict location of EuCRUST-07 cross-sections displayed in 
Fig. 2.8(a-c). 
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Fig. 2.3: Depth to basement (km) determined using the following compilations: 1, Ayala et al. 
(2003); 2, Bourgeois et al. (2007); 3, BRGM (2006); 4 Diehl et al. (2005); 5, EXXON (1985); 6, 
Lassen (2005); 7, Lenkey (1999); 8, Pieri and Groppi (1981); 9, Scheck-Wenderoth and Lamarche 
(2005); 10, Thiebot and Gutscher (2006). The red lines depict the limits of each compilation used. 
In the area outside the red boundaries the sedimentary thickness map of EXXON (1985) is 
employed. All the compilations are verified and some of them (1, 2, 5, 7, 8, 9) are modified in 
several areas according to the seismic data used in order to trace the top of the crystalline crust. 
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Fig. 2.4(a-b): Crustal thickness (km). (a) Upper crust. (b) Lower crust. 
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Fig. 2.5(a-b): Average P-wave crystalline crust velocity (m/s). (a) Upper crust. (b) Lower crust. 
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Fig. 2.6: Average P-wave velocity in the crystalline crust (km/s). 
 
A low average crustal velocity (~6.30 km/s) is found in the Hellenic arc from tomography 
data (e.g. Papazachos et al., 1995), possibly due to the presence of thick unconsolidated material 
(Alessandrini et al., 1997). In the Aegean Sea the values of these parameters decrease to 6.18 km/s 
due to the crustal thinning, mostly at the expense of the lower crust. In the Aegean Basin the Moho 
depth changes from 25-28 km in the northern part to 26-30 km in the central part across the 
Cyclades region and to 20-22 km in the southern part. The average crustal thickness beneath 
western and central Crete is 30 km and decreases to 21-25 km under the eastern part of this island 
(Sodoudi et al., 2006). In western Turkey the Moho depth increases from about 28 km along the 
coastline to 35-37 km beneath the Anatolian Plateau, while low crustal velocities between 6.0 km/s 
and 6.5 km/s (Akyol et al., 2006) are observed. In these areas the sedimentary thickness reaches 2-3 
km only in the Aegean Basin. The crustal structure of the western part of the Black Sea is 
characterized by 8-13 km thick sediments overlying a crystalline layer having P-wave velocity 
similar to that of basalt (~6.8 km/s) and a thickness of 5-10 km. This layer is interpreted as a relict 
ocean crust or as probably formed in an extensional stress regime (Cloetingh et al., 2003; Çakir and 
Erduran, 2004). The crustal thickness increases from the centre of the western Black Sea, where the 
Moho depth is only 19 km, toward its margins with the growth of material having velocity similar 
to that of granite (6.0-6.4 km/s, Neprochnov et al., 1970). The deepest Moho in this area (~48-50 
km) is observed beneath southern Crimea (Starostenko et al., 2004). West of the Black Sea, the 
Moho depth is 30–32 km in the east Srednogorie–Balkan zone and in the Moesian Platform, 
while it deepens up to ~45 km beneath the southwestern part of Bulgaria (Georgiev et al., 2002). 
The average velocity in these areas is about 6.45 km/s. Beneath the Carpathians the Moho depth 
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varies from over 50 km in the eastern part to about 35 km in the western part (Horváth et al., 2006). 
These recent determinations exceed the values from the Ziegler and Dèzes map (ZDm) for more 
than 10 km. In the Southern Carpathians the Moho is between 37-42 km and reaches a maximum of 
about 44 km in the Focşani Basin (Martin et al., 2005), which is also characterized by very thick 
sediments, up to ~16 km (Diehl et al., 2005). The crystalline crust displays in these areas relatively 
high velocities of ~6.45 km/s, on account of a rather relatively thick (~45%), high velocity lower 
crust (~6.85 km/s). The Carpathians are bordered to the west by the Pannonian Basin, an area 
subjected to strong Miocene extension (e.g. Horváth et al., 2006), characterized by a very shallow 
Moho (~25 km, Horváth et al., 2006) and low crustal velocities (~6.15 km/s, Środa et al., 2006) 
possibly related to its high heat flow (120 mW/m2, Lenkey 1999). The thickness of the Tertiary and 
Quaternary sediments in this area is about 2-3 km (Lenkey, 1999), while the basement is deeper up 
to 5-6 km (Środa et al., 2006; EXXON, 1985). West from the Pannonian Basin, beneath the 
Dinarides, the Moho deepens to 45 km, while the average crustal velocities increase to ~6.35 km/s, 
presumably due to the presence of a high velocity lower crust (~6.80 km/s).  
 
2.3. b. Italian Peninsula  
 
Strong variations of the Moho depth in the Alpine belt are reflected in the new map. Beneath 
the western and eastern Alps the European Moho plunges southward to ~40 and ~55 km, 
respectively. On the Adriatic side the Moho depth reaches ~45 km beneath the eastern Alps, while 
beneath the western Alps a fragment of mantle-like material is observed, which is imbricated into 
the Alpine crust at the Insubric line (Finetti, 2005b). Therefore, the Moho depth is significantly 
reduced here [~20 km and ~7 km, compared to the ZDm and the model of Kaban (2001)] and the 
lower crust velocity is increased (Vp~7.3 km/s). In the other parts of the Alpine chain the mean 
crustal velocities (~6.34 km/s) are relatively low due to reduced lower crust velocities (6.4-6.6 
km/s, Aichroth et al., 1992; Scarascia and Cassinis, 1997) representing 50% of the crystalline crust. 
Similar values are observed in the Molasse Basin, where the Moho shallows to a depth of ~30 km 
and the crystalline crust thins to ~25 km.  The Adriatic Moho has a depth beneath the Adriatic Sea of 
about 35 km reaching a minimum of 30 km in its southern part, while it deepens westward beneath 
the Apennines up to over 40 km in the Po Plain. This area represents the foredeep of the Apennines 
and, differently from the Molasse Basin, is characterized by a very high thickness of sediments 
(>8km, Pieri and Groppi, 1981), high tectonic subsidence rates (~1mm/yr) and a high dip ranging 
between 10° and 20° (Mariotti and Doglioni, 2000). These peculiarities are possibly related to the 
Adria plate subducting in a westward direction (e.g. Carminati et al., 2004). The crust of the 
Apennines and surrounding areas is quite complex and clearly stratified, being characterized by 
horizontally and vertically alternate velocity values (e.g. Morelli, 1998). In particular, a velocity 
inversion is evidenced in the Gargano promontory, where the velocity decreases from 6.75 km/s in 
the upper crust to 6.30 km/s in the lower crust (Scarascia et al., 1994). A general increase of the 
average crustal velocities from the western (Vp~6.20 km/s) to the eastern part (Vp~6.40 km/s) of the 
Apennines at the transition zone to the Adriatic plate is observed, due to the increase of the lower 
crust velocity from ~6.4 km/s to ~6.7 km/s. Beneath western Tuscany the Moho shallows to a depth 
of about 20 km, which is probably related to the late Cenozoic opening of the Tyrrhenian back-arc 
basin (Doglioni, 1991; Carminati et al., 2004). The mean crustal velocities are low there (~6.0 
km/s), on account of the velocity decrease in the lower part of the crust, which is also evidenced by 
tomography data (e.g. Amato et al., 1998). The low velocities and high heat flow (~200 W/m2, Zito 
et al., 2003) are probably related to partial melting of the lower crust, as a consequence of the 
asthenosphere uprising (e.g. Di Stefano et al., 1999). The low Pn velocities (~7.7 km/s, Morelli, 
1998) provide some evidence for a delamination of the continental crust in this area. Halfway 
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between Liguria and Corsica the crust is likely suboceanic and its thickness is reduced to less than 
20 km. The crust is thickened again up to 33-35 km beneath Corsica and Sardinia having typical 
continental structure (Finetti, 2005b), being characterized by average velocities of ~6.40 km/s. 
Southward, in the Sardinian Channel the Moho rises to 20-15 km, while velocities are typical for a 
transitional type of crust. The Moho deepens again to ~28 km beneath the Tunisian coast, and to 
~35 km beneath Sicily showing a continental type crustal structure (Vp~6.60 km/s). Westward of 
Sardinia the crystalline crust thins to ~3 km in the Tyrrhenian Sea and the Moho rises up to a 
minimum depth of ~10 km beneath the Vavilov and Marsili volcanoes, where a gradual transition 
from the continental to oceanic crust is observed. The average crustal velocities in the southeastern 
part of the Tyrrhenian Sea are about 6.0 km/s. The origin of such low values is attributed to the 
lithosphere thinning as a consequence of the back arc extension (e.g. Morelli, 1998). This hypothesis is 
confirmed by the high heat flow (>200 W/m2) and low Pn velocity (~7.5-7.7 km/s) observed in this 
area (e.g. Contrucci et al., 2001). Approaching the coast of Italy, the Moho depth gradually 
increases to 20-25 km together with the crustal velocity. Beneath the Ionian Sea the crystalline crust 
is of oceanic type and very thin (up to 3 km). The Moho plunges sharply from 12 - 20 km in this 
area to ~40 km beneath the Calabrian arc over a horizontal distance of ~100 km (Finetti, 2005b). 
 
2.3. c. Iberian Peninsula and central Atlantic Margin 
 
In the central part of the Iberian Peninsula the Moho depth is between 30 and 34 km and the 
average velocities of the crust are relatively low (6.20-6.30 km/s), on account of a low velocity 
layer (Vp~5.6 km/s) located in the upper part of the crust (Banda et al., 1981; Suriñach and Vegas 
1988; Paulssen and Visser, 1991). In addition, the lower crust is thin (<10 km) representing less 
than 35% of the crystalline crust. The basement depth is relatively shallow (2-3 km), reaching a 
maximum of ~5 km in the basins, in the Cantabrian Mountains and the External Betics. The 
maximum depth of the Moho found beneath the Pyrenees and Cantabrian Mountains (~45 km) is 
8-10 km deeper than in the previous maps (e.g. ZDm), on account of the subduction of the Iberian 
plate beneath the European one. The average velocity in the crust is also increased to 6.6 km/s due 
to high-velocity bodies in the mid-crust (e.g. Pedreira et al., 2003), Fig. 2.7a. These features are 
interpreted as portions of the European lower crust embedded in the Iberian mid-crust (Pedreira et 
al., 2003). South of the Cantabrian shoreline, the Moho raises to ~30 km in the Ebro and Duero 
basins, while north of it, the Moho shallows from ~30 km beneath the shoreline to ~20 km beneath 
the Bay of Biscay over a distance of ~120 km. The substantial thinning of the crust, related to the 
Atlantic opening, occurred mostly at the expense of the lower crust (Pinet et al., 1987). 
As a consequence, a decrease of the mean crustal velocity (~6.30 km/s) is observed. Beneath the 
Catalan coast and the Balearic islands the Moho is ~25 km (e.g. Banda et al., 1980; Gallart et al., 
2001) and rises up to 20 km beneath the Gulf of Lyon and up to 15 and 12 km beneath the Valencia 
Trough and the centre of the Provençal Basin, respectively. In these areas the sedimentary thickness 
increases up to 8 km, while the crystalline crust thins to less than 5 km. The average crustal 
velocities decrease to 6.2 km/s, due to relatively low velocities at deep levels (~6.45 km/s) attributed 
to the removal of part of the lower crust during the rifting process (Gallart et al., 2001). On the other 
hand, an increase of these values to ~6.45 km/s is observed westward, beneath the Corsica and 
Provençal margins on account of the serpentinized peridotite (Vp~7.25 km/s) in the lower part of the 
crust (Contrucci et al., 2001). In the southeastern part of the Iberian Peninsula a sharp Moho depth 
transition from a maximum of 38 km in the Betics to 25 km beneath the shoreline and to 15 km in 
the eastern part of the Alboran Basin is observed (e.g. Fullea et al., 2007). The crystalline crust thins 
to 7-8 km marking the transition to the oceanic type in the south Balearic Basin. Furthermore, the 
average velocities decrease from 6.35 km/s to 6.15 km/s, probably on account of the lack of a high 
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velocity lower crust (e.g. Galindo-Zaldivar et al., 1997) and the high heat flow observed (up to 120 
mW/m2, Polyak et al., 1996). In the western part of the Alboran Sea the Moho is ~20 km, deepening 
sharply towards the Gibraltar Arc down to 30-32 km, while the mean velocities increase to ~6.5 
km/s. Continental type crust underlies the entire Gulf of Cadiz with a progressive thinning (from 30 
to 20 km) from east to west and from north to south, on account of the Atlantic oceanic spreading 
(e.g. González-Fernández et al., 2001). The lower crust thins to about 4 km and represents less than 
20% of the crystalline crust. Southwestward, the crust becomes of oceanic type and  the 
Moho shallows up to 11-14 km beneath the Tagus and Horseshoe abyssal Plains, over a distance of 
~120 km. The mean depth of the basement is ~9 km with a gradual eastward increase up to 13 km 
(Thiebot and Gutscher, 2006). The northwestern part of the Iberian Peninsula is characterized by a 
Moho depth of ~30 km in central Galicia, which decreases to 27-25 km beneath the coastline (e.g. 
Córdoba et al., 1987). Beneath the southwestern part (South Portuguese Zone) the Moho deepens to 
~34 km (e.g. Matias, 1996; Simancas et al., 2006), while the crustal velocities increase from 6.35 
km/s to 6.50 km/s, on account of the basic intrusion (Vp ~7.0 km/s) in the lower crust (e.g. Simancas 
et al., 2006). From the western Iberian coast to the Iberian Abyssal Plain the Moho shallows from 
30 km to 13 km over a distance of ~300 km, showing a transition from the continental to oceanic 
crust. The Galicia Bank and the Iberia Abyssal Plain represent the ocean-continent transition and 
are characterized by an average crustal velocity of about 6.75 km/s, which is much higher than for 
standard oceanic crust. This effect is presumably caused by a presence of thick (up to 5 km) 
serpentinized lower crust (Vp ~7.4 km/s, Whitmarsh et al., 1993; Whitmarsh et al., 1996; Chian et 
al., 1999).  
  
2.3. d. England and North Atlantic Margin 
 
Beneath England and Ireland the Moho reaches a depth of 30-35 km (Kelly et al., 2007), and 
the velocity in the upper crust is between 6.0 and 6.4 km/s, while it increases in the lower crust from 
6.7km/s to 7.0 km/s. The basement in this area is close to the surface (1-3 km deep) and deepens 
then to 3–4 km in the vicinity of the Shannon Estuary in western Ireland and to 6–8 km along the 
southern coastline. The Moho swallows southwest of the Irish coast from 27 to less than 20 km over 
a horizontal distance of 100 km, while the average crustal velocities decrease to 6.25 km/s. West of 
the Irish coast the continental crust shows a variable thickness, with a Moho depth between 12 and 25 
km (Kelly et al., 2007), on account of the different amount of stretching to which it was subjected 
during the opening of the Atlantic ocean (e.g. O’Reilly et al., 1995). The difference with CRUST2.0 
is up to 15 km in this area. In the basins the depth of the basement ranges from 7-8 km (e.g. in the 
Hatton and Rockall Basin) to 15 km (e.g. in the Porcupine Basin, Kimbell et al., 2004), while the 
crystalline crust thins up to 3 km. High average crustal velocities (~6.90 km/s) are observed beneath 
the Edoras and the Hatton Bank, possibly related to mantle underplating, which results in high 
lower crust velocities (~7.15 km/s). 
The Moho deepens to 37–38 km beneath the Faeroe Islands and to 40-42 km approximately 
100 km west of them (Richardson et al., 1998), while the average crustal velocity is about 6.75 
km/s, due to the thick, ultramafic (Vp>7.0 km/s) bodies present in lower crust. The thick crust [~10 
km thicker than in CRUST2.0 and in the model of Kaban (2001)] is a consequence of the Icelandic 
mantle plume, whose hottest core was located under Faeroe Islands at the time of continental break-
up (Richardson et al., 1998). East to the Faeroe Islands, beneath the Faeroe-Shetland Basin, the 
Moho shallows to 20 km and the velocity decreases to 6.6 km/s, while west of them, beneath the 
Faeroe-Iceland Ridge, the Moho depth reaches a maximum of 28 km, while the velocity in the 
lower crust is relatively high (~6.9 km/s, Kelly et al., 2007). In Iceland the depth of the Moho 
ranges from less than 20 km along its northern and western coastline to 38-40 km in its southern 
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part (Kaban et al., 2002). This thickening of the crust is caused by abnormally thick lower crust 
presumably related to increased melt generation occurring in the plume core (Darbyshire et al., 
1998), while the upper crust remains very thin (~4 km, Menke et al., 1998). The average crustal 
velocity (~6.55 km/s) is quite high due to a thick and high velocity lower crustal layer (~6.9 km/s).  
 
2.3. e. Central Europe 
 
The cross-section in Fig. 2.8b shows general tendencies of the crustal structure in central 
Europe. The crystalline crust thickness tends to increase from ~15 km under the North Sea to 25-28 
km under the German Plain with a medium lower crust velocity of 6.5-6.6 km/s. To the southeast 
the crust becomes thick (up to ~50 km) under the eastern Alps and thins again to 25-20 km under 
the northern Adriatic coast, while the lower crust velocity increases up to 6.8 km/s. In France the 
Moho depth ranges from ~28 km in the Aquitane Basin to ~35 km in the Paris Basin and in the 
Armorican Massif (Ziegler and Dèzes, 2006), while the sedimentary thickness is increased up to 3-4 
km in the basins. The average velocities are relatively low, on account of the high thickness of the 
upper crust (~75% of the crystalline crust). Across the north Armorican margin, in the transition 
zone to the oceanic domain the Moho shallows to ~18 km and the crystalline crust thins to less than 
10 km. The mean crustal velocity increases to ~6.75 km/s due to a thick (~5km) high velocity body 
(~7.45 km/s) in the lowest part of the crust (Thinon et al., 2003). The rifting, occurred during the 
Cenozoic, has affected the crust in the Massif Central by forming several basins (e.g. the Limagne 
Graben) and thinning of the crust up to 4 km, mainly at the expense of the lower crust (Zeyen et al., 
1997). As a consequence, the mean crustal velocity is low (~6.25 km/s), while the Moho rises from a 
depth of 30-32 km in the western part to ~28 km in the eastern part and up to a minimum of 24 km 
in the Limagne Graben. The shallow position of the Moho is probably related to a thermal uplift of 
the crust as a result of a rising plume (Granet et al., 1995). 
In southern Germany the Moho depth is about 25-27 km beneath the Black Forest and 
Vosges, while in the URG it varies from 24 km in the southern part to 30 km in the northern part 
(Ziegler and Dèzes, 2006). In the URG the mean crustal velocity is relatively low (~6.30 km/s), on 
account of the high thickness of the upper crust (70% of the crystalline crust). Underneath the 
central part of the graben the lower crust thins to ~5 km, since the mantle tends to bulge into it 
(Zucca, 1984). The average velocity in the lower crust is ~6.75 km/s. This layer is characterized by 
a very strong vertical gradient suggesting an increase of the mafic material content, probably 
derived from the mantle during the formation of the graben (e.g. Edel et al., 1975; Zucca, 1984). In 
the Black Forest a decrease of the mean crustal velocity (~6.20 km/s) is due to a low velocity zone 
(~5.4 km/s) presented in the upper crust between 7 and 14 km (Gajewski et al., 1987). Although the 
low velocity layer tends to vanish toward southeast, similar average crustal velocities (~6.15 km/s) 
are observed due to a lateral decrease of the velocity in the lower crust from 6.7 km/s to 6.4 km/s 
(Gajewski et al., 1987). In these areas the depth of the basement reaches a maximum of ~4 km in 
the central part of the URG. In the Rhenish Massif the Moho deepens to 30-32 km and the crustal 
structure is quite heterogeneous being characterized by alternation of high and low velocity zones 
with average crustal velocity ~6.35 km/s (Franke et al., 1990; Dekorp Research Group, 1990). 
Beneath the Bohemian Massif the Moho has an average depth of 35 km and the crust thickens 
gradually from northwest to southeast (Wilde-Piórko et al., 2002; Majdanski et al., 2006). The 
average velocity increases sharply from the western (~6.35 km/s) to the eastern (6.50 km/s) part of 
the unit, where mafic garnet granulite (Vp~7.2 km/s) is probably present in the lower crust 
(Enderle et al., 1998). 
In the North German Basin the Elbe Lineament represents, like the TESZ, another important 
geological boundary, where significant changes in the crustal thickness and composition are 
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observed. The Moho beneath the North German Basin shallows from 35–34 km to 28–25 km from 
north to south of the Elbe Lineament, while the average crustal velocity decreases from ~6.70 km/s 
to ~6.27 km/s. The strong change, occurring at this boundary, is related to a sharp decrease in the 
lower crust velocity from ~7.0 km/s to ~6.3 km/s and possibly reflects a compositional transition 
from mafic to meta-sediments and granitic rocks (e.g. Scheck et al., 2002). In the southeastern part 
of the North Sea similar changes in the velocity and crustal thickness are present, suggesting that the 
WNW–ESE-striking Elbe Lineament continues into the southern North Sea (e.g. Scheck et al., 
2002). More in detail, the Moho is at 32–36 km depth in the Ringkøbing-Fyn High (RFH), while it 
becomes shallower (up to 25 km) westward beneath the Central Graben. Furthermore, the average 
crustal velocity decreases from RFH to the graben from 6.60 km/s to 6.50 km/s. The Moho depth 
varies between 25 and 38 km beneath the Norwegian Danish Basin (Lassen, 2005), while from the 
western to the eastern part of Denmark the Moho depth increases from 27 to 34 km together with 
the average crustal velocities (from 6.55 km/s to 6.90 km/s). The increase is related to the presence of 
a magmatic body (Vp~7.0 km/s) of Carboniferous-Permian age in the lower part of the crust (Thybo 
et al., 2006). The top of the crystalline crust in the North German Basin and the Norwegian Danish 
Basin is quite deep, on account of a thick Paleozoic sedimentary sequence (e.g. Nielsen et al., 2005; 
Lyngsie and Thybo, 2007). It reaches 7-8 km beneath Jutland (Lassen, 2005), 12 km beneath the 
Glueckstadt Graben and the Viking Graben (Christiansson et al., 2000), 6-10 km beneath the Horn 
and Central Graben (Scheck-Wenderoth and Lamarche, 2005) and up to 4-6 km beneath the RFH 
(Nielsen et al., 2005, Lyngsie and Thybo, 2007). 
 
2.3. f. Northern and eastern Europe 
 
Recent seismic experiments (SVEKALAPKO, Kozlovskaya et al., 2004) have 
demonstrated that the Moho depression beneath central and southern Finland and the Gulf of 
Bothnia is much more pronounced (>60 km) than in previous compilations (e.g. Hurtig et al., 1992), 
while the average crustal velocity tends to increase towards the southeastern part of Finland (up to 
6.90 km/s) together with the thickness of the mafic lowermost crust (up to 30 km) characterized by 
extremely high velocities (Vp ~7.2 km/s). This is demonstrated in the cross-section in Fig. 2.8a. The 
Moho rises to the west reaching a value of ~40 km in Sweden and about 30-32 km beneath the Oslo 
rift and the Norwegian coast. Two local maxima of 40-43 km have been recently detected in 
southern Norway by a receiver functions study (Svenningsen et al., 2007). Westward to the 
Norwegian coast the Moho gradually shallows to ~20 km, while it deepens again up to 25 km at the 
transition zone in the Vøring Basin and Lofoten–Vesterålen margin (e.g. Mjelde et al., 2005). The 
Vøring Basin is characterized by high crustal velocities (6.8-7.0 km/s) reflecting the presence of thick 
mafic intrusions in the lower crust having velocities above 7.0 km/s. The maximal lower crust 
velocity (~8.0 km/s) observed in this area is interpreted as a deep crustal root of partially eclogitized 
rocks that were formed during the Caledonian orogeny (Raum et al., 2006), Fig. 2.7b. Northward, in 
the Lofoten–Vesterålen margin, a decrease of the lower crustal thickness is accompanied by a 
decreasing amount of breakup intrusives and extrusives. The crust in this area experienced only 
moderate extension, in contrast to the occurrence of major crustal extension in the southern Vøring 
margin (e.g. Tsikalas et al., 2005). As a consequence, the depth of the basement ranges in this area 
from ~5 km (in Lofoten– Vesterålen margin) to ~15 km (in the Vøring Basin).  
 The depth to the Moho discontinuity ranges from 35 to 50 km within the part of EEP 
considered in this study. The upper crust is rather heterogeneous and is made of a set of high and 
low velocity layers with an average value of ~6.3 km/s. The mafic lower crust is thick and 
characterized by high velocities (~7.0 km/s). Consequently, the average crustal velocities are also 
high (~6.7 km/s). These values become lower in the southwestern edge of the EEP, on account of a
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Fig. 2.7(a-c): Example of three seismic profiles used in EuCRUST-07. Profiles location is depicted 
as red lines in Fig. 2.2. (a) Two-dimensional P-wave velocity (km/s) model from Pedreira et al., 
2003. Numbers in white boxes indicate representative velocities (km/s). Dashed lines indicate 
surfaces with no velocity contrast. Bold lines indicate layer segments directly sampled by seismic 
reflections. Notice that Moho deepens up to 45 km under the Cantabrian Mountains, on account of 
the subduction of the Iberian plate beneath the European plate, and the high-velocity bodies 
embedded in the upper part of the crystalline crust. (b) Two-dimensional P-wave velocity (km/s) 
model from Raum et al., 2006. P-wave velocities (km/s) are shown as small numbers and the bold 
numbers represent Vp /Vs ratios. Notice the high velocity body (~8.4 km/s) in the deepest part of the 
lower crust interpreted as a deep crustal root of partially eclogitized rocks. (c) Two-dimensional P-
wave velocity (km/s) models for the LT-2 profile from Grad et al., 2005. Notice the large thickness 
(~10 km) of metamorphic sediments and volcanic strata with low velocity (<6.0 km/s) present in the 
upper part of the crystalline crust of the TESZ. 
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Fig. 2.8(a-c): Average P-wave velocity distribution (km/s) along three cross-sections. Sections 
location is depicted as black lines in Fig. 2.2. Abbreviations are as follows: A, Apennines; AP, 
Adriatic Promontory; BS, Balearic Sea, BS, Baltic Shield C, Carpathians; D, Dinarides; E. Alps, 
Eastern Alps; EEP, East European Platform; NS, North Sea; PB, Pannonian Basin; S, Sardinia; TS,

Tyrrhenian Sea; URG, Upper Rhine Graben; VB, Vøring Basin.
 
decrease of the lower crustal velocities (~6.75 km/s). The cross-section in Fig. 2.8c demonstrates 
the difference in the crustal structure between the EEP with high velocities and crustal thickness 
and the heterogeneous areas west to the TESZ comprising stretched thin crust with slow upper and 
lower crust velocities (e.g. the Pannonian Basin and the Tyrrhenian Sea) and the structures with 
deep Moho and medium-high lower crust velocities (e.g. the Carpathians, the Dinarides and the 
Apennines). The Moho depth beneath the TESZ in central Poland is intermediate between that of 
the EEP and western Europe ranging from ~45 km in the eastern part to 30–35 km in the Palaeozoic 
Platform in the southwest. The central part of the TESZ is characterized by high thickness of 
sediments (8-10 km) (e.g. Scheck-Wenderoth and Lamarche, 2005; Grad et al., 2006a). The average 
crustal velocity in this area is relatively low (~6.30 km/s), reflecting the large thickness of 
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metamorphic sediments and volcanic strata (<6.0 km/s) present in the upper part of the crystalline 
crust. Although the lower crust is characterized by high velocities (~7.0 km/s), which is very similar 
to that of the EEP (Guterch et al., 2006), its contribution to the average crustal values is relatively 
small since it represents only 30% of the crystalline crust, Fig.2.7c.  
 
2.4. EuCRUST-07: statistical analysis and differences with previous models 
 
 Bar plots of the crustal velocities, boundaries and thickness of the main layers of 
EuCRUST-07 are shown in Figs. 2.9(a-g). It can be observed that 93% of the average crustal 
velocity values fit to a range of 6.20 km/s to 6.80 km/s (Fig. 2.9a), with two pronounced peaks, the 
first one at ~6.30 km/s (~28 % of samples), mostly corresponding to western Europe, and the 
second one at ~6.50 km/s (~23%), a typical value characterizing the east European crust and some 
structures of western Europe, e.g. the Atlantic Margin (Fig. 2.6). Outside from this range, the highest 
values (Vp >6.8 km/s), constituting 1% of the entire distribution, reflect a mafic composition of the 
crust and are mainly observed in the areas affected by magmatic underplating (e.g. the Vøring Basin 
and the Baltic Shield). The lowest determinations (5.90-6.10 km/s) representing ~5% of the 
distribution are, instead, associated with the areas subjected to strong extension (e.g. the Tyrrhenian 
Sea).  
In the upper crust ~97% of the velocity values fall between 5.4 km/s and 6.6 km/s (Fig. 
2.9b), showing the highest peaks at 6.0-6.3 km/s (~50 %) and the smallest one at ~5.5 km/s (~14%). 
These peaks are primarily related to the continental and oceanic areas, respectively. By contrast, the 
lower crust is more homogeneous: ~94% of the velocity values are distributed in a relatively narrow 
range from 6.3 km/s to 7.2 km/s (Fig. 2.9c), around one strong peak at 6.70-6.90 km/s (~48%). The 
highest values (Vp >7.2 km/s), representing less than 3% of the entire distribution, are mostly found 
in the Baltic Shield, where an ultramafic composition of the lower crust is observed (e.g. 
Kozlovskaya et al., 2004). By contrast, the lowest determinations (Vp <6.3 km/s), constituting 
~3.5% of the entire distribution, represent thin, undifferentiated crust, observed, for instance in the 
Tyrrhenian Sea.  
In order to provide a consistent comparison with previous crustal models, the new model 
values were averaged within 1°x1° and 2°x2° compartments, which correspond to the resolution of 
the global models of Kaban (2001) and CRUST2.0 (Bassin et al., 2000), respectively. The main 
parameters of the models and most principal differences are shown in the bar plots of Figs. 2.10(a-
h) and 2.11(a-d). The difference between EuCRUST-07 and CRUST2.0 is especially visible when 
comparing average crustal velocities. The values of EuCRUST-07 are distributed in a larger and 
continuous range than CRUST2.0 (6.0-6.94 km/s compared to 6.28-6.72 km/s) and their mean value 
is substantially lower (~0.09 km/s), Figs. 2.10a and 2.10b. The velocity distribution of CRUST2.0 
shows a gap between two very narrow peaks. In fact, this model attributes nearly constant velocities 
to two domains, representing the oceanic crust together with the continental crust of western Europe 
(~6.35 km/s, ~35%) and the EEP with the Atlantic continental margins (6.60-6.65 km/s, ~42%). 
The differences between the new and the old model, within a range of ± 0.6 km/s, are negligible (± 
0.1 km/s) in ~44% of the area, principally represented by the EEP and the oceanic domain (Fig. 
2.12a). Positive systematic differences (0.2-0.4 km/s) are observed in several areas (e.g. Baltic 
Shield, Lofoten–Vesterålen margin, Vøring Basin, Hatton and Edoras bank, Denmark), where 
EuCRUST-07 evidences a presence of an ultramafic lower crust with higher velocities. Smaller 
positive differences are found in England-Ireland, in Iceland and in the western Black Sea, where 
the new model shows a more mafic crust (e.g. Neprochnov et al., 1970). Negative systematic 
differences (0.15-0.4 km/s) are observed primarily in the TESZ and west to the TESZ (Fig. 2.12a). 
The first difference is presumably due to a thick layer of metasediments observed in recent seismic 
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experiments (e.g. Grad et al., 2006a). West to the TESZ, EuCRUST-07 shows slower Vp than 
CRUST2.0, primarily in the areas subjected to extension, such as the Atlantic margin and some 
basins (Pannonian, Aegean, Tyrrhenian and Balearic Basin). A comparison of EuCRUST-07 and 
the model of Kaban (2001) shows similar mean values of the average velocity distribution (6.42 
km/s and 6.49 km/s, respectively), Figs. 2.11(a-b). On the other hand, the values of the old model 
are distributed within a more restricted range than EuCRUST-07 (6.28-6.74 km/s compared to 6.0-
6.94 km/s). Two main peaks of velocities, observed in both models, mainly represent crustal 
velocities in eastern and western Europe, but the peaks of the new model are visibly shifted 
relatively to the old one: ~6.3 (~11%) and ~6.5 (~13%) km/sec versus ~6.45 (~15%) and ~6.65 
(~16%) km/sec, respectively. For about half part of the area (52%) the velocity differences exceed 
±0.1 km/s with a maximum of ±0.55. These differences have the same sign and are mostly located 
in the same areas where the differences between EuCRUST-07 and CRUST2.0 are observed. 
 
 
 
Fig. 2.9(a-g): Bar plot of the values distribution of EuCRUST-07 model. (a) Average P-wave 
velocity distribution (km/s) in the crystalline crust, (b) in the upper crust, (c) in the lower crust, (d) 
sedimentary thickness distribution (km), (e) Moho depth distribution (km), (f) crystalline crust 
thickness (km), (g) percentage of upper crust thickness. 
 
The bar plots of the sedimentary thickness (Fig. 2.9d) show that relatively deep basins (>2 
km) occupy about ~35% of the area, Fig. 2.3 Most of them (about 30% of the area) are presented by 
the basins, which are 2-6 km deep, like the Paris Basin, while the basins with sedimentary thickness 
larger than 9 km (e.g. the western Black Sea and the North German Basin) represent less than 3% of 
the area of study. The highest values (14-16 km) are observed in the Atlantic basins (e.g. Porcupine 
Basin), Fig. 2.3 The values of the sedimentary thickness span for EuCRUST-07 and CRUST2.0 
from 0 to ~13 km, showing both a main peak (~43% and ~61%, respectively) at 0-1 km and a 
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Fig. 2.10(a-h): Bar plot of the values distribution of EuCRUST-07 (averaged to 2°x2° resolution) 
and CRUST2.0 model. (a-b) Average P-wave velocity distribution (km/s) in the crystalline crust of 
EuCRUST-07 and CRUST2.0 model, (c-d) sedimentary thickness distribution (km) of EuCRUST-
07 and CRUST2.0 model, (e-f) Moho depth distribution (km) of EuCRUST-07 and CRUST2.0 
model, (g-h) crystalline crust thickness distribution of EuCRUST-07 and CRUST2.0 model. 
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Fig. 2.11(a-d): Bar plot of the values distribution of EuCRUST-07 (averaged to 1°x1° resolution) 
and Kaban (2001) model. (a-b) Average P-wave velocity distribution (km/s) in the crystalline crust 
of EuCRUST-07 and Kaban (2001) model, (c-d) Moho depth distribution (km) of EuCRUST-07 
and Kaban (2001) model. 
 
similar mean value (2.32 km and 1.64 km, respectively), Figs. 2.10(c-d). The differences between 
EuCRUST-07 and CRUST2.0 are in a range of –7 to +11 km, although they are moderate (± 2 km) 
in 71% of the area (Fig. 2.12b). The sedimentary thickness appears underestimated by 
CRUST2.0 in the Atlantic basins, like the Porcupine Basin (~10 km) or the Vøring Basin (8-10 
km), in the Central European Basin System (4-6 km), in the Po plain (~10 km), in the Focşani Basin 
(~10 km) and in the Cantabrian basins (4-6 km). These differences are the result of the availability 
of new seismic data (e.g. Mjelde et al., 2005) and sedimentary compilations (e.g. Diehl et al., 2005; 
Scheck-Wenderoth and Lamarsche, 2005) used in EuCRUST-07. On the other hand, the 
sedimentary thickness is overestimated by CRUST2.0 along most part of the Norwegian coast (3-5 
km), the western margin of Sardinia and Corsica (4-6 km) and along the southern Aegean coast (4-6 
km). In this case, the differences can be a result of the coarser resolution of CRUST2.0, which can 
hardly detect small scale features, like the abrupt sedimentary thickness variation along the 
coastline observed in the seismic profiles. 
Concerning the Moho depth values, it can be observed that ~95% of them are between 8 km 
and 46 km, distributed around several peaks (Fig. 2.9e). The lowest determinations (8-14 km), 
representing 15% of the distribution, with the highest peak at ~12 km are associated to the oceanic 
areas and the basins subjected to major extension (e.g. the Tyrrhenian Basin), Fig. 2.2. The highest 
values (>46 km) correspond to orogens, such as the Alps and the Carpathians, and the Baltic Shield. 
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Fig. 2.12(a-d): Difference between crustal parameters of EuCRUST-07 averaged to 2°x2° and 
CRUST2.0 model. (a) Difference of the average P-wave velocity (km/s) in the crystalline crust 
between EuCRUST-07 and CRUST2.0 model. (b) Difference of the sedimentary thickness (km). (c) 
Difference of the Moho depth (km). (d) Difference of the crystalline crust thickness (km). 
 
The highest peak of the Moho depth distribution (~27%) is at 28-36 km and corresponds to the 
average Moho depth in the study area. Another significant peak (~9%) is at ~42-44 km, typical 
values of the Moho depth in the EEP and in some orogens (e.g. the Dinarides and Pyrenees-
Cantabrian mountains). The Moho of EuCRUST-07 evidences a maximum value in southern 
Finland (61.7 km), 10 km deeper than CRUST2.0 (50.1 km), although the mean depth value of the 
former (28.7 km) is slightly lower than the latter (29.4 km), Figs. 2.10(e-f). Somewhat similarly to 
the crust velocity distribution, the CRUST2.0 values appear to be distributed primarily around 
several peaks: 9-14 km (~18%), corresponding to the oceanic domain; 30-33 km (~24%), typical 
values for stable areas in western Europe, 43-46 km (~11%) mostly located in the EEP and 
Fennoscandia. By contrast, EuCRUST-07 does not show any significant gap. This means that 
the CRUST2.0 model rather represents general peculiarities of the main tectonic domains than 
providing homogeneous crustal structure even on the coarser grid. The differences are within a 
range of –23.0 km to 13.6 km (Fig. 2.12c). EuCRUST-07 shows a shallower Moho of 10-20 km 
along a part of the Atlantic margin, and 5-10 km in western Anatolia. The same situation also exists 
for those basins, where CRUST2.0 overestimates the average crustal velocity (e.g. Tyrrhenian Sea, 
Figs. 2.12b and 2.12c). On the other hand, EuCRUST-07 shows a Moho 5-10 km deeper than 
CRUST2.0 in the orogens (e.g. the Alps and the Cantabrian Mountains) reflecting a flexure of the subducting 
plate (e.g. Pedreira et al., 2003). The highest positive differences (10-13 km) are observed in the 
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Baltic Shield, in the Faeroe-Iceland margin and the Hatton and Edoaras bank, where the presence of 
magmatic underplating (e.g. Richardson et al., 1998; Kozlowskaya et al., 2004) increases 
anomalously the crustal thickness (Fig. 2.12c). 
EuCRUST-07 spans over a larger range even compared to the Moho depth of Kaban (2001) 
(8-61.5 km, compared to 11.9-53 km), although the average Moho depth is similar in both models 
(~31 km), Figs. 2.11(c-d). The new and the old model are distributed around similar main peaks: 
11-16 km (10%) compared to 13-16 km (~7%), 27-35 (~32%) compared to 27-32 (~32%) and 40-
45 km (~16% and ~21%, respectively). For both models the values of the first two peaks are 
typically for the Moho depth of the oceanic and continental domain, respectively, while the last one 
is characteristic of the Moho observed in the orogens and in the areas east to the TESZ. In addition, 
the model of Kaban (2001) shows another significant peak (~9%) at 20 km, mostly represented by
the Moho depth in the Atlantic margin and in the Mediterranean Sea. The differences between the 
new and the old model are within a range of –14.9 km to 17.2 km, with moderate values (within ±5 
km) observed in the ~79% of the area. In contrast with CRUST2.0, the model of Kaban (2001) 
overestimates the Moho depth (7-14 km) only in some basins (e.g. Tyrrhenian and Ionian Sea), in 
western Anatolia and in the Ivrea zone, and the differences are not strongly correlated with the 
average crustal velocity. The strongest positive differences (10-13 km) are observed in the Baltic 
Shield. 
The thickness of the crystalline crust distribution is similar to that one of the Moho depth except 
for a slightly different depth range (3-64 km, Fig. 2.9f). The peaks of the distributions are also 
shifted 2-4 km towards low values. The first peak at 6-10 km (~15%) represents not only thin 
crystalline crust in the oceanic domain as in the Moho depth distribution, but also some basins in 
the thinned continental area (e.g. the Focşani Basin). One can observe that the peak at 42-44 km 
presented in the Moho depth distribution is also significant in the crystalline crust plot (~7%), being 
a typical value for the orogens and shields within the EEP. Compared to CRUST2.0 (Figs. 2.10(g-
h)), EuCRUST-07 demonstrates a more continuous distribution similarly to the Moho depth. 
Differences between the new and the old model span from –23.5 km to 15.5 km and are moderate 
(within ±5 km) in the ~67% of the area (Fig. 2.12d). However, for approximately one third of the 
area the differences are very large. The most pronounced differences are found in the Baltic Shield 
where the EuCRUST-07 thickness is ~10 km higher and along the Atlantic margin, where it is 10–
23 km lower.  
The relative thickness of the upper crust, corresponding to the entire crystalline crust, falls 
mainly (>93%) in a range from 0.3 to 0.8 (Fig. 2.10g). Maximal values (>0.5) correspond to 
continental area (~42%), while in the oceanic domain the ratio decreases to 0.35-0.4 (~22%). The 
highest values (>0.7, ~15% of samples) are observed in the areas where extensional deformations 
occurred mostly at the expense of the lower crust (e.g. in the Alboran Sea)  and in the areas where a 
middle crust, which is considered in EuCRUST-07 as a part of the upper crust, was identified in 
the seismic profiles (e.g. in the EEP). 
 
2.5. Lithology of the European crust 
 
The parameters of EuCRUST-07 were used to make inferences on lithology of different 
European tectonic provinces (Figs. 2.13(a-d), Table 2.1). The average velocity values in each 
crustal layer have been related to the values reported by Christensen and Mooney (1995) for 
different lithotypes, which are determined in laboratory experiments under various temperature and 
pressure conditions. The pressure was estimated in the middle of each layer. The depths to the mid-
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points of the upper and lower crust were divided into 5 and 9 different groups, respectively, with a 
range of 5 km (Figs. 2.13(a-b)). The group 1 of the upper and lower crust contains the values related 
to part of the oceanic crust. Concerning the upper crust, the values of the group 5 are located where 
a thick upper crust and sedimentary layer, characterizing the deepest basins in Europe (the Focşani 
Basin, the Po Plain and the Polish Through), is observed. The assumption, adopted in the model for 
the middle crustal layer (mostly detected in eastern Europe) as a part of the upper crust, increases 
the difference in the middle point depth of this layer (as well as in the average upper crustal 
velocities) existing between the areas east and west to TESZ. Concerning the lower crust, the 
deepest values belonging to the group 8 and 9 correspond mostly to the areas of very thick 
crystalline crust without a significant sedimentary layer (e.g. the eastern Alps and the central part of 
the Baltic Shield). Thermal conditions of the crystalline crust were estimated using the surface heat 
flow (HF) values provided in the Geothermal Atlas of Europe (Hurtig et al., 1992) for the 
continental part and by local studies in other parts of the area of study (e.g. Zito et al., 2003 in the 
Tyrrhenian Sea). These values were distributed in three groups with high (HF> 90 mWm-2), average 
(60 <HF> 90 mWm-2) and low (HF< 60 Wm-2) crustal thermal regime. This approach is probably a 
reasonable first order approximation, since the contribution of the crust to the surface HF values is 
quite strong, varying from 25% to 75%, as suggested by previous studies (e.g. Morgan, 1985; 
Artemieva and Mooney, 2001).  
The estimated pressure and thermal conditions together with the velocity distributions within 
the crustal layers were compared with data obtained on experimental rock (Christensen and 
Mooney, 1995) to select the representative lithotypes of the upper and lower crust (Fig. 2.13(c-d)). 
An obvious limitation of this approach is due to the fact that the model provides average P-wave 
velocities for the crystalline crustal layers, whereas more robust inferences on lithology could be 
obtained using direct seismic data for a specific depth possibly for both P- and S-wave. 
Furthermore, it should be taken into account that the interpretation of P-wave velocities in terms of 
rock composition is non-unique, as a given velocity value may characterize a number of different 
rock types (Christensen and Mooney, 1995). Therefore, among various lithotypes the most common 
upper and lower crust components were adopted, while rocks having strong anisotropy (e.g. phyllite) 
were excluded, due to a lack of information about variations of this parameter in the European crust. 
In addition, the analysis was limited to the continental part of the study area, since the oceanic 
domain is not covered by a sufficiently dense net of seismic profiles and for most oceanic areas a 
‘standard’ oceanic crust composed of fractured basaltic lavas and gabbro was assumed. On account 
of the above mentioned limitations, this lithology classification cannot represent a reference for 
petrologists, but rather a first attempt to evaluate possible predominant lithotypes of the upper and 
lower crust, which should improve further estimations of the crustal parameters (e.g. rheology). The 
new lithology map can be employed in geophysical modelling, e.g. as input for the calculation of 
strength distribution in the crust. On the other hand, as very few direct determinations exist for the 
composition of the lower crust, interpretation of geophysical data appears to remain the only option 
to obtain such (preliminary) estimates. It should be noted that petrological studies of the upper crust 
have also restrictions due to the limited number of deep boreholes.  Therefore, the crustal model 
provides an opportunity for a consistent comparison of lithology of the crust for the main tectonic 
units of Europe. 
As the main representative lithotypes of the upper crust were selected felsic granulite 
(covering 17% of the study area), granite-granodiorite (covering 13% of the study area) and granite-
gneiss (covering 40% of the study area). Among these three lithologies, only felsic granulite is not 
observed in many outcropping rocks. However, this is the most suitable lithotype which can be 
associated to a thick (~30 km) high velocity (~6.30 km/s) upper crust including also the middle 
crustal layer. The granite-gneiss lithotype could be attributed for most part of the upper crust of 
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western Europe. These areas are, characterized by various pressure and thermal crustal conditions, 
but similar velocities (6.0-6.1 km/s), which correspond to the values obtained for this type of rocks 
in laboratory experiments (Christensen and Mooney, 1995). Following the same approach, several 
lithotypes for the lower crust were defined: mafic garnet granulite (covering 12% of the study area) 
mafic granulite (covering 25% of the study area), amphibolites (covering 14% of the study area) 
and diorite (covering 19 % of the study area). At corresponding depths in the lower crust all the 
lithotypes should be of metamorphic type. Although, diorite is an igneous rock, it was selected as a 
lithotype, possibly representative  of the lower  crust, because of its average composition and 
physical characteristics. Other lithotypes are defined for smaller areas characterized by particular 
upper and lower crust conditions, as discussed in more detail below. 
Among the large tectonic provinces, it can be identified the   Archean-Proterozoic crust 
(SvecoNorvegian, Fennoscandia and Sarmatia provinces), which is characterized by a thick (~40 
km) and high velocity (~6.55 km/s) crystalline crust mostly in a low thermal regime (<60 mW/m2). 
In these regions also the average depth of the middle points of both crustal layers is within a similar 
range (between 10-20 km and 25-35 km, respectively). Some differences are found for the Sarmatia 
province, which is characterized by approximately equal thickness (~20 km) of both crustal layers. 
The SvecoNorvegian province shows a thinner crystalline crust (~30 km), with the average velocity 
values in both layers, similar to the other two provinces (Table 2.1).  
On account of these crustal parameters, the Fennoscandia province can mostly be 
represented by felsic granulite in the upper crust (covering 91% of the area) and mafic garnet 
granulite in the lower crust (covering 76% of the area). By contrast, Sarmatia shows a more 
heterogeneous upper crust being characterized by felsic granulite, granodiorite and gneiss granite 
(covering  28 %, 23 %, 45 % of the area, respectively), while the lower crust is prevalently 
represented by mafic granulite (75% of the area). The SvecoNorvegian province, instead, may be 
characterized by two prevalent lithotypes in the upper (felsic granulite and granite-granodiorite) and 
in the lower crust (amphibolites and mafic granulite). Petrological studies in Fennoscandia (e.g. 
Korja, 2006), evidence that the uppermost part of the crust is generally made of granite-granodiorite 
and migmatite and only in smaller percentage of felsic granulite. However, since the lithotypes 
selected are attributed for the entire upper crust, felsic granulite, which has the physical parameters 
corresponding to the crustal conditions of this area, was chosen.  
The oldest provinces in western Europe, the Moesian Platform and the Caledonides, 
demonstrate similar characteristics in terms of the average crustal thickness (30 km), upper/lower 
crust ratio (0.6/0.4) and average velocity (6.43 km/s) (Figs. 2.4(a-b) and 2.6). However, the last 
province is much more extended than the first one and is characterized by a more heterogeneous 
crust taking also into account the pressure and thermal conditions (Table 2.1). Therefore, the upper 
crust of the Caledonides is prevalently represented by granodiorite and granite gneiss (~41 % and 
~45 %, respectively). The characteristics of the lower crust, instead correspond to mafic granulite 
(~47 % of the area) and amphibolites (~30 % of the area). By contrast, the upper and the lower crust
of the Moesian Platform is mostly represented by granite-gneiss (~80% of the area) and mafic 
granulite (~70% of the area).  
The Alpine domain and the Variscides are characterized by similar average crustal 
thicknesses (~30 km) and velocities (~6.30 km/s), noticeably lower than in the other European 
provinces. The Variscides compared to the Alpine domain are characterized by a slightly lower 
upper/lower crust ratio (0.36, compared to 0.41) and higher crustal velocity (Table 2.1). However, 
the crust in the Alpine province is more heterogeneous considering also the pressure conditions 
(Table 2.1), since it comprises different tectonic types: orogens (e.g. the Alps) and basins subjected 
to extension (e.g. the Pannonian Basin). The thermal regime varies in both provinces from the 
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Fig. 2.13(a-d): Depths to the mid-points and lithotypes of the crustal layers. Dashed lines show the 
boundaries between tectonic provices. (a) Depths to the mid-points of the upper crust (km). 
Numbers show the depth range as follows: 1, 0 - 5 km; 2, 5 – 10 km, 3, 10 – 15 km, 4, 15 – 20 km, 
5, 20 – 25 km. Abbreviations stand for tectonic provinces name as follows: F, Fennoscandia; S, 
Sarmatia, SN, SvecoNorvegian; BS, Black Sea, M, Moesian Platform; C, Caledonides; V, 
Variscides; AD, Alpine Domain; AM, Atlantic Margin; MS, Mediterranean Sea, OC, Oceanic 
Crust; FIR, Faeroe Iceland Ridge. (b) Depths to the mid-points of the lower crust (km). Numbers 
show the depth range as follows: 1, 5 - 10 km; 2, 10 – 15 km; 3, 15 – 20 km; 4, 20 – 25 km; 5, 25 – 
30 km; 6, 30 – 35 km; 7, 35 – 40 km; 8, 40 – 45 km; 9, 45 – 50 km. (c) Lithology of the upper crust. 
Numbers represent the following lithotypes: 1, Felsic Granulite; 2, Granite-Granodiorite; 3, Granite-
Gneiss; 4, Molten Granite; 5, Anomalous High velocity upper crust; 6, Oceanic Crust; 7, Transition 
to Oceanic Crust; 8, Basalts; 9, Serpentinized peridotite. (d) Lithology of the lower crust. Numbers 
represent the following lithotypes: 1, Mafic Garnet Granulite; 2, Mafic Granulite; 3, Amphibolites; 
4, Diorite; 5 Molten Granite; 6, Oceanic Crust; 7, Transition to Oceanic crust; 8, Basalt; 9, 
Ultrafemic crust; 10 Serpentinized Peridotite. 
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average to the high level (e.g. the Massif Central and the Pannonian Basin). On account of these 
crustal characteristics, the upper crust of both provinces is mainly represented by granite-gneiss 
(~90 % of the area), while for the lower crust by diorite (~53-57 % of the area), mafic granulite 
(~16-22 % of the area) and amphibolites (~18-25% of the area). The mafic granulite in the Alpine 
domain mostly corresponds to the Adriatic plate, which has a different origin, being interpreted by 
some authors as an African promontory (e.g. Channel et al., 1979). Furthermore, a molten granite 
lithotype to the upper and lower crust of western Tuscany was associated, on account of the specific 
crustal conditions observed here (hot, thin and low velocity), while the Gargano promontory is 
characterized by an anomalous high velocity upper crust.  
Although the Atlantic margin, the Mediterranean Sea, the Iceland-Faeroe Ridge and the 
western Black Sea demonstrate crustal characteristics (velocity and thickness), which are generally 
similar to some other continental areas (Table 2.1), for these provinces cannot be adopted the same 
lithology as for the other parts of the study area subjected to the same conditions, on account of the 
different origin of the crust. Therefore, in these areas or in part of them a correspondence with the 
laboratory data on the ‘standard’ rocks was not searched. Instead, the representative lithotypes were 
chosen using the interpretations of the seismic profiles employed in EuCRUST-07. The crust of the 
western Black Sea has been interpreted, as before mentioned, as a relict of ocean crust (Çakir and 
Erduran, 2004). Therefore, the basalt is the lithotype representative  of the upper and lower crust of 
this province. Furthermore, the same lithotype is also associated to the upper crust of Iceland, since 
in this area basaltic lavas outcrop and compose the entire layer. The anomalously thick high 
velocity lower crust observed below part of the Atlantic Margin and the Iceland-Faeroe ridge is 
generally interpreted as a result of underplating and is characterized by an ultramafic composition. 
On the other hand, most of the upper crust of the Atlantic Margin, being mainly of continental 
origin, was associated with the gneiss-granite lithotype. An exception is represented by a part of the 
Iberian Abyssal Plain where the entire crust is interpreted as peridotite affected by a different 
degree of serpentinization (Chian et al., 1999). The opening of the Balearic and Tyrrhenian Sea as 
back-arc extensional basins resulted in an extremely thin low velocity transitional-oceanic crust  under 
high thermal conditions (e.g. Zito et al., 2003). We attribute the basalt lithotype to the central part of 
the Tyrrhenian Sea. The most eastern part of the Mediterranean (the Aegean Sea) is of continental origin 
and the granite-gneiss and diorite lithotypes were defined as representative  of the upper and lower 
crust in accordance with the physical crustal conditions.  
 
2.6. Conclusions 
 
Data on the crustal structure are used in various models of the underlying mantle structure to 
remove a priori the very strong effect produced by this very heterogeneous layer in almost all 
fields observed at the Earth surface. It is nearly impossible without this prerequisite step to resolve a 
trade-off between the crustal and upper mantle effects in gravity and geothermal modelling, seismic 
tomography and other geophysical fields. Many seismic studies performed during the last decade 
have clearly demonstrated that existing crustal models contain significant errors, which could 
remarkably affect the results based on these models. Significant differences are even observed 
between the most recent Moho map of Ziegler and Dèzes (2006) and results of new seismic studies, 
reaching -25 km in the Ivrea zone where the new data show the updoming of a 10-20 km shallower 
Adriatic Moho, and +17 km in the eastern Alps (Finetti, 2005b).  
In this chapter EuCRUST-07, a new digital model of the crust of western and central Europe, 
has been constructed by assembling available results of deep seismic reflection, refraction and 
receiver functions studies including most recent studies. All the data collected were analysed and 
cross-checked to select the most robust. The new model covers the area within 35ºN, 71ºN; 25ºW,
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35ºE and is represented at a uniform 15’x15’ grid. It consists of three layers: sediments and two 
layers of the crystalline crust. Each layer of the crystalline crust is characterized by average P-wave 
velocities. The new model demonstrates large differences with existing regional/global 
compilations, mostly resulting from inclusion of the recently acquired seismic data and detailed 
local compilations of the principal crustal boundaries. The Moho depth values are mostly 
distributed between 8 and 46 km (95 %). The lowest determinations (8-14 km) are associated with 
the oceanic areas and the basins subjected to major extension (e.g. the Tyrrhenian Basin), while the 
highest ones (>46 km) correspond to orogens and the Baltic Shield. The comparison between the 
new model and regional Moho compilations used in the gravity modelling of the mantle structure 
reveal also significant discrepancies. EuCRUST-07 shows a Moho 5-10 km deeper than that one 
used in previous studies in the orogens (e.g. the Cantabrian Mountains), reflecting a flexure of the 
subducting plate (e.g. Pedreira et al., 2003) and even up to 10-13 km in the areas where a presence 
of magmatic underplating (e.g. Baltic Shield and Faeroe-Iceland margin) strongly increases crustal 
thickness. On the other hand, EuCRUST-07 entails a Moho depth 10-20 km shallower along a part 
of the Atlantic margin and in some basins (e.g. Tyrrhenian Sea), characterized by thin  crust due to 
the back- arc extension experienced.  
Although, the basement depth is more consistent with previous regional and global maps, 
several remarkable differences are also found. CRUST2.0 compared to the new model 
underestimates thickness of sediments up to ~10 km in many basins (e.g. the Porcupine Basin), 
while sedimentary thickness is overestimated up to ~3-6 km along some coastline (e.g. the 
Norwegian Coast).  
The velocity structure of the crust is even more different from which of CRUST2.0. While 
the last one shows only general differences among few tectonic units of the region, EuCRUST-07 
demonstrates a very complex velocity structure of the crystalline crust with sharp horizontal 
changes. The velocity structure of the crust turns out to be very heterogeneous, with values 
distributed in a larger and continuous range than CRUST2.0 (6.0-6.94 km/s, compared to 6.28-6.72 
km/s) and the model of Kaban (2001) (6.0-6.94 km/s compared to 6.28-6.74 km/s). 93% of the values of 
EuCRUST-07 velocity fit to a range from 6.20 km/s to 6.80 km/s, with two pronounced peaks, the 
first one at ~6.30 km/s (~28 %) mostly corresponds to western Europe, while the second one at ~6.50 
(~23%) to the east European crust and some structures of western Europe, e.g. the Atlantic Margin. 
The differences between the new and the previous models are particularly strong (up to 0.6 km/s) in 
areas where EuCRUST-07 reveals very high average crustal velocity (Vp> 6.6 km/s), on account of 
an ultramafic lower crust (e.g. in the Vøring Basin), and low average crustal velocity (Vp~6.0-6.2 
km/s) observed in the basins subjected to strong extension, mostly at the expense of the lowest 
crustal layer (e.g. in the Alboran Basin). 
The parameters of the new model and crustal thermal regime information, reflected in the 
surface heat flow, were used to define possible lithotypes of the European crust, whose data are 
required for further geophysical modelling. The new lithology map for the continental domain 
demonstrates that the older eastern European tectonic provinces, characterized by a high velocity 
and thick upper and lower crust at a low thermal regime, are mostly represented by felsic and mafic 
granulite, respectively. On the other hand, the younger and more heterogeneous upper and lower 
crust of western Europe might have predominantly a granite-gneiss and dioritic composition, 
respectively. In the oceanic domain not covered by the seismic profiles a ‘standard’ oceanic crust 
composed of fractured basaltic lavas and gabbro was assumed. The opening of the Atlantic margin 
has produced in some areas an anomalous thick high velocity lower crust due to mantle 
underplating. By contrast, the opening of the Balearic and Tyrrhenian Sea has resulted in an 
extreme thin low velocity transitional crust characterized by a high thermal regime. The different 
origin of the crust in these areas and the anomalous crustal characteristics in some other parts of the 
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study area (e.g. in the Black Sea) prevented me from following the same approach in the lithotypes 
determination, which is used in the continental part. Due to the heterogeneous composition of the 
Earth’s crust, the P-wave average velocity and thickness of the upper and lower crust are not 
sufficient to discern among all possible lithotypes. On the other hand, up to now a consistent study 
of the crustal lithology does not exist for the whole area. Therefore, this study represents a first 
attempt to define representative lithologies of the upper and lower crust using the new crustal 
model. The determined lithotypes can be useful to construct a new rheology model of the European 
crust. 
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CHAPTER 3 
 
P and S velocity anomalies in the upper mantle beneath Europe from 
tomographic inversion of ISC data 1 
 
3.1. Introduction 
 
Tomographic investigations of the European deep structure started in the early eighties and 
were based mostly on body waves (Romanowicz, 1980; Hovland et al., 1981; Granet and Tranpert, 
1989). In the nineties, more detailed images of P-velocity anomalies have been obtained for some 
regions like the Cretan arc (Spakman, 1991), the Iberian Peninsula (Blanco and Spakman 1993), the 
western and the entire Mediterranean (Gobarenko et al., 1990; Spakman et al., 1993). The results of 
the first studies are already in reasonably good agreement with the geodynamical concept of the 
lithosphere evolution in the Mediterranean region (de Jonge et al., 1994). Later on, the more 
detailed Vp structure beneath Europe, obtained by Bijwaard et al. (1998) within a framework of the 
global tomography model, was successively employed in geodynamical reconstructions (e.g. Wortel 
and Spakman, 2000). Other regional tomographic models in Europe demonstrate generally the same 
patterns of P-wave anomalies, although the mid- and small scale features are still rather different 
(e.g. Piromallo and Morelli, 2003). In the regional study of Hearn (1999) the first anisotropic Vp 
structure has been obtained for the uppermost mantle beneath Italy and surrounding areas based on 
travel times of Pn rays.  
The constructed S-wave models are less consistent that the P-wave ones. In the last century 
several studies were performed to investigate Vs distribution in the European upper mantle (Berry 
and Knopoff, 1967; Panza et al., 1980; Calcagnile and Panza, 1981; Calcagnile et al., 1982; Müller 
and Panza, 1984; Marillier and Müller, 1985). Most of the regional S-velocity models are based on 
surface wave tomography, which has lower horizontal resolution than the body wave studies used to 
constrain the P-velocity models. Some attempts were made to increase the horizontal resolution. 
For instance, Snieder (1988) analyzed high frequency surface waves but at the expense of a limited 
depth resolution. Zielhuis and Nolet (1994) have tried to increase both the horizontal and vertical 
resolution by applying the PWI (Partitioned Waveform Inversion) method (Nolet, 1990) and 
obtained the S-wave model with more details in the upper mantle. A continuous improvement of the 
Vs models lead to their employment jointly with Vp models in geophysical applications. An example 
is given by the estimation of the temperature distribution in the European upper mantle (Goes et al., 
2000) obtained by inversion of the P (Bijwaard et al., 1998) and S-velocity (Marquering and 
Snieder, 1996) models. Therefore, it appears that the existing Vp (e.g. Spakman, 1993; Piromalllo 
and Morelli, 2003) and Vs models (e.g. Martinez et al., 2000; Pasyanos et al., 2001; Marone et al., 
2004; Pasyanos, 2005) show similar large scale velocity patterns in the European mantle (e.g. high 
velocity traces of subduction beneath Apennines and Cretan arc), whereas these models can be 
remarkably different in regional details. One of the reasons for such discrepancies could be a trade-
off with crustal heterogeneities propagated in the mantle velocity model.   
Differentiation between crustal and upper mantle structure is one of the main problems of 
seismic tomography. For example, the effect of crustal thickness variations on travel times is 
                                                
1
 This Chapter is mostly based on the paper: Koulakov, I., Kaban, M.K., Tesauro, M., Cloetingh, S., 2009. P and S 
velocity anomalies in the upper mantle beneath Europe from tomographic inversion of ISC data. Geophys. J. Int. (under 
review). 
 
  
equivalent to very strong velocity anomalies in the adjacent layers. It has been demonstrated that the 
employment of a crustal model in a global tomography determine a more reliable velocity 
distribution in the upper mantle (e.g. Ekstrom and Dziewonski, 1998). In this chapter a new 
tomographic model of P- and S-velocity anomalies in the European mantle based on inversion of 
body wave travel times, which are corrected for the crustal structure obtained from EuCRUST-07 
(Chapter 2) is presented. The model covers an area within 30°N, 55°N; 5°W, 40°E and extends to a 
depth of about 700 km. The initial data used in this study include travel times of P and S body 
waves reported by the International Seismological Center (ISC 2001). The ISC catalogue is a very 
large database, which provides great possibilities for exploration of the Earth at different scales. The 
undoubted advantage of ISC data, compared to local networks, is their large time span and global 
coverage. On the other hand, the locations of the sources, provided by the ISC, are not precise and 
need to be revised. All events in the time period from 1964 to 2001 were localized using the 
algorithm described in Koulakov and Sobolev (2006). One of the major advantages of this 
algorithm is detection and rejection of the outliers considerably present in the ISC catalogue. The 
algorithm has already been applied for investigation of the upper mantle structure beneath the entire 
Alpine-Himalayan orogenic belt (Koulakov et al., 2002), southern Siberia and Mongolia (Koulakov, 
1998; 2008), Pamir-Hindukush region (Koulakov and Sobolev, 2006), and Iran (Alinaghi et al., 
2007).  The results obtained were verified using the test with odd/even events, which reveals the 
effect of a random noise, and different synthetic reconstructions. 
 
3.2. Crustal effect on upper mantle velocity anomalies 
 
Two tomography models for North America, NA95 (van der Lee and Nolet, 1997) and 
NA00 (Goes and van der Lee, 2002), produced from nearly the same data-sets, have clearly 
demonstrated the importance of an a priori crustal correction. NA00 differs from the other model 
since the trade-off between Moho depth, crustal and subcrustal velocities is reduced by including 
independent constraints on Moho depth from the database compiled by Chulick and Mooney 
(1998). Although NA00 does not significantly alter the waveform fits compared to model NA95, it 
does provide a better estimate of subcrustal velocities. The differences between the models reach 
±0.3 km/s in the uppermost mantle (S-wave), which is more than a half of the total amplitude (±0.55 
km/s). In Europe only some of local travel time tomography models are obtained including an a priori 
crustal model (e.g. Lippitsch et al., 2003; Sandoval et al., 2003; Martin et al., 2006). Even these 
cases demonstrate the importance of a careful a priori correction of the teleseismic traveltime 
residuals caused by 3D crustal structure. In particular, Martin et al. (2005) have reported that 
teleseismic tomography for SE Romania without applying a sophisticated 3D crustal correction gives 
results, which are strongly contaminated in the uppermost 100-150 km depth by a significant effect 
from an incorrect crustal model. Waldhauser et al. (2002) have demonstrated that the non-linear 
inversion of the synthetic residuals without correcting for the 3D crustal structure erroneously maps 
the crustal anomalies into the upper mantle. In some cases neglecting a priori crustal correction in 
the travel time tomography might even lead to an error in the anomaly sign detected. For instance, 
Piromallo and Morelli (2003) have found a strong negative anomaly in the uppermost mantle under 
the southeastern Carpathians and Focşani foredeep (up to –7 %). By contrast, the seismic 
tomography inversion of Martin et al. (2006) corrected for the custal effect leads to high velocities 
(+3.5%) in the upper mantle in this area. 
To estimate the impact of the crust on the upper mantle velocity anomalies detected by the 
present tomography, in the case of the real data substantially affected by noise, the inversion 
without the crustal corrections has been performed. The difference plots of the P-velocity anomalies 
for the cases of with and without crustal corrections are shown in Fig. 3.1 for the depth  range  from  
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50 through 150 km. The differences at 50 km reach ±1.7%, which is about 45% of the total anomaly 
amplitude. Furthermore, these maximum values are observed in a few places (e.g. in the eastern 
Alps, the Pyrenees, the Ivrea zone, the Massif Central, the Ligurian Sea and the southern 
Tyrrhenian Basin). At a greater depth the influence of the crustal correction tends to decrease, 
producing differences of about ± 1% (~25% of total anomaly amplitude) at 100 km approximately 
at the same places as above. The effect of the crust is still present at 150 km, however it is already 
within the determination error in the most of the study area and becomes slowly negligible (<0.5%) 
in the deeper layers.   
 
 
 
 
Fig. 3.1: Difference between the models of P-velocity anomalies obtained for the cases of data with 
and without crustal corrections.  
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3.3. Structure of the upper mantle 
 
The real inversion results for the P- and S-velocity anomalies beneath Europe are presented 
in Figs. 3.2 and 3.3. A number of vertical sections showing velocity distributions are displayed in 
Fig. 3.4. Despite applying the crustal correction, the amplitudes of the velocity anomalies remain 
significant in the uppermost layers of the model. The initial crustal model is well constrained in 
most parts of the study area. It is also clear, that the reproduced crustal anomalies correlate well 
with the anomalies in the uppermost mantle. Therefore, it appears that a substantial smearing of the 
mantle anomalies into the crust still takes place. Possible reasons for this could be the same as for 
the propagation of the Moho effect into the crust (Koulakov et al, 2009). This problem is left for 
future studies, while this work concentrates on the velocity structure of the upper mantle at depths 
of 50-700 km. 
 
 
 
Fig. 3.2: Inversion results for P-velocity anomalies in the upper mantle in horizontal sections.  
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Fig. 3.3: Inversion results for S-velocity anomalies in the upper mantle in horizontal sections.  
 
3.3. a. Large scale features of the mantle structure  
 
On a large scale main features are observed in both P- and S-model from the top of the 
upper mantle down to at least 300 or even 400 km. Their similarity is particularly clear in the depth 
range between 50 and 200 km, where the resolution of the S-model is sufficient. One of these 
features is the sharp transition occurring along the TESZ (cross-sections 3, 4, 5, 6 and 7) from the 
negative anomalies (up to -4%), characterizing the young tectonic features of central western 
Europe, to the positive anomalies found beneath the EEP (~2%). The pattern of the large scale 
anomalies is consistent in general details with the results of previous tomographic studies (e.g. 
Snieder, 1988; Spakman, 1993; Zielhuis and Nolet, 1994; Marquering and Snieder, 1996; Curtis et 
al., 1998; Piromallo and Morelli, 2003; Martinez et al., 2000; Marone et al., 2004). However, these 
studies give remarkably different depth extension of the above mentioned structures. Some of the 
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models (e.g. Piromallo and Morelli, 2003) observe these anomalies (e.g. beneath the TESZ) 
extending up to 350–400 km, while others do not reveal them at depths greater than 200 km (e.g. 
Zielhuis and Nolet, 1994) or 300 km (e.g. Marquering and Snieder, 1996). These results 
demonstrate that these anomalies, more pronounced in the P-model, extend up to 300 km and 
become very weak at greater depths (Fig. 3.4, cross-section 12). Furthermore, at the depth interval 
of 300-400 km in the P-model the velocity contrast across the TESZ (transition to higher velocities) 
is shifted to the east beneath EEP with respect to the shallower mantle. By contrast, in the S-model 
at the same depth range, the positive anomalies tend to be dominant also in western Europe (Figs. 
3.2 and 3.3).  
 
 
66
Chapter 3
  
 
 
Fig. 3.4: Resulting P- and S-velocity anomalies in 11 vertical sections. Sections location is shown 
in the map view in right. Black points in sections represent the distribution of relocated events at the 
distance of less than 100 km from the profile.  
 
The deepest layers (400-700 km) in both P- and S-model show a broad positive anomaly 
(between 0.5% and 2%) below most parts of south Europe. Some of these larger scale high velocity 
structures can be interpreted as remnants of the Tethyan oceanic lithosphere (e.g. Piromallo and 
Faccenna, 2004; Schmid et al., 2006; Vignaroli et al., 2008). In some areas they are connected with 
the anomalies in the upper mantle. This is, for instance, the case for the fast anomalies underneath 
the northern Aegean, the Alps and the Calabrian Arc. Under these structures the slabs subducted are 
observed down to the transition zone (TZ) (e.g. below the Calabrian arc) or even to the lower 
mantle (below the Aegean plate), which in some cases tend to join in a single high velocity body 
(e.g. the Eurasian plate descending below the western Alps and the Adriatic plate subducted under 
the Calabrian arc, cross-section 9 of the P-model). At these depths the anomalies of the S-model are 
less pronounced than in the P-model, on account of the loss of resolution. 
 
3.3. b. Regional structure of the upper mantle (a general overview)  
 
On a smaller scale, positive P- velocity anomalies in the upper mantle are typical for several 
basins. In the Adriatic, Ionian and Po basins the fast velocities (2%) are observed only in the 
uppermost layer (~50 km), while in some other places they extend to 150–200 km (e.g. in the 
Aquitaine and Paris Basin and in the Black Sea). The presence of high velocity structures in these 
areas is also in agreement with high Pn values detected in several studies (e.g. Mele et al., 1998; 
Hearn, 1999; Al-Lazki et al., 2004). In more detail, below the Black Sea the model shows fast 
anomalies confined to its western and central parts. This could be an indication for a cold 
consolidated lithosphere, which is in agreement with extremely low surface heat flow (30–40 
mWm,
−2
 Galushkin et al. 2006).  
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Negative P- velocity anomalies (between –2% and –4%) are normally confined to the back-
arc regions (the Alboran, the Tyrrhenian and the Aegean Sea, the Valencia Trough and the 
Pannonian Basin), magmatic provinces (e.g. volcanic provinces of central Italy) and the Anatolian 
Plateau (cross-sections 2, 3, 4, 7, 8, 10, 11). They are especially pronounced in the uppermost 
mantle down to ~200 km and extend with reduced amplitude to ~300 km. These results are similar 
to previous P-wave tomography models (e.g. Spakman, 1993; Piromallo and Morelli, 2003), 
although the amplitudes are often remarkably different. They are also in agreement with the low Pn 
values (~7.6-7.9 km/s), observed by Mele et al. (1998), Hearn (1999), Webér (2002) and Al-Lazki 
et al. (2004) and seismic refraction models (e.g. Hatzfeld and the Working Group for Deep Seismic 
Sounding 1978, Środa et al., 2006). Furthermore, these areas are mostly characterized by very high 
heat flow (Chapter 2). The residual gravity mantle anomalies demonstrate similar negative patterns 
for the abovementioned areas (e.g. Kaban, 2001; Tesauro et al., 2007). All these factors evidence 
for a thermal origin of the negative velocity anomalies in the back-arc regions, possibly 
accompanied by partial melt  and reduced lithosphere thickness (between ~70 km in the Anatolian 
Plateau [Gök et al., 2007] and ~30 km in the Tyrrhenian Sea [Calcagnile and Panza, 1990]). In 
several places inversion of the sign of the anomalies with depth is found. As an example, the 
negative anomaly beneath the Alboran Sea, observed at shallow depth (50–100 km), becomes 
positive in deeper layers (at ~100 and ~150 km in the S- and P-model, respectively) and tends to 
extend to the Balearic Sea and the Betics. These trends might be interpreted as the image of a 
subducted slab (e.g. Blanco and Spakman, 1993; Gutscher et al., 2002) or delaminated lithospheric 
material (Seber et al., 1996; Calvert et al., 2000). Since this structure is close to the western edge of 
the study area there is not enough resolution to discriminate between these hypotheses.  
Other pronounced low velocity anomalies (up to –4%) having a size of ~100 km are 
observed beneath the Massif Central (cross-section 1) and the Rhenish Massif (cross-section 12) 
from the top of the mantle up to a depth of ~300 km. In the depth range from 100 to 200 km these 
anomalies coalesce into a broad negative zone (between –1% and –3%) underneath the Tyrrhenian 
Sea, the ECRIS and extend to the east in the Bohemian Massif. These results are in general 
agreement with previous studies. However, remarkable differences with the existing models are 
observed in the Eifel region (Rhenish Massif). Keyser et al. (2002) and Ritter (2007) has found that 
the low velocities extend down to at least 400 km, hypothesizing a source of this anomaly in the 
TZ/lower mantle. However, the strong low velocity anomaly is observed (-4%) down to ~250 km in 
the P-model and a little bit deeper in the S-model (-2%) (cross-section 12). In contrast with recent 
regional study (Keyser et al., 2002; Ritter et al., 2007), the anomaly imaged by the S-model does not 
show any interruption at the mid of the upper mantle. In both models this anomaly extends to the 
top of the TZ, but with reduced amplitude (-1%). In the Eager Graben (Bohemian Massif) a low 
velocity zone (-2%) is observed in both P- and S-model, but only in the uppermost mantle between 
~80 km and ~250 km (cross-section 8), which leaves the question about hypothetical plume at 
greater depths (Plomerová et al., 2007) still open.  
Compared to the P-model, the S-model more clearly shows a continuous extension of the 
positive anomalies characterizing the Po plain, the Adriatic and the Ionian Sea to a depth of about 
100 km. These findings confirm the hypothesis for a cold and high density domain in the uppermost 
mantle (e.g. Tesauro et al., 2007), considered as a wedge of the African plate (e.g. Blundell et al., 
1992; de Jonge et al., 1993). Furthermore, the S-model with respect to the P-model more sharply 
marks at a depth of 50 km the transition from positive to negative anomalies from the Black Sea 
southward to the Anatolian Plateau and from the Adriatic and Ionian Sea westward to the 
Apennines, possibly reflecting an abrupt temperature change.  
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3.3. c. Alps, Apennines and Calabrian arc  
 
Below the western and central Alps the fast VP anomaly (2%) is particularly pronounced 
from 100 km down to 300–350 km. It is usually interpreted as the Eurasian lithosphere subducted 
below the Adria plate (e.g. Waldhauser et al., 1998; Lippitsch et al., 2003; Piromallo and Morelli, 
2003). The northwestern transition from this high-velocity structure to the low-velocity zone (-2%) 
characterizing the ECRIS is quite sharp. Cross-sections 1 and 9 of the P-model clearly image the 
Euarsian plate descending below the Adriatic lithosphere in a SE direction (cross-section 1) up to a 
depth of ~300 km. On the other hand, in the S-model the fast anomaly can be clearly traced down to 
~200 km only, without showing a clear subduction pattern, probably due to a lack of resolution.  
A negative anomaly beneath the Po plain (-1.5%) is clearly visible in both P- and S-model 
between 80-130 km and about 300 km. In contrast with local studies (e.g. Lippitsch et al., 2003), 
this anomaly is more extended at a depth of ~100 km in the P-model. A continuous high velocity 
zone is observed under the eastern Alpine chain, from ~2% at the top to ~1% at a depth of ~300 km. 
This might be an image of a subducted plate (cross-sections 2, 8 and 10 of the P-model), which is in 
agreement with previous studies (e.g. Lippitsch et al., 2003). However, as both the Eurasian and 
Adriatic plates seem to be connected in this high velocity body, the polarity of the slab remains 
unclear. At greater depths (>300km) the positive anomaly attenuates (cross-sections 8 and 10) and 
tends to join with the fast anomaly in the TZ beneath the Apennines related to the subducted Adria 
plate (cross-section 8). The detailed local model of Lippitsch et al. (2003) has evidenced an N-
dipping of the Adriatic slab in the uppermost part of the mantle down to ~250 km. The present 
model images elongation in the north direction only of the deep portion (below 300 km) of the slab 
(cross-sections 2 and 8), which supposes plunging of the Adria plate beneath Eurasia near the TZ. 
This conclusion principally different from previous studies needs further investigations, on account 
of the poor resolution at this depth. The S-wave model shows only a thick lithosphere (~150 km) in 
this area, without a clear pattern of subduction, like in the western Alps (cross-section 2, 8 and 10).  
Below most parts of the Apennines negative velocity anomalies are observed from the top of 
the mantle (-4%) up to a depth of ~100 km in both P- and S-model. At a greater depth (~150 km) 
two major high velocity structures (1%) are visible beneath the northern and the extreme southern 
part of the chain (Calabrian arc). At the depths from 250 to 350 km a unified fast anomaly is 
observed below the entire belt, which joins northward the positive anomaly beneath the Alps (cross-
section 9 of P-model). This anomaly is shifted westward in the deeper horizontal sections (350-400 
km). The shallow negative anomaly is usually interpreted as a part of the mantle wedge between the 
crust and the subducted slab (e.g. Chiarabba and Amato, 1996; Hearn, 1999), while the deeper high 
velocity structure represents a signature of the subducted Adriatic lithosphere (e.g. Piromallo and 
Morelli, 2003; Marone et al., 2004). The low anomalies observed in the model beneath the central 
southern Apennines up to a depth of ~250 km were differently interpreted in previous studies.  For 
instance, some authors explain this feature as a subducted promontory of the continental lithosphere 
(Lucente and Speranza, 2001) or as a lithosphere attenuated by a hot asthenospheric wedge (Amato 
et al., 1998; Cimini and de Gori, 2001). Other authors (e.g. Bijwaard and Spakman, 2000) have 
found a gap in the same area (~100 km wide) between the Adriatic plate and the subducted 
lithosphere, and interpreted it as a result of lateral migration of slab detachment from northwestern 
Italy to the Calabrian Arc (Wortel and Spakman, 1992). Several cross-sections (2, 3, 4, 5, 8 and 9) 
are displayed mostly perpendicular to the Apennines, in order to investigate the issue of the Adriatic 
slab continuity. It can be observed that below the northern Apennines (cross-section 2) a continuous 
fast body, which may be associated with the subducted plate, is imaged in the P-model down to the 
top of the TZ. However, this feature is not visible in the S-model, which only evidences a thick 
lithosphere (~150 km) without pronounced anomalies at greater depths. Beneath the central 
69
P and S velocity anomalies in the upper mantle beneath Europe
  
Apennines (cross-sections 3, 4 and 8) the anomaly pattern is remarkably different. A break of the 
fast velocity zone in the P-model with increasing size (from ~50 km to ~100 km) and depth (from 
100-150 km to 200-300 km) is found from north to south, respectively. Beneath the Calabrian arc 
the continuous lithosphere slab is imaged in the P-model (cross-sections 5 and 9) dipping to the 
west down to the top of the TZ, where it flattens (cross-section 9). However, this fast anomaly is 
attenuated between 50 and 100 km (cross-sections 4), which evidences for extension of the gap 
detected in the central-southern Apennines to this area (Bijwaard and Spakman, 2000). The deepest 
part of the Adriatic slab beneath the Apennines (> 250 km) is imaged in all cross-sections as a 
whole coherent body reaching the top of the TZ. The S-model also evidences for a gap 
disconnecting the slab subducted below the central-southern Apennines, but it is more attenuated 
(cross-sections 3, 4 and 8) and smaller in size (cross-section 4). Furthermore, the Adriatic subducted 
plate is imaged as a continuous fast body below the Calabrian arc (cross-sections 5 and 9). The S-
model demonstrates similar results in this area and reaches a much higher detail relative to previous 
models (e.g. Marone et al., 2004), which do not show usually a clear pattern of subduction and 
loose resolution below ~250 km. Therefore, both P- and S-model confirm the presence of a gap in 
the Adriatic slab below the central and southern Apennines, possibly extending to the Calabrian arc. 
This gap has been recently interpreted (Chiarabba et al., 2008) as a result of updoming 
asthenospheric material along a tear, which mechanically separates the Ionian and the Adriatic slab. 
However, the attenuation of the negative anomaly in the S-model evidences against the hypothesis 
of a pure thermal origin of this low velocity anomaly, since temperature variations would produce a 
stronger reduction of S than of P velocities (e.g. Goes et al., 1999).  
 
3.3. d. Carpathians  
 
Most of the Carpathians are underlain by fast P anomalies (2%) from the top of the upper 
mantle down to about 250 km (cross-sections 5 and 6). The presence of the deep lithospheric block 
underneath this area is also supported by previous tomographic models (e.g. Piromallo and Morelli, 
2003; Marone et al., 2004) and other geophysical studies (e.g. Kaban, 2001; Tesauro et al., 2007). 
However, the new S-model distinguishes fast anomalies in the same depth range beneath a part of 
the Eastern Carpathians only. At greater depths the S- and P-model are remarkably different: high 
velocities dominate in the first model, while low ones in the second, possibly on account of the 
lower resolution of the S-model in this area. In the Eastern Carpathians, below the Vrancea zone, 
fast velocities (2%) are found between 100 and 200 km in both P- and S-model. Between 200 and 
300 km the fast anomaly is persistent only in the P-model, becoming stronger than in the shallow 
depth (cross-section 6). This high velocity body has been a subject of many seismic studies (e.g. 
Oncescu et al., 1984; Oncescu et al., 1999; Cloetingh et al. 2004), being the locus of intermediate 
depth earthquakes (mostly range from 70 km to 180 km). Previous authors have given different 
interpretations of the origin, nature and extension of this body. According to one hypothesis this 
body is a detached remnant of the oceanic lithosphere slab (e.g. Wortel and Spakman, 1992; Wenzel 
et al., 1998). According to the second one, it represents a small fragment of the oceanic lithosphere 
still attached to the continental lithosphere (Fan et al., 1998). The recent high resolution teleseismic 
study of Martin et al. (2006) has imaged the high-velocity body beneath Vrancea in the depth range 
from 70 to 350 km with a change of orientation from NE-SW to N-S at ~200km. They interpret the 
deep aseismic part of the body below 200 km as decoupled from the overlying lithosphere.  
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3.3. e. Dinarides and Agean subduction zone  
 
At a depth of about 50 km both P- and S- model show the whole Aegean Sea underlined by 
a wide pronounced negative anomaly (-2%), which decreases in size and attenuates (-1%) at greater 
depths down to ~250 km (cross-sections 7 and 11). Furthermore, a strong positive anomaly (up to 
3%) is observed in the upper mantle from the top to ~250 km beneath the Hellenic Arc, which joins 
with the fast anomaly (2%) below the Dinarides. Both P- and S-model demonstrate a thick 
lithosphere (~200 km) beneath the Dinarides (cross-sections 1, 4 and 5), which is interpreted as a 
signature of the subducted Adriatic plate (e.g. Spakman, 1993). However, a clear image of the 
descending slab east and west of the Adriatic micro-plate is only visible in cross-section 5 of the P-
model. In particular, the slab subducting beneath the Dinarides reaches a shallower depth (~200 km) 
than below the Apennines. At the increased depth (>300 km), the high velocity anomaly beneath the 
Dinarides attenuates, while the anomaly below the Hellenides shifts northeastward, underlying the 
shallow low velocity structure under the Aegean Sea, extending down to the bottom of the model. A 
similar structure has been already revealed by previous studies that interpret the fast velocity 
structure as the African lithosphere subducted beneath the Aegean plate. However, Spakman et al. 
(1988) observe a discontinuity in the high velocity zone at a depth of 100–250 km interpreted as a 
detachment of the lower part of the slab (Wortel and Spakman, 2000). By contrast, regional 
tomography and receiver functions studies do not show any significant gap in the positive anomaly 
at these depths (e.g. Papazachos et al., 1995; Papazachos and Nolet, 1997; Sodoudi et al., 2006). At 
greater depths the continuous slab is visible even in the lower mantle down to 1200 km (Bijwaard et 
al., 1998; Karason et al., 2000). Both P- and S-model of the present study image a continuous high-
velocity body (with a lateral velocity contrast >3.5 %), which is almost horizontal in the first 50-
100 km and steeply dips (~45°) at greater depths down to the bottom of the model (cross-sections 6 
and 7). Furthermore, attenuation of the fast anomaly at the top of the TZ is observed, possibly due 
to a mineralogical change of phase occurring at this depth in cross-sections 6, 7 and 11. Cross-
section 11 also reveals a flattening of the subducted plate at the TZ. Previous studies (e.g. Faccenna 
et al., 2003; Widiyantoro et al., 2004) have demonstrated that the discontinuity at the bottom of the 
TZ produces a severe distortion of the flow trajectory trapping slabs into the upper mantle (e.g. 
beneath the Calabrian arc, cross-section 9) or producing their deflection, like in the present case. 
The mechanism controlling the different behaviour of the slab is still poorly understood, but it 
might depend on the amount of subducted material and on the way in which it cumulates at the TZ 
(e.g. Faccenna et al., 2003). Furthermore, there is a gradual steeping of the slab from west to east 
(cross-sections 6, 7, 11), leading to a more rapid sinking of the African plate beneath the eastern 
part, as previously observed in some global (e.g. Piromallo and Morelli, 2003) and regional (e.g. 
Papazachos et al., 1995) tomography studies. Therefore, the slab deflection, which is observed in 
the model only in the easternmost part, can be related to the higher subduction velocity, which 
resulted in a larger amount of cold material accumulated in the deepest mantle layers. In this area a 
very good consistency between the P- and S-model is found, on account of the high positive 
correlation existing between their anomalies. In particular, the S-model images the slab subducted 
in greater detail than previous and even recent models (e.g. Marone et al., 2004), which can detect 
this feature only in the first 300 km, losing resolution in the deeper layers.  
 
3.4. Conclusions 
 
A new tomographic model for P- and S-velocity anomalies beneath Europe (30°N-55°N, 
5°W-40°E), extending in depth up to 700 km and constrained by inversion of ISC data is presented. 
Different to previous models for the entire region, all travel times were corrected for the crustal 
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structure using the reference model EuCRUST-07. This provides a basis for a better discrimination 
between crustal and mantle heterogeneity. It has been demonstrated that the difference P-velocity 
anomalies for the cases of with and without crustal corrections reaches ±1.7% at 50 km, which is 
about 45% of the total anomaly amplitude. At a greater depth the influence of the crustal correction 
tends to decrease to 1% and it is still present at 150 km. 
 A good consistency is generally observed between the P- and the S-model for most of the 
area in the upper 200 km. Most of the features are clearly imaged in this depth range in both 
models, such as the thick lithosphere below the Alps and the Dinarides. For some structures 
corresponding anomalies can be traced even at greater depth, like the Adriatic and the African plate 
subducted beneath the Apennines and the Aegean Sea, respectively. In these areas a high positive 
correlation between P and S anomalies are found. In particular the S-model images the slab 
subducted with higher details than previous and even recent models. A disagreement between the 
two models is instead observed close to the edge of the study area (e.g. in the Carpathians) and in 
some cases at a depth greater than 200 km (e.g. in the Alps, where the subducted slab is imaged 
only in the P-model), on account of the loss of resolution of the S-model. Although both models are 
in general agreement with previous global tomographic P and S studies for the entire region, they 
provide higher resolution, which resulted in imaging small scale anomalies in greater details (e.g. 
the slow velocity body beneath the Massif Central). A comparison between the P- and the S-model, 
where they have good correlation, has confirmed some previous results (e.g. the gap in the Adriatic 
plate subducted below the central-southern Apennines), making it possible to support or exclude 
hypotheses on the nature of the observed anomaly.  
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CHAPTER 4 
 
A new thermal model of the European lithosphere1  
 
4.1. Introduction 
 
Temperature is one of the key parameters controlling lithosphere dynamics and rheology. 
Up to now, temperature distribution is directly determined at depth using borehole measurements 
only in the shallowest part of the crust (0-5 km) in most parts of Europe (e.g. Hurtig et al., 1992). 
Temperature estimates for the deeper horizons of the lithosphere, where the heat transport is mostly 
conductive, require a precise knowledge of many crustal parameters (mainly thermal conductivity 
and heat production) and are extremely uncertain, even in the case when the steady state thermal 
conductivity equation (e.g. Chapman, 1986) might be used with sufficient reliability. In addition, 
the near-surface heat flow determinations depend on numerous local and shallow effects (e.g. 
hydrothermal fluids circulation, sedimentation and climatic changes), whose influence might be 
hardly removable beforehand. Furthermore, in many areas affected by transient processes (e.g. 
mantle upwellings) the steady state thermal conductivity equations cannot be applied, while other 
approaches require a precise knowledge about thermal history, which normally is not defined with 
sufficient accuracy. Alternatively, xenolith data can be used to estimate mantle geotherms (e.g. 
Artemieva and Mooney, 2001). However, they can be found in a limited number of localities and 
their areal distribution is even scarcer than heat flow measurements.  
Therefore, indirect approaches are needed to determine temperature distribution within the 
lithosphere. Seismic tomography is commonly used for this purpose (e.g. Sobolev et al., 1996; Goes 
et al., 2000). The strong effect of temperature on the seismic velocity and elastic moduli has been 
known for a long time from laboratory studies on upper mantle rocks (e.g. Birch, 1943; Hughes and 
Cross, 1951). Therefore, temperature changes in the mantle lithosphere can be derived from the 
variations of seismic velocities. However, seismic velocities also depend on many other factors (e.g. 
partial melt, anisotropy and composition), which strongly affect temperature estimates, as discussed 
in the following section. 
In this chapter I present an improved temperature model for the European lithosphere 
obtained from inversion of the new tomography model (Chapter 3), supplemented by EuCRUST-07 
(Chapter 2). As mentioned before, it has been demonstrated that the use of a priori crustal model 
may significantly improve determination of the seismic velocities in the uppermost mantle. 
Consequently, employment of a more robust seismic tomography model will improve a temperature 
model of the European lithosphere.  
 
4.2. Thermal model of the European lithosphere   
`  
The new seismic tomography model (Chapter 3) provides a basis for determination of the 
temperature distribution within the upper mantle. However, this model, as well as other body-wave 
models, reliably provides only lateral velocity variations, which are not so sensitive to a choice of 
                                                
1
 This chapter is mainly based on the paper: Tesauro, M., Kaban, M.K., Cloetingh, S.A.P.L., 2009. A new thermal and 
rheological model of the European lithosphere, Tectonophysics (accepted). 
 
  
the one-dimensional reference model (Koulakov et al., 2009). Consequently the absolute velocities 
required to determine mantle temperatures are usually not well constrained (e.g. Cammarano et al., 
2003). It is also critical that the 1D global models (e.g. ak135, Kennett et al., 1995), normally used 
in most tomography studies, represent an average of the laterally heterogeneous Earth structure, but 
on account of the non-linear relationship of seismic velocities and temperatures (e.g. Goes et al., 
2000), the average seismic velocity profile does not necessarily translate into the average 
temperature distribution (Cammarano et al., 2003). Furthermore, the global reference models, as 
determined for the whole Earth, provide a better adjustment for the oceanic areas. The average 
depth-dependent velocity profile in the continental areas may differ by 0.15-0.2 km/sec for P-wave 
velocities from the typical oceanic profile (e.g. Gudmundsson and Sambridge, 1998). This value 
corresponds to several hundred degree difference in the temperature estimates. In order to solve this 
problem, a new reference velocity model according to the specific tectonic settings of the study area 
is defined. The employment of this new regional reference model resulted in consistent lateral 
temperature variations in the mantle, which are then extrapolated to the surface. For this purpose, 
typical crustal isotherms determined for different tectonic provinces on the base of characteristic 
values of the radiogenic heat production for each crustal layer are used (Čermák, 1993).  
It has been already demonstrated that temperature is the main parameter affecting seismic 
velocities in a depth range of about 50–250 km (e.g. Jordan, 1979; Sobolev et al., 1996; Goes et al., 
2000). On the other hand, it should be considered that other factors also affect seismic velocities, 
likely differently for different types of wave (P or S). Below a brief description of these factors is 
given: 
Anharmonicity. Anharmonicity refers to behaviour of the materials in which elastic 
properties change because of temperature (or pressure) caused by the deviation of lattice vibration 
from harmonic oscillator (e.g. Anderson, 1995). This process does not involve any energy 
dissipation, but produces thermal expansion. Therefore, elastic properties of materials may vary due 
to the change in mean atomic distances.  
Anelasticity. Anelasticity is a dissipative process involving viscous deformation (e.g. Karato 
and Spetzler, 1990). The degree to which viscous deformation affects seismic wave velocities is 
measured by the attenuation parameter Q and depends on the frequency of seismic waves. 
Consequently, the anelasticity results in the frequency dependence of seismic wave velocities. For 
temperatures <900°C, rocks behave essentially elastically with very low levels of dissipation (Q-1< 
10-2), while above this threshold, the dissipation is progressively increased (Karato, 1993). There are 
a lot of uncertainties in the anelasticity calculations. However, even coarse and approximate 
estimations of this effect remarkably improve reliability of the estimated temperatures (e.g. Goes et 
al., 2000). 
Partial Melt. The effect of partial melting on seismic velocities is likely large (Sato et al., 
1989; Schmeling, 1985), but not well constrained by experimental/theoretical results. The main 
uncertainty is due to the strong dependence on melt geometry and whether or not melt pockets are 
interconnected (Mavko, 1980). Modelling results (e.g. Schmeling, 1985) demonstrate a stronger 
decrease of shear modulus than of the bulk modulus. Furthermore, a preferred orientation of the 
melt pockets in the mantle may cause anisotropy of the seismic velocities and attenuation (Karato 
and Jung, 1998). 
Water. Formation of even small amounts of free water through a dehydration of the water-
bearing minerals is known to significantly decrease seismic velocities in crustal rocks (e.g. Popp 
and Kern, 1993). The presence of water may affect the velocities even at temperatures below the 
solidus (Sobolev and Babeyko, 1994). Furthermore, the presence of water results in a decrease of the 
melting temperature (Tm), which reduces mantle seismic velocities, through enhanced anelasticity 
(e.g. Karato and Jung, 1998).  
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Anisotropy. The crustal anisotropy strongly relates to tectonic processes, which generate 
rock fabric and structural alignments such as preferred orientations of foliation, schistosity, 
fractures or folds. In the upper mantle, the anisotropy is usually caused by lattice-preferred 
orientation (LPO) of olivine and pyroxene with their axes being aligned in the direction of the old 
tectonic movements (in the lithosphere) and of the plate motion (in the asthenosphere). The effect of 
anisotropy on the velocity estimates may be strong in the areas where seismic sampling is 
dominated by one propagation or polarization direction. Since the direction of anisotropy appears to 
vary throughout a large area (e.g. in Europe), its effect should not result in a systematic bias on the 
inversion for temperature. In addition, this might produce discrepancies of the temperature 
derivations based on different type of velocities (P or S) in the regions where the ray coverage is not 
good enough (Goes et al., 2000). 
Composition. Previous studies have demonstrated that variations of the iron content in the 
lithosphere mantle have a large effect on seismic velocities (higher on S than on P-waves) than any 
other variations in composition and mineralogy (e.g. Deschamps et al., 2002). However, the effect 
of the composition changes is significantly smaller than the effect of temperature variations: for 
example 1% of Vs anomaly can be explained either by a 4% variation of iron content or by a 
thermal anomaly of 50°-100 °C (Nolet and Zielhuis, 1994; Deschamps et al., 2002). 
The anharmonic and anelastic effects may be relatively easy quantified while estimating 
temperatures from seismic velocities. The other factors need more precise knowledge about 
structure and composition of the lithosphere, which may not be easily derived from the crustal and 
tomography models. This could result in an uncertainty in temperature determinations and 
discrepancy between temperatures derived from P- and S-wave velocities. Assuming that the seismic 
model is well resolved and the composition is known, the uncertainty of the inferred temperatures is 
about ±100 ◦C above 400 km (e.g. Cammarano et al., 2003).  
The temperature distribution in the upper mantle is evaluated by inverting the new tomography 
model of Koulakov et al. (2009) presented in Chapter 3. The limited marginal areas not covered by 
the original seismic model were supplemented by the data from the model of Bijwaard and 
Spakman (2000), which is based on nearly the same data-set. The seismic anomalies from this 
model have been interpolated for the same locations and depth as in the original grid of Koulakov et 
al. (2009) and have been corrected for the mean difference existing at each depth in the common 
part of the area. To produce a smooth transition between the two compilations, a buffer zone 
between them of about 50 km is left, which has been filled using a kriging interpolation. As was 
stated before, the absolute velocities should be employed for temperature estimates (e.g. Goes et al., 
2000). Both seismic tomography anomalies of Koulakov et al. (2009) and Bijwaard and Spakman 
(2000) are referred to the same 1D global seismic reference model (ak135, Kennett et al., 1995). 
However, even in this case, the velocity models are shifted relative to each other in the European 
region (by approximately 0.043), which clearly demonstrates their limitation in deriving reliably 
absolute values.  
The ak135 reference model was adjusted for the study area in order to better constrain the 
absolute velocities and resulting temperature estimates. A systematic difference between the 
oceanic and continental areas normally persists to a depth of about 300 km (e.g. Nolet et al., 1994), 
which should be also reflected in the regional reference model. One important source of information 
about the absolute values of the seismic velocities in upper mantle are the long-range 
refraction/reflection profiles (> 2500 km) reaching the transition zone (e.g. Gudmundsson and 
Sambridge, 1998). Unfortunately, such seismic sections are only available east from the study area, 
along the EEP and Siberia. However, these profiles show that the most important differences in the 
continental areas exist at the depths down to about 150 km (e.g. Quartz profile; Pavlenkova and 
Pavlenkova, 2008). At greater depths both the old EEP and the young West Siberian Basin are 
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characterized by similar velocities from Vp=8.45 km/s at a depth of 150 km to about 8.6 km/s at 350 
km. These data suggest us to use a similar model also for western Europe. This approach provides a 
preliminary adjustment, while the final tuning should be done by comparison with the characteristic 
geotherms and independent determinations of the lithosphere-asthenosphere boundary (LAB) depth. 
Based on these considerations, the velocity values of ak135 are increased by 0.1-0.18 km/s in the 
uppermost part of the mantle (up to ~200 km), and less than 0.1 km/s at greater depths. The 
maximum offset corresponds to the depth of 135 km. At the depths >200 km the velocity difference 
between ak135 and the new reference model becomes smaller, while disappears below 250 km. In 
this way, the new reference model has the velocity in the uppermost mantle, which is higher than in 
the oceanic areas but lower than the values observed in the EEP (Pavlenkova and Pavlenkova, 
2008). This is a reasonable compromise before further studies will better constrain the European 
seismic reference model. However, it is shown below that already this model gives the opportunity to 
construct a more realistic thermal model of the European mantle. In order to eliminate small scale 
artefacts, the velocity field in each layer has been processed by a low-pass filter leaving  the 
wavelengths greater than 400 km. These data were finally used to estimate the mantle temperatures. 
An iterative inversion similar to the previous authors is performed (e.g. Sobolev et al., 1997; 
Goes et al., 2000). From a given starting temperature the final one is obtained through iteration at a 
given point using the velocity (P or S-wave) and velocity derivative calculated for anharmonicity 
and anelasticity effect: 
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where T is temperature, n is the iteration number, Fdamp the damping factor and Vobs and Vsyn are 
observed (i.e. tomographic) and synthetic seismic velocity, respectively. A strong damping effect 
(Fdamp) is necessary, since the velocity derivative depends very non-linearly on temperature due to 
the effect of anelasticity (Goes et al., 2000). Vsyn takes into account both the anharmonic (Vanh) and 
anelastic (Vanel) effects and can be expressed as follows (Minster and Anderson, 1981): 
),,(),,(),,,( ωω TPVXTPVXTPV anelanhsyn =    (4.2) 
where X stands for composition and P for pressure.  
The synthetic velocity derivative is given by a sum of the derivatives related to the 
anharmonic and anelastic effect: 
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The anharmonic part of the velocities is calculated using the infinitesimal strain approximation, 
which is valid to a depth of ~200 km (Leven et al., 1981) and already used in previous studies (e.g. 
Goes et al., 2000). The estimation of density and elastic parameters of rocks of a given 
mineralogical composition was done using the Voigt-Reuss-Hill (VRH) averaging of the parameters 
for the individual minerals (Hill, 1963) (Appendix A2). The values of the elastic parameters and of 
their derivatives used in the calculation are taken from Cammarano et al. (2003). Since the area of 
study is mostly continental and is not extended far to the regions affected by a mantle strongly 
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depleted in iron such as the Baltic Shield (Kaban et al., 2003), the average continental garnet 
lherzolite composition (Jordan, 1979), which was already adopted in the previous study of Goes et 
al. (2000), was used as a reference composition for the entire area (Table 4.1).  
 
Mineralogy Garnet 
Lherzolite 
Piclogite Harzburgite 
(mode, vol.%)    
Olivine  67 40 82 
CPX  4.05 22 - 
OPX  23 8 14.4 
Garnet  5.05 22 3.6 
Ca-Garnet  - 8 - 
FeO/MgO + FeO  0.11 0.11 0.11 
 
Table 4.1: Mantle models composition: average continental garnet lherzolite composition from 
Jordan (1979); piclogite from Bass and Anderson (1984); harzburgite from Irifune and Ringwood 
(1987). 
 
The anelasticity part of the velocity depends on the attenuation parameter Q, as expressed 
below: 
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Q for S-wave velocities is given by  
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( ) PVEPH +=      (4.6) 
where A is the normalization factor, a is the exponent describing the frequency dependence of the 
attenuation (between 0.1 and 0.3, consistent with the seismic observations), ω the seismic 
frequency (equal to 1Hz), H is the activation enthalpy, E is the activation energy, T the temperature, 
R the gas constant and V the activation volume. Q for P-wave velocities (QP) is given by (e.g. 
Anderson and Given, 1982): 
( ) 111 1 −−− +−= µLQQLQ KP     (4.7)  
where  
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and QK is the bulk attenuation and taken to be a constant equal to 1000 (e.g. Goes et al., 2000).  
According to Karato (1993), a useful homologous temperature scaling is:  
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where the dimensionless factor g is a function of the activation enthalpy E, the melting temperature 
Tm and the gas constant R. From experimental results g is between 20 and 30 for olivine in the 
uppermost mantle (Karato, 1993). The melting temperature between 0 and 10 GPa has been 
calculated using the peridotite solidus KLB1 (Hirschmann, 2000). The effect of anelasticity was 
estimated using the model based on the homologous temperature scaling approach (model Q4 
defined in Cammarano et al., 2003), since large uncertainties exist in the estimation of the activation 
enthalpy (Karato, 1993). By contrast, the uncertainties in the melting temperature (<100°C) are 
negligible compared to the other uncertainties (e.g. Cammarano et al., 2003). However, also an 
attenuation model based almost completely on mineral physics data (model Q1 defined in Goes et 
al., 2000) was tested. The difference between the temperature distributions for two models is 
~100°C at the high temperatures, at which the anelasticity produces a remarkable effect (>900°C). 
Furthermore, in order to estimate the uncertainties expected due to the choice of a mantle 
composition, additional tests were made. In particular, the temperature was estimated at 60 km of 
depth for a piclogite and for a harzburgite mantle model. The first lithotype is extreme in its low 
olivine content, while the second one represents the lithosphere of the subducted slab (Table 4.1). 
The average difference in the temperature estimates between the two compositional models and the 
garnet lherzolite is significant only for the piclogite (+215°C), while it is relatively small for the 
harzburgite (+60°C). On the other hand, the piclogite composition might be representative only  of 
a very small part of the European mantle. Therefore, the average uncertainties related to the 
compositional contribution in the study area are probably much less than the average values 
estimated. 
The obtained temperature distributions at the top of the mantle and at depths of  60 and 100 
km are displayed in Figs. 4.1, 4.2 and 4.3. In addition, three vertical cross-sections through the main 
tectonic structures of Europe are shown in Fig. 4.3. Mean geotherms for the main geological 
domains of Europe are shown in Fig. 4.4. The linear trend of the temperature distribution evidences 
the reliability of the new regional reference velocity model adopted in the inversion. The mantle 
temperature in the uppermost part varies from 550°-800°C in the EEP and the Black Sea through 
900°-1100°C in some parts of western Europe. A sharp temperature change of about 200°C 
occurs across the TESZ and persists also in the deeper layers of the upper mantle. The hottest area 
in the eastern part of the study area corresponds to the Anatolian Plateau, where also a high heat 
flow is observed (Chapter 2). In western Europe the isotherms updome beneath the areas subjected 
to strong extension (e.g. the ECRIS and the Tyrrhenian Sea) and the regions of active Tertiary 
volcanism (e.g. Pannonian Basin and Massif Central) (Fig. 4.3). The mean geotherms in these areas 
are very similar showing temperatures, which are close to ~1200°C at a depth of 100 km and even 
shallower (e.g. in the Tyrrhenian Sea). By contrast, lower temperatures are observed beneath the 
Pyrenees, the Alps and the Dinarides-Hellenic arc (between 750°-850°C at depth of 60 km and 900°- 
1050°C at 100 km), likely due to a presence of deep lithospheric roots and subducted slabs (Chapter 3).  
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Fig. 4.1(top): Temperature variation (C°) at Moho depth. The values are extrapolated from the 
mantle temperature using typical crustal isotherms determined for different tectonic provinces 
defined in Čermák (1993). 
Fig. 4.2: Temperature variation (C°) at 60 km. 
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Fig. 4.3: Temperature variation (C°) at 100 km depth and temperature distribution in the upper 
mantle along three cross-sections shown by the three black lines.  
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Fig. 4.4: Average mantle geotherm of the main tectonic European features. 
 
Furthermore, the temperature in the Aegean Sea is not so high, as it could be expected for a 
basin that experienced recent extension. The mean geotherm here shows a lower thermal gradient 
compared to other areas (Fig. 4.4), likely on account of the cold African slab subducting under this 
basin. The lowest geotherms are observed between North Denmark and southern Norway and 
beneath the North Sea. The mantle temperature in these areas is between 550° and 800°C at 60 and 
100 km, respectively. However, in the region close to the borders of the study area the thermal 
inversion might be affected by larger errors in the amplitudes of the seismic anomalies, on account 
of the poorer density ray coverage.  
 
4.3. Lithosphere thickness of Europe 
 
The term “lithosphere” comes from the Greek (lithos=rock) and was first used by Barrell 
(1914), while later it was defined by Isacks et al. (1968) as a “near surface layer of strength”  of the 
Earth. Nowadays, there are various geophysical definitions of the Earth’s lithosphere and 
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consequently, different methods can be applied to trace it. The most common definitions identify 
the lithosphere as a cold outer shell of the Earth, which can support stresses elastically (Anderson, 
1989), or as the layer in which density and other mechanical properties are controlled by chemical 
composition and temperature (Jordan, 1978). Furthermore, below the base of the lithosphere, 
anisotropy is controlled by convective shear stresses and should be aligned with the direction of the 
present mantle flow. On the other hand, within the lithosphere anisotropy probably reflects fabrics 
inherited from past tectonic events (e.g. Silver, 1996). Therefore, the depth, at which a transition 
between the fossil and flow-related anisotropy takes place, might also be interpreted as the base of 
the lithosphere (e.g. Plomerová et al., 2002).  
The lithosphere-asthenosphere boundary (LAB) may be detected using P- and S- receiver 
functions determinations (e.g. Sodoudi et al., 2006). The methods, which provide isotropic 
tomography images of the mantle using body waves (e.g. Arlitt, 1999) or surface waves (e.g. Cotte 
et al., 2002), can estimate also position of the LAB. Magnetotelluric measurements (Praus et al., 
1990; Korja et al., 2002) provide another means for determination of the LAB, showing the layer 
with increased electrical conductivity, possibly on account of partial melting at the lithosphere base. 
The widely adopted thermal definition considers the lithosphere as the layer, in which heat transfer 
occurs prevalently by conduction, below a temperature threshold of about 1300ºC, at which starts 
the partial melting (e.g. Anderson, 1989; Artemieva and Mooney, 2001). However, since mantle 
convection depends on viscosity, which is also temperature dependent, the base of the thermal 
lithosphere is defined sometimes as 0.85 of the solidus temperature (i.e. 1100°C for the mantle 
solidus of 1300°C) (e.g. Pollack and Chapman, 1977). On the other hand, mechanical properties of 
the mantle may change gradually in the vicinity of the solidus, consequently no sharp boundary 
between the lithosphere and the asthenosphere possibly exists (e.g. Cammarano et al., 2003). 
Seismic velocities are very sensitive to temperature variations near the melting point, thus the 
thermal definition of the lithosphere should be coincident with the seismological definition.  
On the base of the above considerations, the LAB was traced along the 1200°C isotherm 
(Fig. 4.5). The largest values of the lithospheric thickness between 150 and 230 km are observed 
beneath the EEP and are in a general agreement with previous estimates in this region (e.g. Babuška 
and Plomerová, 2006). On account of the vertical resolution of the tomograpy model (25 km or 
more) and of the filter used to smooth the velocity fields, it is not possible to determine small scale 
LAB variations for narrow tectonic structures. Therefore, the LAB depth is slightly underestimated 
in several areas (e.g. beneath the Alps) and overestimated in some others (e.g. beneath the 
Pannonian Basin). In particular, the lithospheric thickness beneath the Tyrrhenian Sea is 
significantly overestimated (~50 km) compared to previous models (e.g. Calcagnile and Panza 
1990; Panza and Raikova, 2008). The reason of such a strong discrepancy needs more detailed 
investigations. In general, in most part of the study area a good agreement between the lithospheric 
thickness variations and previous local models of European lithosphere was found (e.g. Praus et 
al., 1990; Babuška and Plomerová, 2006). The thinnest lithosphere (<100 km) is observed in 
correspondence of the ECRIS and in the Tyrrhenian Sea, where also an updoming of the Moho is 
observed (Chapter 2). A regional thinning also appears beneath the Massif Central, possibly relating 
to a presence of the mantle plume (e.g. Sobolev et al., 1997), and in other regions affected by 
Tertiary volcanism (e.g. Pannonian Basin). The obtained results are mostly consistent with recent 
receiver functions determinations (Sodoudi et al., 2008), which estimate the LAB between 80 and 
120 km in this area (Fig. 4.5). The lithosphere becomes thicker to 120-140 km toward the flanks of 
the Pannonian Basin, beneath the Bohemian Massif and the Alpine foredeep and to ~150 km 
beneath the Carpathians. The thickening of the lithosphere continues to the south beneath the Alps 
(~150 km), where the roots are associated with the collision of the European and the Adriatic plates. 
Large lithospheric thicknesses (140-160 km) are also observed along the Dinarides-Hellenic arc with a 
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maximum of ~180 km beneath the Aegean Sea. These values slightly exceed the receiver functions 
determinations, which trace the LAB at ~160 km (Sodoudi et al., 2006) (Fig. 4.5). However, the 
bottom of the thermal lithosphere cannot be clearly distinguished in this area from the top of the 
African slab subducting beneath the Aegean plate. 
 
 
 
Fig. 4.5: Depth of the isotherm of 1200°C marking the lithosphere-asthenosphere transition (km). 
Black crosses and red numbers show, respectively, location and values of lithospheric thickness 
according to receiver functions data (Sodoudi et al., 2006 and 2008). 
 
4.4. Conclusions 
 
A new thermal model of the European lithosphere has been derived from the improved 
tomography model of Koulakov et al. (2009), which has been corrected a priori for the crustal 
effect using EuCRUST-07 (Chapter 3). Although the computation approach is similar to previous 
studies, the employment of the more robust tomography model increases reliability of the results. 
The absolute values of the tomography model have been corrected by applying the 1D reference 
model, which corresponds to specific tectonic settings of the study area. The employment of the 
new regional reference model makes it possible to obtain a consistent temperature distribution in the 
mantle, which is extrapolated then to the surface. For this purpose we use typical crustal isotherms 
determined for different tectonic provinces on the base of characteristic values of the radiogenic 
heat production for each crustal layer. 
The obtained results demonstrate a temperature range in the uppermost mantle of about 550°-
750°C in eastern Europe and of 900°-1100°C in western Europe. A sharp change of the temperature 
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occurs beneath the TESZ and extends to the deeper layers of the upper mantle. The hottest areas 
correspond to the basins experienced recent extension (e.g. Tyrrhenian Sea and Pannonian Basin). 
Low temperatures are found beneath the Pyrenees, the Alps and the Dinarides-Hellenic arc, likely 
due to the presence of the deep lithospheric roots and subducted slabs. The new temperature 
estimates are used to trace the lithosphere-asthenosphere thermal boundary, as a depth of the 
isotherm 1200°C. The lithospheric thickness is less than 100 km beneath the ECRIS and the hot 
basins (e.g. Tyrrhenian Sea), while the maximum values are observed beneath the East European 
Platform (200-230 km), the Alps and the Dinarides-Hellenic Arc (150-180 km).  
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CHAPTER 5 
 
Gravity model of the European lithosphere1 
 
5.1. Introduction 
 
Knowledge about density inhomogeneities in the crust and upper mantle is important for 
many geophysical applications. Thermal and compositional density anomalies in the upper mantle 
largely control ongoing tectonic processes. Previous studies (e.g. Kaban et al., 2003) have clearly 
demonstrated that seismic tomography can resolve only some part of the mantle structure mainly 
related to temperature anomalies. Many principal anomalies, which play a key role in dynamic 
processes, remain hidden from seismic studies. These anomalies might be resolved by gravity 
modelling. As density anomalies in the crust and mantle lithosphere largely control stress fields 
within the lithosphere, gravity modelling was often used to investigate the lithospheric structure of 
Europe. 
Traditional investigation methods were usually employed to obtain information directly 
from the observed field (like Bouguer anomalies), attempting to reconstruct principal features of the 
crustal structure. The most recent studies include Gomez-Ortiz (2005), who mapped the Moho 
depth in central Spain, Rotstein et al. (2006) who have determined location and geometry of faults 
in the URG and Pinto et al. (2005), who tried to locate buried rocks, like the Triassic salt bodies in 
the Cantabrian domain. However, the employment of only gravity data is not sufficient to obtain a 
reliable model, since the solution of the inverse gravity problem is usually non unique (e.g. Kaban 
et al., 2004). Therefore, other geophysical data (primarily seismic) are required and used in many 
studies to investigate the lithosphere (e.g. Kaban and Mooney, 2001; Kozlovskaya et al., 2001). An 
example from the most recent papers related to Europe is given by the study of Pedreira et al. 
(2007) that focused on the complex crustal structure of the boundary zone between the Iberian and 
European plates. Their study contributed to the reconstruction of the geometry of the orogenic belt, 
which formed in latest Cretaceous-Tertiary times along the northern margin of Iberia. Lyngsie et al. 
(2006) have investigated the locations of the collisional sutures of three continents (Avalonia, 
Laurentia and Baltica) in the North Sea. One of the most comprehensive models was presented by 
Ayala et al. (2003), who investigated the 3D density structure of the lithosphere of the northwestern 
Mediterranean. Kozlovskaja et al. (2004) constructed a very detailed model for a part of Northern 
Europe (Finland), which is based on a joint interpretation of the gravity and seismic data. 
Furthermore, several attempts were made to use gravity data together with topography and surface 
heat flow to constrain thermal structure of the lithosphere, like in the Pannonian Basin (Zeyen et al., 
2002) and the Eastern Carpathians (Dérerová et al., 2006). However, most of these studies cover 
relatively small areas of Europe and some of them are based on interpretation of separate seismic 
sections. In addition, they are performed using different modelling approaches data-sets and 
reference models, which make difficult to compare the results obtained for different structures when 
the whole Europe is considered. The first gravity model of the lithosphere including most part of 
Europe was constructed by Artemjev et al. (1994). However, this is a large scale model, which does 
not image many principal details of the European lithosphere and it is based on sparse and very old 
data. Several later studies focus specifically on the European region (e.g. Yegorova and 
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 This charter is mainly based on the paper: Kaban, M.K., Tesauro, M., Cloetingh, S.A.P.L., 2009. A new gravity model 
of the crust and upper mantle of Europe. Earth Planet. Sci. Lett. (under review). 
 
  
Starostenko, 1999 and 2002; Tesauro et al., 2007), but the initial data used are also incomplete and 
largely outdated. 
Reliability of the gravity data strongly depends on robustness of the crust/upper mantle 
models (mainly based on seismic data) used in the integrative modelling together with the gravity 
data. It has been demonstrated that the observed gravity field is highly affected by density 
anomalies within the crust, being the most heterogeneous layer in the Earth (e.g. Kaban et al., 
2004). The crustal effect almost completely masks the effect of mantle anomalies, especially on the 
regional level. A common way to overcome this problem is to calculate a priori the crustal gravity 
effect and to remove it from the observed gravity field. This gives residual mantle anomalies, which 
directly image density variations in the mantle (e.g. Kaban et al., 2003). The latter are suitable for 
geodynamic reconstructions and modelling of the processes responsible for the evolution of the 
lithosphere. Attempts to calculate mantle gravity anomalies were made since the ‘70s (e.g. Nersesov 
et al., 1975) when the first seismic experiments provided data on the crustal structure. However, 
reliable 3D models have been constructed only when a sufficient amount of seismic data have 
become available. It has been demonstrated that significant errors in the Moho position might lead 
to the errors in the residual mantle anomalies, which exceed 100 mGal (Tesauro et al., 2008). 
Therefore, construction of a new mantle gravity map throughout Europe using the newest data on 
the crustal structure and a consistent approach is a great challenge. 
In this chapter a new gravity model of the European lithosphere is presented. The new 
model is based on several data-sets, which are greatly improved relative to previous studies. To 
remove the crustal effect from the observed gravity I used EuCRUST-07 (Chapter 2). The residual 
mantle anomalies obtained show a detail never reached in previous studies, on account of the 
robustness of the crustal model employed. The density structure of the crust is also used to calculate 
the residual topography, which is directly related to the isostatic conditions, mantle structure and 
dynamic topography of the area (e.g. Kaban et al., 2004). The initial gravity field is based on joint 
interpretation of the existing terrestrial and new satellite data, which provide for the first time a 
homogeneous coverage of the whole area under study (Förste et al., 2008). Furthermore, the new 
thermal model described in Chapter 4 is used to estimate the gravity effect induced by mantle 
temperature, leading to the distinction of this anomaly field from the compositional one in a great 
detail.  
 
5.2. Initial data 
 
5.2. a. Gravity data 
 
Despite a large amount of surface gravity observations existing in Europe, even till recently 
it has been a problem to construct a homogeneous gravity map for the entire region. Existing 
national gravity surveys are often incomplete and the corrections applied for the initial observations 
are often not specified (e.g. terrain correction). The new satellite data (CHAMP, GRACE) provide 
for the first time a basis for construction of such a homogeneous gravity model. We use EIGEN-
GL04C, which is based on combination of the satellite (CHAMP, GRACE) and terrestrial data 
(Förste et al., 2008). The model is complete to degree/order 360 in terms of spherical harmonic 
coefficients and resolves features of about 55 km width in the geoid and gravity anomaly fields 
(Fig. 5.1). A special band-limited combination method has been applied in order to preserve the 
high accuracy from the satellite data in the lower frequency band of the geopotential and to form a 
smooth transition to the high frequency information coming from the surface data. 
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Fig. 5.1: Observed gravity field (mGal), combined satellite-terrestrial model GL04C (Förste et al., 
2008). 
 
5.2. b. Density model of sediments 
 
The thickness of the sediments in the study area is specified in the EuCRUST-07 model with 
great details (Chapter 2). However, the density structure of the sedimentary layer is not 
homogeneous in both vertical and lateral directions. Furthermore, density variations within 
sediments often produce a much larger gravity effect than the variations in its thickness (e.g. Kaban 
and Mooney, 2001). Due to this strong heterogeneity, it is very difficult to joint separate strata in 
well-logs into uniformed layers over the whole region. Whenever possible a detailed division of the 
sedimentary layer obtained by local studies, like in northern Europe (Scheck et al., 2007) and the 
northwestern Mediterranean (Ayala et al., 2003) was used. In the areas, where detailed models were 
not available a smooth density-depth relationship based on averaged borehole and seismic data and 
well-determined density-compaction relations was constructed. This approach has been successfully 
used in previous gravity modelling of sedimentary basins (e.g. Jachens and Moring, 1990; 
Langenheim and Jachens, 1996; Artemjev and Kaban, 1994; Kaban and Mooney, 2001). 
If we consider only the effect of compaction, the main density increase occurs down to a 
depth of 7-8 km, since pores close rapidly as the pressure increases. This is clearly visible in the 
density-depth relationship plotted for young basins (characterized by minimum density of 
sediments) based on well-log and seismic data (Fig. 5.2). Therefore, without considering lithology 
changes, at depths greater than 8 km the density of sediments is close to the density of the 
crystalline rock and their thickness variations affect the gravity field insignificantly. Geophysical 
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exploration methods and drilling data reveal a very complex structure of the sedimentary cover, 
including numerous local boundaries, producing strong density contrasts (e.g. Kaban and Mooney, 
2001). On account of the heterogeneities present in the sedimentary layer, the only approach 
suitable for a regional study consists in the use of general patterns of the density variations with 
depth and their correction accounting for the lithology of a specific basin. Therefore, each 
sedimentary basin is specified by a concrete depth dependence of the density of sediments. This 
approach was successfully applied in previous studies (e.g.Yegorova and Starostenko, 1999; Kaban
and Mooney, 2001).  
 
 
 
Fig. 5.2: Density-depth relationship plotted for young sedimentary basins based on well-log and 
seismic data (Kaban and Mooney, 2001). 
 
As demonstrated in Chapter 2, the distribution of the sedimentary cover in the study area is 
very heterogeneous. Very deep basins (> 10 km) are located in different parts of Europe, formed 
both in compressional (e.g. the Focşani Basin) and in extensional regimes (e.g. Atlantic Margin 
basins), while in large regions the sedimentary thickness is negligible (e.g. in Fennoscandia). 
Therefore, since strong lateral variations of the gravity effect of sediments are expected, an accurate 
evaluation of the average density of this layer is necessary. To this aim, a detailed study, 
comprehensive of data collection of seismic velocity distribution in the sediments, was carried out. 
In Table 5.1 estimates given by previous authors about age, thickness, velocity and, in some cases, 
density of the sub-layers composing the sedimentary cover of the different geotectonic features are 
displayed. These data are quite heterogeneous on account of the complicated structure of this layer 
and of the different degree of detail reached in the previous studies. For instance, in the recent work 
of Scheck-Wenderoth et al. (2007) the sedimentary cover present in the Møre and in the Vøring 
Basin has been divided in 6 sub-layers of different age, thickness and average P-wave velocity. By 
contrast, for the thick sedimentary package of the Aquitaine Basin (up to 10 km) only surface and 
bottom compressional velocity is available from the previous study of Pedreira et al. (2003), 
without any information on possible internal boundaries location (Table 5.1). In order to make the 
data collected homogeneous, the sedimentary cover in the study area has been divided in 6 sub-
layers having a uniform thickness increasing with depth (Table 5.2). This choice is justified by the 
exponential vertical reduction of the density gradient in this layer. The mean density of each sub-
layer, evaluated using seismic velocity-density relationships (e.g. Nafe and Drake, 1961) and 
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estimates given by previous authors based on well-log data, increases on average from 2.10 g/cm3, 
in the shallowest sub-layer to 2.60 g/cm3 in the deepest one, approaching the density of crystalline 
rock (~2.70 g/cm3). 
The resulting distribution of the weight average density of the entire sedimentary layer for 
the study area is displayed in Fig. 5.3 and in the three cross-sections of Fig. 5.4(a-c). Young 
(Tertiary-Quaternary age) non-compacted sediments of the Tyrrhenian, Adriatic and Balearic Sea 
have a low density value (2.2-2.3 g/cm3) even if they reach a thickness over 7 km (Fig. 5.4c). By 
contrast, along the Atlantic Margin a high density (up to 2.5 g/cm3) of the sedimentary cover is 
observed in correspondence to the deep basins (e.g. the Porcupine and the Vøring Basin, Fig. 5.4(a-
b)). Continental sediments show very low density (< 2.1 g/cm3) only when their thickness is 
particularly thin (< 2 km). Increased density values (>2.4 g/cm3) are typical for sediments that 
started to accumulate before Tertiary age, filling basins deep 4-6 km (and even more). These basins 
are found in a continental (e.g. the Polish Through and the Focşani Basin), as well as in a marine 
(e.g. Black Sea Basin) environment (Fig. 5.4b and Table 5.3). Young basins (e.g. the Pannonian 
Basin) are usually characterized by soft sediments (~2.35 g/cm3). One exception is given by the 
Iberian basins (the Ebro, the Duero and the Tajo Basin), where, despite their young age (Tertiary) 
and their moderate thickness (~5 km) a very high density is estimated (>2.5 g/cm3), according to the 
seismic data used (Vidal, 1998). These results are mostly in agreement with the previous study of 
Yegorova and Starostenko (2002), but have a higher resolution, showing with a more detail the 
density lateral variations between the geotectonic units, and are more robust thanks to the recent 
data employed.   
 
 
 
Fig. 5.3: Average density of the sedimentary cover (g/cm3). White areas depict the regions where 
the sedimentary thickness is thinner than100 m. Black lines depict locations of the cross-sections 
displayed in Fig. 5.4(a-c).  
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Fig. 5.4(a-c): Average density of the sedimentary cover (g/cm3) along three cross-sections. 
Sections location is depicted in Fig. 5.3. 
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Table 5.1: Age, density (g/cm3), velocity (km/s) and thickness (km) of sediments for each European 
geological feature as reported from previous studies. Numbers in square brackets stand for the 
original source as it follows: [1] Scheck-Wenderoth and Lamarche (2005); [2] Hansen et al. (2007); 
[3] Rotstein et al. (2006); [4] Pedreira et al. (2003); [5] Vacher and Souriau (2001); [6] Fernández-
Viejo et al. (2005); [7] Ayala et al. (2003); [8] Vidal et al. (1998); [9] Fernàndez et al. (2004); [10] 
González et al. (1996); [11] Thinon et al. (2003); [12] Chian et al. (1999); [13] Contrucci et al. (2001); 
[14] Finetti et al. (2005); [15] Finetti (2005c); [16] de Voogd et al. (1992); [17] Jones et al. (2002); [18] 
Makris and Yegorova ( 2006); [19] Casten and Snopek (2006); [20] Waldahuser et al. ( 2002); [21] 
Venisti et al. (2005); [22] Makris et al. (1999); [23] Klingelhoefer et al. (2005); [24] Hauser et al., 
(1995); [25] McKenzie et al. ( 2002); [26] Richardson et al. (1998); [27] Makris et al. (1988); [28] 
Landes et al. (2005); [29] O’Reilly (2006); [30] Barton and White (1997); [31] Smith et al. (2005); [32] 
Vogt and Makris (1998); [33] Tsikalas et al. (2005); [34] Scheck-Wenderoth et al. (2007); [35] Hauser 
et al. (2007); [36] Grad et al. (2006b); [37] Lenkey et al. (1999); [38] Šroda et al. (2006); [39] Szafian et 
al. (1999); [40] Dérerová, et al. (2006); [41] Starostenko et al. (2004). 
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Table 5.2: Thickness (km) and density (g/cm3) values of each sub-layer composing the sedimentary 
cover.  
 
 
 
Table 5.3: Age, weight average density (g/cm3) and maximum thickness (km) of sediments for 
different European geological features. The values of thickness are referred to the part of the 
geological features displayed in the map. 
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5.2. c. Gravity effect of the crust  
 
Gravity calculations were performed relative to a standard (reference) density model which 
depends on depth only. The Moho depth in the reference model corresponds to its average (28.1 
km) beneath the entire study area. It is worth noting that a choice of the horizontally homogeneous 
reference model mainly affects only a constant level of the calculated fields, which is out of the 
scope of this study. The most important parameter is average density of the upper mantle, which is 
set to 3.32 g/cm3 (Kaban et al., 2004). However, it has been demonstrated that a variation of this 
parameter within reasonable limits (± 0.04 g/cm3) does not change the result significantly. The 
average density of the crystalline crust is equal to 2.85 g/cm3, which agrees with regional and global 
compilations. The anomalous effect of each crustal layer is computed relative to this value. Within 
the study area the calculating grid resolution is 15’x15’ corresponding to the resolution of 
EuCRUST-07. Outside the area the data from the global crustal model of Kaban et al. (2004) are 
used, which has a resolution of 1°x1°. This global model represents a combination of the regional 
models for northern and central Eurasia (Kaban, 2001), North America (Kaban and Mooney, 2001) 
and of the global model CRUST2.0 outside these areas. These data are less reliable than EuCRUST-
07. However, due to their location far away from the calculating points, the uncertainties do not 
significantly affect the result (Kaban et al., 2004). Therefore, the gravity effect of any crustal layer 
or boundary is calculated taking into account variations of the corresponding layer/boundary over 
the whole Earth up to antipodes. This is a principal difference between the fields calculated in this 
work and most previous studies. The gravity anomaly of any layer within the Earth’s crust and 
mantle is calculated using 3D algorithms for a spherical Earth, taking into account changes of 
density in the horizontal and vertical direction and the average elevation of each cell. The sum of 
the gravity influence of elementary volumes corresponding to the initial grids is computed. The 
same algorithm as Artemjev and Kaban (1994), based on the formulas of Strakhov et al. (1989), 
which was improved in Kaban and Mooney (2001) and Kaban et al. (2002) is used for the 
calculation. The estimated accuracy of the calculations is within 1 mGal.  
The detailed estimation of the gravity effect of the sedimentary cover as a contribution of 6 
sublayers instead of a single layer has strongly improved the results, producing a difference up to 
70 mGal. This field ranges between 0 to –280 mGal (Fig. 5.6a) and mainly reflects the sedimentary 
thickness distribution, having the minimum located in correspondence of the deepest basins. 
However, the influence of the average lateral density variation is clearly visible when the gravity 
effect of features having a sedimentary cover of similar thickness, but of different density are 
compared. For instance, the higher density estimated in the Ebro Basin than in the Pannonian Basin 
(Table 5.3) produces a difference of ~30 mGal (Fig. 5.6a). The velocities in the crystalline crust 
have been converted to densities using non-linear relationships of Christensen and Mooney (1995), 
which depend on depth (Figs. 5.5a and 5.5b). The anomalous gravity effect of the consolidated crust 
varies from -140 to 350 mGal (Fig. 5.6b). This field is somewhat similar to the average velocities 
(Chapter 2). However, the relationship between the amplitudes of many anomalies is different since 
the gravity field depends also on the thickness of the consolidated crust. Significant differences are 
found between the areas west and east to the TESZ and also within western Europe. Eastern Europe 
is mostly characterized by higher values than western Europe (up to 350 mGal over the Baltic 
Shield). In western Europe the anomalies mostly range between –100 mGal (e.g. in the Paris Basin) 
to about +110 mGal in England. The continental part of western Europe is mainly characterized by 
negative anomalies, while in some oceanic domains, especially those having a thick mafic crust (e.g 
the Vøring Basin), positive anomalies are observed (Fig. 5.6b). The gravity effect of the Moho 
variations spans from –450 mGal to 450 mGal (Fig. 5.6c), with the lowest values
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Fig. 5.5(a-b): Average density of the crystalline crust (g/cm3). (a) Upper crust. (b) Lower crust. 
96
Chapter 5
  
 
 
Fig. 5.6(a-c): Gravity effect of the crust (mGal). (a) Gravity effect of the sedimentary layer. (b) 
Gravity effect of the crystalline crust. (c) Gravity effect of the Moho variations. 
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localized in the areas characterized by deep Moho (e.g. in the Baltic Shield and the EEP) and the 
highest values corresponding to areas of shallow Moho (mostly oceanic basins). 
 
5.3. Mantle gravity anomalies and the residual topography 
 
Residual mantle anomalies obtained after removing the crustal effect from the observed 
gravity field are displayed in Fig. 5.7a. They reflect variations in both temperature and mantle 
composition and span in a large range from approximately -240 mGal to +310 mGal. The 
amplitudes of the most prominent anomalies significantly exceed possible determination errors, 
which are conservatively estimated to be of the order of 25–50 mGal for most of intraplate Europe 
where coverage by seismic profiles is dense (Kaban and Schwintzer, 2001; Kaban et al., 2003). A 
pronounced large scale difference (~200 mGal) is found between eastern and western Europe. The 
latter is mainly characterized by pronounced negative anomalies, whereas generally positive 
anomalies are found all over eastern Europe. Strong negative residual mantle anomalies suggest a 
presence of low-density masses within the upper mantle and provide an indirect evidence for high 
mantle temperatures in western Europe. The transition from positive to negative residual gravity 
anomalies coincides with the TESZ, as also observed in previous studies (e.g. Kaban, 2001; 
Yegorova and Starostenko, 2002; Tesauro et al., 2007). Distinct characteristics of smaller scale 
tectonic units obtained in the present study are resolved due to higher resolution of the initial crustal 
data. To emphasize these differences the long-wavelength component (L>2000 km) from the total 
mantle gravity field is subtracted, in order to obtain a “regional field”, which correlates well with 
specific tectonic structures. In continental wide and global studies, the mantle gravity anomalies can 
be clearly separated into two components depending on wavelength (e.g. Kaban, 2001). The long-
wavelength component reflects large scale structural heterogeneities of the lithosphere, probably 
related to its thermal regime. For a reliable estimation of the long wavelength component also data 
outside the region under study are incorporated, from the most complete global database (Kaban et 
al., 2004). The “regional” field, representing L between 200 km and 2000 km, ranges approximately 
from ± 180 mGal, as shown in Fig. 5.7 (b) and in the four cross-sections of Fig. 5.8 (a-d). 
The regional gravity anomalies are heterogeneously distributed in western Europe, showing 
sharp lateral changes in some areas. For instance, from the Tyrrhenian to the Adriatic Sea there is 
an increase of 290 mGal over a distance of 600 km, while from the Pannonian Basin to the 
Carpathians a similar rise (250 mGal) is found over a distance of only 300 km (Fig. 5.8b). A chain 
of negative mantle anomalies (between –50 mGal and –150 mGal) depicts the areas of active 
neotectonics and recent back-arc extension in the western Mediterranean (Tyrrhenian Sea and 
Valencia Trough–Balearic Basin), the Pannonian Basin, the Massif Central and the URG (Fig. 
5.8a). These negative anomalies are likely of thermal origin. The high-temperature regime in these 
areas is possibly controlled by upwelling of hot asthenosphere (e.g. in the western Mediterranean 
Sea, Chapter 4), which is confirmed by high values of the surface heat flow and low P- and S-wave 
velocities (Chapter 3). A very distinctive positive anomaly (>150 mGal) is located over the 
Dinarides, extending with lower amplitude over the Adriatic Sea (~100 mGal) and the Ionian Sea 
(~60 mGal). These positive anomalies support the notion of a cold and high density domain in the 
uppermost mantle, which can be related to an increase of lithosphere thickness (e.g. beneath the 
Adria plate) or to the presence of a cold slab subducting (e.g. beneath the Dinarides). On the other 
hand, the Alps and the Hellenic arc, although characterized by thick lithosphere and subducting 
slab, show negligible anomalies (less than ±50 mGal), on account of a possible compensation 
between thermal and compositional effect (Figs. 5.7b and 5.8d). Another strong positive anomaly 
(>150 mGal), observed over the Carpathians and extending to the Moesian Platform, might be 
related to the presence of thick lithosphere in this area, as also imaged by tomography data (Chapter 
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3). Two other smaller positive anomalies (60-80 mGal) characterize the Aquitaine Basin, extending 
over the Pyrenees and Cantabrian Mountains and over the Paris Basin, where also a thick 
lithosphere is observed (Chapter 4). The positive anomaly found over the North Sea (up to 110 
mGal, 5.8d) is in a good correspondence with the low thermal anomaly observed in the previous 
chapter. However, as already mentioned, the thermal inversion in this area might be affected by 
larger errors in the amplitudes of the seismic anomalies. Therefore, the nature of this gravity 
anomaly needs further investigations. Anomalies of small amplitude (less than ±50 mGal) 
characterize most part of the Baltic Shield and the EEP (Fig. 5.8c). In this area the temperature 
anomalies related to the presence of a thick cold lithosphere are possibly compensated by the 
compositional anomalies due to the iron depleted mantle (e.g. Kaban et al., 2003; Artemieva et al., 
2006). This compensation is not extended to the southern part of Norway (Fig. 5.8a and 5.8c), as revealed 
by the negative anomaly (-60 mGal). Therefore, the high topography present there might be partly 
sustained isostatically by a low density mantle, as also hypothesized in previous studies (e.g. 
Ebbing, 2008). Compared to the previous work of Tesauro et al. (2007), the new results are more 
robust, having higher resolution and showing better correspondence between anomalies and 
geological features, on account of the new crustal model employed. For instance, in the present 
study the Tyrrhenian and Balearic Sea are entirely characterized by negative anomalies, with two 
minima located in the southern part of the Tyrrhenian Sea and in the Valencia Trough, in agreement 
with the high thermal regime present in these areas (Chapter 4). In some European regions (e.g. Bay 
of Biscay and North Sea) the new results give the anomalies of the opposite sign (positive instead of 
negative) than in the previous studies, which makes questionable the previous interpretations. 
Furthermore, the positive anomaly observed over the Pyrenees in Tesauro et al. (2007) is in this 
study extended to the west over the Cantabrian Mountains, supposing a presence of thick 
lithospheric roots even beneath this area.  
In addition to the residual mantle gravity anomalies, in order to characterize the isostatic 
state of the lithosphere, residual topography (tres) is computed. It represents that part of the surface 
relief, which is under or overcompensated by density variations in the initial crustal model (Kaban 
et al., 2003):  
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where ρtop is the average block density (including the effects of ice and sediments) of topography 
(Hobs), ρ  is the average density of the residual topography, set to 2.67 g/cm3 to convert the residual 
mass into the residual topographic height tres, )(zρ∆  is the density anomaly (including all 
discontinuities like ocean bottom and Moho variations) relative to a horizontally homogeneous 
reference model with zero density above the geoid, tobs is the topography height (zero for sea areas), 
z is the depth below geoid, R is the radius of the Earth. The bottom level of isostatic compensation 
(T) is taken here at the base of the crust since the mantle material is homogeneous in the initial 
model. 
Not speaking about determination errors, the medium and large scale component of the 
residual topography arises from two sources (Kaban et al. 2003). First, continental residual 
topography depends on the density distribution in the uppermost mantle: highs are supported by low 
density lithosphere roots while lows are balanced by high-density anchors. The second source of the 
residual topography is normal stress at the base of the lithosphere due to mantle flow, defined as 
‘dynamic’ topography. Despite the formal discrimination between the two sources, the effect of 
large scale upper mantle density variations, whether from below or from inside the lithosphere, on 
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residual topography is similar. Large scale variations of the residual topography (tres) may not be 
supported by a rigid lithosphere; consequently they should be compensated by density 
inhomogeneities in the upper mantle (Kaban et al., 2003). There are some other factors, like non-
compensated post-glacial deformations, but their amplitude is relatively small. Therefore, the 
residual topography may serve as an additional parameter to improve the knowledge about mantle 
structure. The local small scale component is mainly due to non-compensated local density 
anomalies in the crust and errors in the initial crustal model. It is difficult to estimate the dynamic 
input of deep inhomogeneities to residual topography over continents without considering a 
complete global dynamic model of the Earth. Different authors give amplitudes of the dynamic 
topography ranging from 0.5 km to 1 km and 2 km (e.g. Pari and Peltier, 2000; Steinberger et al., 
2001). However, an indirect guess may be obtained by comparison with the mantle gravity field. 
Indeed, the effect of dynamic deformations of the Earth’s surface is subtracted in the mantle gravity 
anomalies, since these deformations are part of the observed topography and crustal structure. Thus 
the dynamic contribution can be considered less important when mantle gravity anomalies and 
residual topography are in good correspondence, which is inversely correlated with an appropriate 
scaling factor. 
The residual topography, after the removal of the the very short wavelength component 
(L>200 km), varies in the area of study between –3.5 km and +3.2 km and is displayed in Fig. 5.9 
and in Fig. 5.10(a-d) along four cross-sections. The uncertainties of the calculated variations of the 
residual topography stem from the same error sources as in mantle gravity. On the continents, the 
residual topography error is estimated to be about 0.35 km for the areas with a well known crustal 
structure (e.g. central Europe) and to be as large as 0.8 km for the regions with a poor seismic data 
coverage (e.g. the oceanic domain). A comparison between Fig. 5.7a and 5.9, show that regions 
with large negative residual gravity anomalies are characterized by large positive residual 
topography and vice versa. Both amplitudes vary similarly when applying an appropriate scaling 
factor (-0.1-+0.2). This good correspondence indicates that the dynamic contribution is small 
relative to the total variations of the residual topography (Kaban et al. 2003). However, some 
exception are visible in Iceland from the comparison between Figs. 5.7a and 5.9, where to the 
strong positive residual topography (~1.5 km) it corresponds a relative small negative mantle 
residual anomaly (-80 mGal), supporting the presence of dynamic’ topography’. These differences 
provide a possibility to characterize the anomalies, which are responsible for both residual gravity 
and topography, and to determine their depth (e.g. Kaban, 2007), which will be done in the 
following stage of the study.  
Furthermore, it can be generally observed that most part of eastern Europe is over 
compensated, being prevalently characterized by negative anomalies in residual topography. By 
contrast, western Europe appears mostly compensated or somewhere undercompensated. More in 
details, in eastern Europe the strongest negative anomalies in residual topography are located over 
the Carpathians (over –2.5 km) and indicate potential areas for an anomalously high density upper 
mantle and/or dynamic support. In western Europe the only large negative anomaly is observed in 
the eastern Alps and Dinarides (-2 km), which extends to the west over the Adria plate with a lower 
amplitude (–1.5 km). It should be noted that, although the western Alps are characterized by a thick 
lithospheric root and slab subducting, as imaged by tomography data (Chapter 3), they appear 
slightly over compensated (0.5 km). The most significant positive anomalies is observed north and 
south Iceland (>3 km), which can be partly explained by large scale and deep sources below the 
upper mantle (Kaban et al., 1999). Other parts of Europe are mainly characterized by anomalies of 
smaller amplitude (up to ±1.5 km) having a reverse sign compared to the residual mantle gravity 
anomalies (e.g. over the ECRIS and the Paris Basin).  
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Fig. 5.7(a-b): Residual mantle anomalies of the gravity field obtained after removal of the crustal 
effect from the observed field (mGal). (a) Total anomaly. (b) Regional component (200<L<2000 
km) of the residual mantle anomalies correlating with specific tectonic structures. Black lines depict 
locations of the cross-sections displayed in Figs. 5.8(a-d) and 5.10(a-d).  
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Fig. 5.8(a-d): Residual mantle anomalies of the gravity field (mGal) along four cross-sections. 
Sections location is depicted in Fig. 5.7b.       
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Fig. 5.9: Residual topography (km).  
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Fig. 5.10(a-d): Residual topography (km) along four cross-sections. Sections location is depicted in 
Fig. 5.7b. 
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5.4. Gravity effect of temperature variations and composition in the upper 
mantle  
 
In the previous section a good correlation between the gravity anomaly distribution and the 
geological features has been found. However, since these anomalies depend on both mantle 
temperature and composition, only hypotheses about their nature could be made, according to the 
results obtained from different geophysical studies (e.g. tomography). The gravity effect of the 
temperature variation could be estimated using the new thermal model presented in Chapter 4, in 
order to distinguish its effect from the compositional one. The calculated temperature variations are 
simply converted into density applying a depth dependant thermal expansion coefficient. The effect 
of the compositional model adopted for estimating lithospheric temperature (Chapter 4) on the 
assessment of gravity effects induced by temperature is probably small. Actually, between the two 
additional compositional models tested only the piclogite model, which improbably represents the 
European mantle, resulted in a significantly different thermal model. By contrast, the harzburgite 
model, in comparison with the garnet lherzolite composition, produces small differences in the 
temperature distributions (~60 °C), corresponding to variations in gravity anomalies within the 
margin of error (<±50 mGal). In order to eliminate small scale artefacts, seismic velocity 
tomography employed in temperature inversion has been processed by a low-pass filter leaving only 
the wavelengths greater than 400 km (Chapter 4). Therefore, gravity anomalies induced by 
temperature variations have a L >400 km and range from -110 mGal to 230 mGal, as shown in Fig. 
5.11a. In contrast with the residual mantle anomalies, they are distributed quite homogeneously 
with maximum positive values associated to the EEP, on account of its thick cold lithospheric roots. 
Western Europe is mainly characterized only by negative values, which gradually increase toward 
the TESZ. The minimum values are located over the Tyrrhenian Sea, the ECRIS and the Pannonian 
Basin. The mid-wavelength component of this field (400<L<2000 km) spans from –60 to 90 mGal 
and allows to clearly distinguish the trace of the subducting slabs as a large weak positive anomaly 
(between 10 and 35 mGal) extending from the Alps to the south-east over the Dinarides-Hellenic 
arc (Fig. 5.11b). The relationship between the residual gravity anomalies and temperature-induced 
gravity variations for the two different wavelengths range (L>400 km and 400<L<2000) is 
displayed in Figs. 5.12(a-b). In both cases no clear correlation between the two parameters is 
observed. This means that the density structure of the mantle under Europe principally depends on 
both factors (temperature and composition) and could not be adequately described using only 
seismic data.  
The gravity effect of compositional variations in the lithosphere is calculated by subtracting 
temperature-induced gravity anomalies from the total mantle field, processed, like the temperature, 
by a low-pass filter leaving on the wavelengths greater than 400 km (Fig. 5.13). The mantle gravity 
field also contains the signal from below 300 km depth that was the limit of the temperature 
calculations. However, this signal is much weaker than the upper mantle signal, and amounts to 
about 10-15% of the total mantle anomaly (Kaban and Schwintzer, 2001). This conclusion agrees 
with results derived from joint inversion of global seismic tomography and gravity data. Fig. 5.14a 
shows the remaining gravity anomalies obtained by removing from the mantle anomalies the effects 
of temperature-induced density anomalies in the uppermost mantle and of the gravity signal from 
sources below 300 km. This anomalies field likely reflects the mantle compositional variation and 
spans from -200 to +170 mGal. The EEP is characterized by pronounced gravity low, typically 
within the range -150 to -200 mGal, implying corresponding compositional changes (i.e. iron 
depletion). In western Europe the strongest negative anomaly (up to -120 mGal) is observed over 
the Hellenic arc. Large positive compositional gravity anomalies are observed over the Dinarides 
(>120 mGal), a part of the Adriatic Sea and the North German Basin (~100 mGal). The latter
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Fig. 5.11(a-b): Mantle gravity effect of temperature variation (mGal). (a) Mid and long-wavelenght 
component (L>400). (b) Mid-wave component (400<L<2000 km).  
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anomalies do not precisely correspond to specific geological features and might partly include 
gravity effect induced by temperature, on account of the uncertainties in the tomography data. 
However, these anomalies are located in the Caledonian province, between the Thor and the Rheic 
Suture. Therefore, the closure of two oceans in the Paleozoic and the consequent amalgamation of a 
series of terranes in this area could result in a mantle compositional differentiation with respect to 
the SvecoNorvegian province in the north and the Variscides in the south (Chapter 2). The mid-
wavelength component (400<L<2000), ranging between ±130 mGal (Fig. 5.14b), better highlights 
the correspondence between the compositional anomalies and these features, evidencing also a 
small negative anomaly (-70 mGal) over the Massif Central.  
 
 
 
 
Fig. 5.12(a-b): Mantle gravity anomalies versus the gravity effect of temperature variations (mGal). 
(a) Mid and long-wavelenght component (L>400). (b) Mid-wave component (400<L<2000 km). 
 
The distinction between temperature and composition gravity anomaly makes it possible to quantify
their contribution to the total residual gravity field, as displayed in the three cross-sections of Fig. 
5.15(a-c). Temperature and composition anomalies have similar amplitude over the Balearic Sea 
and the Massif Central (Fig. 5.15a). By contrast, in other areas characterized by a high thermal 
regime (e.g. the Pannonian Basin and the Tyrrhenian Sea) temperature anomalies prevail over the 
compositional ones (Fig. 5.15b). Compositional anomalies are predominant over the Adriatic plate 
and the Dinarides and over the Hellenic arc (Fig. 5.15c). Both areas are characterized by subducting 
slabs producing anomalies of opposite sign, which might be attributed to different nature. 
Petrological data have revealed a complex spatial and temporal variation of the composition of the 
volcanic rocks from the circum-Aegean region to the central part of Anatolia (e.g. Doglioni et al., 
2002). These results likely reflect short-scale variations in the composition and physical conditions 
of the subducted African plate. However, the compositional gravity anomalies, which are shown 
here, have the same resolution as the thermal model (L>400 km) and might not resolve these 
detailed changes. Furthermore, variations of composition and physical parameters in a subducting
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Fig. 5.13: Residual mantle anomalies of the gravity field (mGal) processed by a low-pass filter  
leaving on the wavelengths greater than 400 km. Black lines depict locations of the cross-sections 
displayed in Fig. 5.15(a-c). 
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Fig. 5.14(a-b): Mantle gravity effect of compositional variation (mGal). (a) Mid and long-
wavelenght component (L>400). (b) Mid-wave component (400<L<2000 km). 
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Fig. 5.15(a-c): Mid and long-wavelenght component (L>400) of the residual mantle anomalies of 
the gravity field and mantle gravity effect of temperature and composition (mGal) along three cross-
sections. Sections location is depicted in Fig. 5.13.       
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slab should not necessary result in mantle density changes, due to the trade-off of these effects. 
Therefore, the broad positive anomaly over the Hellenic arc more likely reflects the signature of the 
mantle wedge (lighter than the subducted slab), instead of a large scale change compositional 
variation. By contrast, the positive anomaly over the Dinarides and Adria plate might image the 
denser subducting slab. Based on this hypothesis, the difference in the anomaly sign can be more 
related to the subduction conditions than to the nature of the slabs themselves. Furthermore, it is 
worth noticing that the positive anomaly sharply decrease south of the Adriatic Sea in the same 
locations where seismic and GPS studies (e.g. Oldow and Ferranti, 2004; Grenerczy and Kenyeres, 
2004) evidence the presence of the boundary between Adria and African plate. Therefore, even 
though at this stage it is not possible to discuss in more details the origin of the difference in the 
anomalies sign over Dinarides and Hellenic arc, the present results sustain the long debated 
hypothesis of the independence of the Adria and African plate (e.g. Mantovani et al., 2004). 
 
5.5. Conclusions 
 
            Previous studies demonstrated the importance of a robust crustal model to calculate reliable mantle 
gravity anomalies. In this chapter I presented a new density crustal model based on EuCRUST-07 
(Chapter 2) and on the most recent geophysical studies on the sedimentary layer. In particular, the 
density of the sedimentary cover is estimated in greater detail than in previous works, on account of 
the integration of many recent data. 
The gravity effect of the crust was estimated and removed from the total gravity field. The 
residual mantle anomalies obtained, reflecting compositional and temperature mantle variations, 
showed a better correlation with the tectonic features than in previous studies. In particular, strong 
negative anomalies (up to –150 mGal) were observed over the Tyrrhenian Sea, the ECRIS and the 
Pannonian Basin, while positive anomalies (>150 mGal) are found over the Dinarides and the 
Adriatic Sea. Negligible anomalies (±50 mGal) are found over the EEP, on account of the 
compensation between temperature (low) and compositional effect (mantle iron depletion). The 
positive anomaly already observed over the Pyrenees in previous studies is extended to the west 
over the Cantabrian Mountains, supposing the presence of thick lithospheric roots even beneath this 
area. The residual topography, estimated using the new crustal density model, shows prevalently a 
negative correlation with the residual mantle anomalies, demonstrating isostatic compensation of 
most parts of the study area, which is provided by additional mass anomalies located in the mantle. 
This conclusion relates to relatively large structures of about several hundred km or more. An 
exception is given by Iceland, where the relative strong residual topography (+1.5 km) is not 
sufficiently compensated by the relative weak negative mantle anomaly (-80 mGal), possibly on 
account of a strong dynamic support of the topography in this area. 
 The thermal model described in Chapter 4 was used to estimate the gravity effect induced 
by temperature variations. By removing the latter from the total mantle anomalies, compositional 
anomalies could be identified and, for the first time, quantified with great details. The anomalies 
related to temperature are quite homogeneously distributed, principally demonstrating a strong 
difference between eastern (cold) and western (hot) Europe, with negative values (~100 mGal) 
located over the extensional basins (e.g. the Tyrrhenian Basin). By contrast, compositional 
anomalies show a heterogeneous distribution with negative values over the EEP (about-150 mGal), 
due to iron depletion and positive and negative values in several regions of western Europe. In 
particular the slab inference beneath the Dinarides and Hellenic arc is reflected by these anomalies, 
which show similar amplitudes (>100 mGal), but opposite sign in the Adriatic (positive) and 
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Aegean (negative) Sea. These findings sustain the hypothesis of the independence and possibly 
different subduction conditions of the Adria and the African plate. 
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CHAPTER 6 
 
Rheology of the European lithosphere1 
 
6.1. Introduction 
 
Strength of the Earth’s lithosphere have been debated since the beginning of the last century, 
when was introduced the concept of a strong lithosphere overlying viscous asthenosphere (Barrel, 
1914). The problem of strength of the lithospheric plates and its spatial and temporal variations is 
important for many geodynamic applications (e.g. Jackson, 2002; Burov and Watts, 2006). 
Rheological models proposed since the late seventies (e.g. Goetze and Evans, 1979; Brace and 
Kohlstedt, 1980) indicate that the thermally stabilized continental lithosphere consists of several 
layers with a rheologically strong upper crust separated by weaker lower crust from a strong 
subcrustal layer, which in turn overlies the weak lower part of the lithosphere. Goetze and Evans 
(1979) were the first to combine data on the experimental rock properties and extrapolate them onto 
geological time and spatial scales. They have introduced the yield strength envelope (YSE) for the 
oceanic lithosphere, which shows the maximal rock strength as a function of depth. In the YSE 
rheology models, depth dependence of rock strength integrates multiple processes such as increase 
of both brittle and ductile strength with pressure, decrease of the ductile strength with depth-
increasing temperature, lithological structure and fluid content. The strength profiles are represented 
by curves of two different types. The straight lines correspond to brittle fracture and demonstrate an 
increase of strength with depth. The curved lines describe viscous deformation according to the 
Power law creep: strength decreases downwards exponentially due to the increase of temperature 
with the corresponding decrease of viscosity (Burov and Diament, 1995). The depth, at which the 
brittle and ductile strengths are equal, denotes the brittle–ductile transition (BDT). This transition 
can be found in the crust, as well as in the uppermost mantle, resulting in a rheological layering of the 
lithosphere (Ranalli and Murphy, 1987), where the brittle and ductile domains alternate throughout 
the lithosphere depending on depth, mineralogical composition, and thermal structure. The total 
lithospheric strength (σL), is calculated through a vertical integration of the yield envelope: 
 
( ) dz
h
L ∫ ⋅−=
0
31 σσσ   (6.1) 
 
where h is the thickness of the lithosphere. 
One of the major experimental rheology laws used for construction of YSEs is the Byerlee’s 
law of brittle failure (Byerlee, 1978). The Byerlees’s law demonstrates that the brittle strength is a 
function of pressure and depth indipendent of rock type. On the other hand, the ductile strength 
strongly depends on the rock type and temperature, as well as on the other specific conditions (e.g. 
grain size, macro and microstructure). In particular, the ductile behaviour non-linearly depends on 
strain rate and thus on the time scale of the deformation process. The mechanism of ductile 
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 This chapter is mainly based on the paper: Tesauro, M., Kaban, M.K., Cloetingh, S.A.P.L., 2009. A new thermal and 
rheological model of the European lithosphere, Tectonophysics (accepted) and M. Tesauro, M.K. Kaban, S.A.P.L. 
Cloetingh, 2009. How rigid is Europe lithosphere? Gephys. Res. Lett. (under review).  
 
  
deformations is highly versatile: diffusion creep and various mechanisms of dislocation creep. The first 
mechanism is predominant at a small grain size and relatively low stresses, which are specific for 
highly sheared material (ductile shear zones) or for very high temperatures. By contrast, at high 
stresses and moderate temperatures (<1330°C), the creep rate is dominated by dislocation creep 
(Power law, Dorn law). Other ductile flow mechanisms can occur at low temperature conditions 
(e.g. pressure solution occurring at temperature below 200°C). The rheological parameters in the 
brittle regime are usually assumed to be constant for all rock types. Pre-existing faults are often 
taken to be cohesion less, with a coefficient of friction ~0.75. The uncertainties introduced by these 
approximations are small compared to those generated by a lack of constraints on the pore fluid factor 
(ratio of hydrostatic to lithostatic pressure) (e.g. Fernàndez and Ranalli, 1997). On the other hand, 
the rheological parameters of the ductile regime for various rock types imply more uncertainties on 
account of the following main reasons: (1) Experiments usually refer to simplified conditions 
compared to which the real rocks are subjected (e.g. temperature-pressure (P-T) conditions of 
experiments do not represent natural P-T conditions of loading paths); (2) The experimental strain 
rates are in the order of 10-8 –10-4 s-1, which is about 1010 times faster than the geological strain rates 
(10-18-10-14 s-1); (3) The experiments refer to simple monophase minerals or selective ‘representative’ 
rocks, while the extension of their results to real aggregate compositions has to be demonstrated 
(e.g. Kohlstedt et al., 1995). It is often assumed that the weakest of the most abundant mineral 
species defines the mechanical behaviour of the entire rock (e.g. quartz for granite). However, very 
small amounts of weak phases (e.g. micas) may result in significantly smaller strength than that of 
quartzite. It is also noted that poly-phase aggregates are weaker than their constituents; (4) The 
experiments are conducted on small rock samples of homogeneous structure, while at larger scales 
(>0.1-1m), rocks may be structured; (5) Water content influences rock strength, but in nature the 
amount of water present in the rock is unknown; (6) Chemical and thermodynamical reactions 
(basically unknown factors in nature) modify the mechanical behaviour of rocks. Due to these 
uncertainties, Brace and Kohlstedt (1980) and Kohlstedt et al. (1995) have suggested that the real 
crustal rocks may be significantly ‘softer’ than the experimental estimates. In addition to the 
uncertainties of the rheology laws, even defined as ‘methodological uncertainties’ (Fernàndez and 
Ranalli, 1997) there are also ‘operational uncertainties’ deriving from various factors (e.g. imperfect 
knowledge of composition and structure of the lithosphere, errors in estimations in temperature 
distribution). In particular, different thermal models produce strong differences in the strength 
estimates (e.g. Kohlstedt et al., 1995). In fact, the geotherm not only controls the ductile strength of 
the lithosphere, but also indirectly, its brittle strength through the influence of temperature on the 
depth of the BDT.  
This conventional rheology model (known as ‘jelly sandwich’) has been recently confuted 
by some authors (e.g. Jackson, 2002), who proposed for the continental lithosphere a model, which 
is based on the rheology envelope from Mackwell et al. (1998), in which the crust is strong, but the 
mantle is weak (known as ‘crème-brûlée’ model). This model suggests that continents are thin and 
hot (>800°C at 60 km) and have water-saturated mantle, which cause a concentration of the 
continental plate strength in the crust. The ‘crème-brûlée’ model has arisen because of conflicting 
results from rock mechanics, earthquakes and elastic thickness data (Maggi et al., 2000). Since 
earthquakes are mainly observed above 40 km depth (Maggi et al., 2000) both in continents and 
oceans, Maggi et al. (2000) and Jackson (2002) claim that all continental microseismicity originates 
in the crust. This theory has been recently confuted by a study of Monsalve et al. (2006), which 
demonstrates that continental microseismicty is bimodal, with crustal and mantle locations as deep 
as 100 km.  However, other studies (e.g. Watts and Burov, 2003) disagree with the idea of a direct 
seismic depth-strength correlation, claiming the validity of the ‘jelly sandwich’ model. They 
suggest that seismicity should be interpreted as a manifestation of mechanical weakness, not 
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strength, of the seismogenic layer that fails at region specific intraplate stress level. In this 
approach, crust-mantle decoupling and depth-growing confining pressure that inhibits brittle failure 
explain the absence of deep earthquakes. It should also be noted that seismicity refers to short-time 
scale behaviour, which may be unrelated to long-term rheology because at this time scale the entire 
lithosphere should deform only in the brittle-elastic mode. Consequently, there may be no direct 
correlation between the seismic and long-term ductile behaviour. Indeed, the observations of plate 
flexure below orogens (Watts, 2001) suggest that many continental plates have strong elastic cores 
(Te) that are probably 2-2.5 times thicker than the seismogenic layer thickness (Ts). Indeed, the 
observations of plate flexure below orogens (Watts, 2001) suggest that many continental plates have 
an elastic thickness probably 2-2.5 times thicker than the seismogenic layer thickness. 
The first strength distribution in the European lithosphere (Cloetingh et al., 2005) has been 
estimated using a simplified compositional model consisting of two homogeneous crustal layers 
overlain by a sedimentary cover. The thermal structure of the lithosphere was defined using the heat 
flow data from the global compilation (Pollack et al., 1993), and regional surface heat flow studies 
(e.g. Fernàndez et al., 1998; Lenkey, 1999). In this chapter I present new strength maps for a more 
extended area, based on the thermal and compositional model described in Chapter 4 and 2, 
respectively, as well as estimates of the elastic thickness distribution in the European lithosphere. 
Since the continental crust is much more heterogeneous than the oceanic one, it is characterized by 
much larger variety of possible continental YSEs. Furthermore, the continental plates might be 
influenced by several thermal events in their history and the thermal structure is less constrained 
than for oceanic lithosphere. Therefore, the employment in the strength calculation of a more robust 
thermal and compositional model greatly improves the reliability of the present strength model. 
 
6.2. Rheological model of the European lithosphere 
 
The new strength results are obtained employing the thermal model described in Chapter 4, 
while the composition was defined using the EuCRUST-07 model, which provides the main crustal 
layers location and the mean compressional velocity value for each layer of the crystalline crust 
(Chapter 2). The seismic velocities were used to estimate density variations in the upper and lower 
crust following the Christensen and Mooney (1995) approach. The density assigned to the 
sediments is a weight average of the values estimated for each sublayer composing the sedimentary 
package (Chapter 5). The mantle density is based on the values obtained at different temperatures 
derived from the inversion of seismic tomography data (Chapter 4). In order to estimate the crustal 
rheology, the lithology map presented in Chapter 2 was simplified, due to the lack of rocks creep 
parameters values defined by the lab experiments (Fig. 6.1). However, the relationship between the 
crustal rheology and lithology might be different. For instance, the southern Tyrrhenian and the 
western Black Sea, which are characterized by different seismic velocities and thermal regime 
conditions, are assigned to a different rheology although having similar lithology. The lithology of 
the sediments was not specified, since they are normally affected only by brittle deformations. The 
exceptions might correspond to the very deep basins having extremely high thermal conditions, 
which are not presented in the study area. A uniform strain rate of 10-15 s-1 has been adopted, as it is 
commonly observed for intraplate compressional and extensional settings (Carter and Tsenn, 1987). 
However, a lateral change of this parameter can occur due to horizontal stresses and pre-existing 
weak zones (e.g. faults). The friction coefficient used is equal to 0.75 and 3, for extensional and 
compressional conditions, respectively (e.g. Ranalli, 2000; Afonso and Ranalli, 2004). The pore 
fluid factor is assumed equal to 0.36, which is a typical hydrostatic value. The brittle deformation 
was calculated using the Byerlee’s law, while the Power and Dorn law has been used to estimate the 
ductile deformation in the crust and in the mantle, respectively, being dislocation glide (Dorn creep)
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Fig. 6.1: Rheological model of the European crust. Numbers mark the couple of lithologies 
representative of the upper and lower crust as follows: 1, Granite (dry)-Mafic granulite  (not defined); 
2, Granite(dry)-Diorite (Wet); 3, Granite(dry)-Diabase (dry) 4, Quartzite (dry)-Mafic granulite (not 
defined); 5, Quartzite (dry)-Diorite (wet); 6, Quartzite (dry)-Diabase (dry). Crosses with capital 
letters depict the points location in which the strength and the elastic thickness values and/or the 
strength profiles are displayed (Table 6.3, Figs. 6.3 and 6.10). 
 
the dominant creep process in mantle olivine for the stresses exceeding 200 MPa. The rheology 
parameters values, the brittle strength and creep equations are displayed in Table 6.1. 
It is worth noticing that the strength estimates in the mantle lithosphere are referred to a ‘dry 
olivine’. A ‘wet’ mantle model might be suitable for areas recently affected by subduction of 
oceanic lithosphere and tectonothermal events (e.g. Afonso and Ranalli, 2004). A previous study 
(Lankreijer, 1998) has demonstrated that the total integrated lithospheric strength in the 
Carpathians-Pannonian basin system can decrease up to 35-40% when the mantle rheology is 
changed from ‘dry’ to ‘wet’. On the other hand, since the fluid content in the upper mantle is still 
not well resolved, it is difficult to properly delimit the areas where a ‘wet’ mantle can be adopted. 
As a consequence, only the integrated strength for a ‘dry’ mantle is computed. Therefore, strength 
values obtained in this study can be considered as upper bounds of those possible for the estimated 
thermal and crustal rheological conditions. The integrated strength of the lithosphere under 
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compression and extension is shown in Figs. 6.2a and 6.2b, while Fig. 6.3 displays strength profiles 
calculated in some selected points. Since the European stress field is mostly the result of 
compressional forces (Chapter 1), only the lithosphetic strength estimated under compressional 
conditions is discussed.  
The European lithosphere is characterized by large spatial strength variations, with a 
pronounced increase in the EEP east of the TESZ compared to the relatively weak but more 
heterogeneous lithosphere of western Europe. In this part of the study area the strength distribution 
reflects the effect of different factors, such as crustal thickness, rheology and thermal gradient. 
Therefore, the high strength is localized in the regions characterized by the strong crustal rheology 
and average thermal regime (e.g. the Bohemian Massif), as well as in the areas having thin crust and 
low thermal gradient (e.g. North Sea). By contrast, the weak zones are found in the areas affected 
by Tertiary volcanism and mantle plumes, such as the ECRIS and the Massif Central (Figs. 6.2a 
and 6.3, points O and M), which are separated by the high-strength regions, such as the North 
German Basin, the Paris Basin and the Armorican Massif (Figs. 6.2a and 6.3, points N and Q). 
Since the crustal rheology (being quartz dominant) is softer than which of the mantle olivine, a sharp 
increase of strength is observed in the zones, where a decrease of the crustal thickness is observed, 
like the zone from the Apennines to the Tyrrhenian Sea. However, the strength of the Tyrrhenian 
Sea (Figs. 6.2a and 6.3, point I) is likely overestimated due to the presence of a thicker mantle 
lithosphere (~80 km) not confirmed by previous studies (Chapter 4). Furthermore, in this area 
affected by subduction (Chapter 3) mantle fluids, not considered in the rheological model adopted, 
might cause a further strength decrease.  
 
 
 
Table 6.1: Rheological model parameters. Numbers in square brackets stand for the original source 
as it follows: [1] Carter and Tsenn (1987); [2] Wilks and Carter (1990); [3] Goetze and Evans 
(1979). 
117
Rheology of the European lithosphere
  
 
Fig. 6.2(a-b): Integrated strength of the European lithosphere (Pa m). (a) Integrated strength 
estimated under conditions of compression. Black lines depict locations of the cross-sections 
displayed in Fig. 6.6(a-c). (b) Integrated strength estimated under conditions of extension. 
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Fig. 6.4 (top): Integrated strength estimated under conditions of compression of the European crust 
(Pa m).  
Fig. 6.5 (bottom): Proportion of the integrated crustal strength relative to the total. 
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Fig. 6.6(a-c): Integrated strength of the lithosphere (in red) and of the crust (in blue) (Pa m) along 
three cross-sections. Sections location is depicted in Fig. 6.2a.  
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In order to analyse distinctly the influence of the crust on the total lithospheric strength, the 
integrated strength of the crust, the contribution of the crustal strength to the total lithospheric 
strength and the integrated crustal and total lihospheric strength variation along three cross-sections 
through the main tectonic structures of Europe are displayed in Figs. 6.4, 6.5 and 6.6(a-c). The 
crustal strength values are in a range from 9.5x1011 to 4.2x1013 Pa m and depend more on the lateral 
compositional variations than on the crustal thickness and thermal regime. The lowest values (<4 
x1012 Pa m) are mostly found in the regions characterized by soft rheology, like the Pannonian Basin 
(Fig. 6.3, points H). By contrast, the variations of the mantle part of the lithosphere strength mainly 
depend on the thermal structure of the lithosphere and Moho depth. Therefore, in the regions that 
experienced recent thermal activity (e.g. the Eifel Province and Anatolian Platform) and areas 
characterized by large crustal thickness (e.g. the Alps and the Pyrenees) the strength of the 
lithospheric mantle is significantly reduced (Fig. 6.3, points G and K). It can be observed that the 
crustal contribution to the total strength dominates in the study area: about 60% of the European 
crust retains >50% of the total integrated strength of the lithosphere. A low crustal strength 
contribution (<20%) is observed only in 7% of the area, while over 35% of the European regions 
are characterized by the crustal component exceeding 70% of the total lithospheric strength (Fig. 
6.5). The highest proportion of the crustal strength (over 70%) is also found in the areas 
characterized by large crustal thickness (> 40 km) and by medium-high thermal regime (e.g. the 
orogens). Also thick crust having a soft rheology (like in the Alps and the Apennines, Fig. 6.1) may 
retain over 90% of the total strength (Fig. 6.3, points K and L and Fig. 6.5). By contrast, the low 
and moderate values of the crustal strength proportion (<50%) are observed in both hot (e.g. 
Tyrrhenian Sea and Pannonian Basin) and cold (e.g. North Sea) regions with a thin crust (Fig. 6.3, 
points I and H and Fig. 6.5). The sharp decrease of the thermal gradient in the EEP produces in this 
area a strong reduction of the crustal strength from ~80% beneath the TESZ to 30-40% (Fig. 6.5), 
demonstrating how the strength of the lithospheric mantle grows faster than the strength of the crust 
when the lithosphere becomes cold (Fig. 6.3, points A and B). These results confirm the hypothesis 
that the upper mantle of the thermally stabilized, old cratonic regions is considerably stronger than 
the strong part of its upper crust (e.g. Moisio et al., 2000). Furthermore, they demonstrate that both 
‘jelly sandwich’ (Fig. 6.3, points B, H, I, N, Q and O) and ‘crème brûlée’ (Fig. 6.3, points A, C, D, 
E, F, G, J, K, L, M, P and R) models, are valid for the European lithosphere, depending on specific 
thermal and rheological conditions of the area considered, as also demonstrated in the study of 
Afonso and Ranalli (2004). Both the total lithospheric and the crustal integrated strength show a 
similar trend. The main difference is observed in the Tyrrhenian Sea, where the total integrated 
lithospheric strength shows a peak around 1.8 x1013 Pa m, while the crustal integrated strength has 
an amplitude similar to the surrounding areas (Fig. 6.6b). 
In comparison with the previous study of Cloetingh et al. (2005) the total integrated 
lithospheric strength demonstrates a more heterogeneous distribution. Nearly 60% of the area is 
characterized by low values (<1x1013 Pa m), while the largest strength values are mostly 
concentrated in the coldest part of the EEP. Furthermore, the new European strength maps, which 
are based on the improved thermal and compositional models, reveal a higher contribution of the 
crustal strengths to the total lithospheric strength, which is not limited to the orogens. The strongest 
differences with the previous results are observed in the North Sea, where the new maps show much 
higher strength (Fig. 6.2a), mostly on account of the low thermal regime (Chapter 4). However, 
more investigations are required since this area is characterized by large uncertainties of the 
temperature estimates. Another principal difference is found in the Adria plate and the Bohemian 
Massif, where Cloetingh et al. (2005) estimate an integrated lithospheric strength as high as in the 
EEP, while the new results show a more gradual transition from the weaker areas surrounding these 
structures. The obtained strength estimates demonstrate an overall good consistency with other 
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geophysical parameters, such as the mantle gravity anomalies (Kaban et al., 2009). In particular, a 
correspondence is found between the low and high strength values along the ECRIS and in the 
North Sea, supporting the presence of a weak and strong lithosphere, respectively, and the negative 
and positive mantle anomalies observed in these areas.    
 
6.3. Effective elastic thickness (Te) of the European lithosphere 
 
The effective elastic thickness of the lithosphere (Te) corresponds to the thickness of a 
homogeneous elastic layer, which is characterized by the same flexural rigidity as the lithosphere 
plate. This parameter was initially introduced in the experimental studies investigating a response of 
the lithosphere to the external load by means of the cross-spectral analysis of the gravity data (e.g. 
Banks et al., 1977). Using this method Pérez-Gussinyé and Watts (2005) have recently estimated Te 
of the European lithosphere. However, different methods used for Te estimates might provide 
essentially different results. For instance, the Te values obtained from the foreland flexure represent 
rather a paleo-situation than the current changes across the foreland basin. Previous studies (e.g. 
Watts et al., 1980) have shown that Te variations in the oceanic areas are mainly controlled by the 
thermal structure of the oceanic lithosphere related to the thermal age. The oceanic lithosphere 
cools, becomes stronger with time and the Te increases. It was demonstrated that Te of the oceanic 
plate approximately corresponds to a depth of the 450°-600° C isotherm (e.g. Watts, 1978). By 
contrast, the continental lithosphere demonstrates amore complex rheological stratification than the 
oceanic plates, in particularly due to the thicker and more heterogeneous crust and due to the upper 
mantle, which is modified by various processes (e.g. mantle underplating). During long tectonic 
history the lithosphere might experience additional warming, which leads to its thermal 
rejuvenation relative to the geological age (e.g. Adriatic lithosphere, Kruse and Royden, 1994). 
Therefore, there is no clear Te-age relationship for the continental lithosphere. According to 
previous studies (e.g. Burov and Diament, 1995), Te of the continents has a wide range of values (5-
110 km), which can vary within the plate and shows a bimodal distribution around two peaks at 10-
30 km and 70-90 km. This clustering probably relates to influence of the plate structure: depending 
on the ductile strength of the lower crust, the continental crust can be mechanically coupled or 
decoupled with the mantle resulting in highly different Te (Burov and Diament, 1995). The crust-
mantle decoupling occurs if the temperature of the creep activation is lower than the temperature at 
the Moho boundary. Therefore, to evaluate the effective elastic plate thickness of the continental 
lithosphere it is necessary to consider many factors describing its complicated structure and history. 
The Te distribution within the European domain is estimated based on the integrative model 
of the lithosphere, which is presented above. Rheological properties of the continental upper crust 
are primarily controlled by content of quartz (Brace and Kohlstedt, 1980), while mechanical 
behaviour of the lower and middle crust may be conditioned by a variety of lithologies such as 
quartz, diorite, diabase or plagioclase. In general, if the crust is thick (>35 km), the lower crustal 
temperatures are high enough to reduce the creep strength of the rocks in the vicinity of the Moho 
(Burov and Diament, 1995). By contrast, when the stress is below the yield limits, the lower crust 
and mantle are mechanically coupled and the lithosphere behaves like a single plate, similar to the 
oceanic lithosphere. In this case, the Te value gradually depends on temperature and should be 
coincident with the base of the mechanical lithophere, corresponding to the depth of an isotherm of 
700°-750°C, below which the yielding stress is less than 10-20 Ma. On the other hand, the crust–
mantle decoupling results in a drastic reduction of the total effective strength and Te of the 
lithosphere (Burov and Diament, 1995) and implies a possibility of lateral flow in the lower crust 
enhanced by other processes (e.g. grain-size reduction) (e.g. Burov et al., 1993). For the ‘normal’ 
quartz-dominated crust decoupling should be permanent, except for the thin (e.g. rifted) crust (<20 
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km). For other crustal compositions (e.g. diabase, quartz-diorite, etc.) decoupling might take place 
in most cases, except for very old (>750 Ma), cold lithosphere. Based on the above considerations, 
Burov and Diament (1995) proposed a unified model of the lithosphere that relates Te with thermal 
age, crustal thickness and flexural curvature. According to these authors, Te of the plate consisting 
of n detached layers is equal to: 
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where ∆hi is the effective elastic thickness of the layer i. According to the equation (6.2), Te is even 
smaller than the thickness of the shallowest competent layer in case of decoupling.  
For the coupled rheology, the crust and mantle are mechanically “welded” together, and the 
upper limit of Te represents simply a sum of all competent layers: 
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The  thickness of each competent layer (∆hi) is defined as the depth at which the yielding 
strength is below 1-5 per cent of the lithostatic pressure or as the depth, at which the vertical yield 
stress gradient is less than 10-20 MPa km. In the last case the values of the competent layers can be 
associated with a specific geotherm for each lithotype (e.g. ~750°C for olivine and ~350 °C for 
quartzite). The two different definitions of the thickness of a competent layer provide the lower and 
upper bounds for the corresponding values of ∆hi (Cloetingh and Burov, 1996). Following the 
approach of Burov and Diament (1995), the Te distribution in the study area has been calculated 
using the second definition for the mechanically strong layers. For this purpose the pressure scaled 
minimum yield strength of 10 MPa/km has been adopted. Therefore, when the strength decreases 
below this threshold the layers are decoupled, while they are welded in the opposite case. The 
coupling and decoupling conditions and the elastic thickness distribution are shown in Figs. 6.7 and 
6.8. In order to demonstrate different contributions to the total Te value, thickness of each 
competent layer of the lithosphere corresponding to the mechanically strong upper crust (MSUC), 
lower crust (MSLC) and mantle (MSL) are displayed in Figs. 6.9 (a-c).  
Local studies of Te in Europe (e.g. Poudjom Djomani et al., 1999) have demonstrated that 
the largest changes of Te occur at the sutures that separate different provinces characterized by 
major changes in the lithospheric strength. Te is generally consistent with other physical properties 
of the lithosphere: high Te regions correspond to cold areas having large thermal thickness and fast 
seismic velocities and vice versa. In agreement with these considerations, the new results show a 
good correspondence between the distribution of Te values and the geological features, with the 
sharp decrease of Te west to the TESZ (<30 km). In most part of the EEP, which is characterized by 
high crustal and lithospheric thickness and a low thermal gradient (Chapters 2 and 4), both crust and 
mantle layers are coupled (Fig. 6.3, points A, and B and Fig. 6.7), as it might be expected from its 
age (>750 Ma). In this area the largest values of Te (up to 80-100 km) are observed (Fig. 6.8), 
mainly on account of the thick MSL (>60 km) (Fig. 6.9c). These conditions are also responsible for 
significant strength at subcrustal levels (Fig. 6.2a). Similar values of Te and MSL are also found in 
the North Sea and North German Basin, mostly due to the low thermal regime. However, this part of 
the tomography model is not well resolved.  
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In general, lateral heterogeneity of the crust has a strong effect on the coupling conditions: 
in most part of the areas characterized by the ‘soft’ crustal lithology (‘dry quartzite’ and ‘wet 
diorite’) the mantle and the crustal layers are decoupled (Fig. 6.3, points H, K, L, M, N, O and Q 
and Fig. 6.7). The exceptions are presented by the areas with a very thin crust. In these cases, also 
layers of very young (<10 Ma) and hot lithosphere (like the Tyrrhenian Sea) can be coupled (Fig. 
6.3, point I) and result in Te of about 20 km, mostly due to the contribution of MSL (15-20 km) 
(Figs. 6.8 and 6.9c). On the other hand, the mantle and often the crustal layers are decoupled in the 
young lithosphere of the Variscan and Alpine domains characterized by average thermal conditions 
and mean/high crustal thickness (Fig. 6.7 and Fig. 6.3, points G, H, J, K, L, M, N, O and P). In 
these areas a strong reduction of the MSL (<10 km) is observed as the result of a decrease of the 
upper mantle strength (Fig. 6.9c). MSL values are even lower (<5 km) in the areas characterized by 
large crustal thickness and average/high thermal conditions (e.g. the orogens and the Anatolian 
Platform). Therefore, the low values of Te (<20 km) are found in the Massif Central, the ECRIS, the 
German Plain, in the Pannonian Basin and the Alps (Fig. 6.8). In these areas Te mostly depends on 
the MSUC values, which span from 15 to 25 km, while the contribution of the MSLC is negligible 
(mostly <10 km) (Figs. 6.9(a-b)). The MSUC demonstrates a quite heterogeneous distribution, with 
the highest values (>20 km) concentrated in the areas of the large crustal thickness (e.g. the 
Dinarides) and low thermal regime (e.g. the Armorican Massif and the Paris Basin) (Fig. 6.9a). By 
contrast, the values of MSLC higher than 10 km are observed only in the regions characterized by 
strong lower crust rheology (Figs. 6.1 and 6.9b), on account of the high thermal gradient present at 
the Moho boundary in the most part of Europe. Comparing to the previous study of Tesauro et al. 
(2007) a general correspondence of the new and old Te maps can be observed (e.g. the difference 
between eastern and western Europe). On the other hand, the difference is very strong in details. A 
more gradual transition from the low values, characterizing weak area such as the Apennines and 
the Pannonian Basin, to the higher ones observed in the Adriatic Sea and the Bohemian Massif (20–
35 km) was found (Fig. 6.8). The Te distribution is also in agreement with the results obtained by 
Pérez-Gussinyé and Watts (2005), which indicate that the Te of old tectonic provinces (>1.5 Ga) is 
significantly larger (>60 km) than their mean crustal thickness (~40 km).  
In order to make a comparison between different methods, Te has also been estimated 
independently from the integrated strength as a function of age and crustal thickness (Teage/h) 
following the approach of Burov and Diament (1995). The values obtained for the different tectonic  
provinces are shown together with the average Te estimates discussed before (Testrength) in Table 6.2. 
It can be noticed that Testrength is generally smaller than Teage/h. In the Archean provinces both 
parameters are similar (about 70 km in Fennoscandia). The maximum difference is observed in the 
Sveco-Norwegian province, where Teage/h is about 80 km while Testrength is reduced to 44 km, on 
account of the decoupling between the crust and the mantle (Fig. 6.7). In the Proterozoic provinces, 
Teage/h is remarkably higher than the values estimated by Testrength (55-60 km versus 22 -35 km). 
However, in these areas repeated tectonic events could have modified the lithospheric thermal regime and 
thickness, also reducing the strength. By contrast, the tectonic provinces younger than 
approximately 85 Ma (the Alpine domain, the Atlantic Margin and the western Black Sea) are 
characterized by a Testrength, which is significantly larger (20-34 km) than Teage/h (13-18 km). 
Therefore, the strength grew fast enough in these young provinces (especially in the western Black 
Sea) to increase Te over the theoretically expected values. 
The observed differences confirm that Te in the continental areas is influenced by numerous 
tectonic processes besides the thermal age. Teage/h is referred to the mean age and crustal thickness, 
which are averaged over large areas, and might be not a representative value due to the non-linear 
relationship between the parameters. One of the main uncertainties of Testrength could arise from not 
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Fig. 6.7 (top): Coupling and decoupling conditions of the European lithosphere. Numbers are as 
follows: 1, Crustal layers and mantle lithosphere coupled; 2, Crustal layers coupled and mantle 
lithosphere decoupled; 3, Crustal layer decoupled and mantle lithosphere coupled; 4, Crustal layers 
and mantle lithosphere decoupled.  
Fig. 6.8 (bottom): Effective elastic thickness (Te) distribution in the European lithosphere (km).  
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Fig. 6.9(a-c): Thickness of competent layers of the lithosphere (km). (a) Thickness of mechanically 
strong upper crust (MSUC). (b) Thickness of mechanically strong lower crust (MSLC). (c) 
Thickness of mechanically strong upper mantle (MSL).  
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considering the effect of the horizontal regional stresses, which may facilitate weakening of the 
lower crust with subsequent crust-mantle decoupling. Previous studies (e.g. Cloetingh and Burov, 
1996) have shown that this parameter might have a strong effect on Te. The tectonic stresses of 
200–500 MPa can decrease Te values of the mid-age lithosphere (400 Ma) by 15–20% and for 
lithosphere younger than 200 Ma by 30%.  
 
Region Mean Age  Mean  
Crustal Thickness   
Mean 
Teage/h 
Mean 
Testrength 
Fennoscandia 2.225 Ga 44.4 70 66 
Sarmatia 3.35 Ga 43.1 70 55 
SvecoNorvegian 1.05 Ga 34.5 80 44 
Caledonides  460 Ma 32.6 57 35 
Variscides 340 Ma 31.9 55 22 
Alpine Domain 65 Ma 32.5 13 20 
Western Black Sea 80.5 Ma 28.0 15 34 
Moesian Platform 550 Ma 35.7 60 25 
Mediterranean 147.5 Ma 20.3 25  21 
Atlantic Margin 81.5 Ma 22.5 18 28 
 
Table 6.2: Comparison between average values of Te (km) obtained from the integrated strength of the 
lithosphere and from the age and crustal thickness (km) data for different tectonic provinces of Europe. 
 
6.4. How reliable are the strength estimates?  
 
In the previous sections new maps of strength and effective elastic thickness for the European 
continent were presented.  To assess the reliability of these new results is a major challenge, since 
all the input parameters used are affected by a margin of uncertainty. For the sake of simplicity, 
some parameters were taken as uniform (e.g. strain rate, pore fluid factor, mantle rheology), 
representing the ‘average conditions’ which likely approach the ‘real conditions’ of the study area. 
However, it should be noted that an increase of 10% in the strain rates can enhance the integrated 
strength with about 25% and might result in a mechanical coupling of the individual lithospheric 
layers, as demonstrated in Fig. 6.10a. At the same time, an increase of the pore fluid factor (to 
simulate the presence of super-hydrostatic pressures) to values of 0.6 and 0.8 might lead to a 
decrease of the integrated strength over 25% and 50%, respectively (Fig. 6.10b).  
On the other hand, the knowledge of possible deviations of the above mentioned parameters 
from the adopted standard values is limited. Therefore, this section primarily discusses the effects of 
the other parameters assumed to be laterally variable (e.g. temperature) on strength estimates. To 
this purpose, the EEC was selected as a sample area to test for some specific points the effect of 
differences in temperature, crustal thickness and most common rheologies adopted in the study area 
on the strength and elastic thickness values (Fig. 6.1 and Table 6.3). As at temperatures in excess of 
750°C the vertical yield stress gradient is strongly reduced (10-20 MPa km), only the thermal 
variations in the shallow part of the upper mantle (< 100 km) influence the results. In addition, the 
effects of the crustal temperature and the upper and the lower crustal thickness variation are minor 
and not discussed here. 
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Fig. 6.10(a-b): Strength profiles for point V depicted in Fig. 6.1. For convention values estimated 
under compressional and extensional conditions are assumed negative and positive, respectively.  
(a) Strength profiles estimated adopting different strain rates varying from 
.
ε = 10-13 to 10-16 s-1. 
Mantle strength is reduced to zero with the lowest value of strain rates. Coupling between the upper 
and the lower crust appears with the highest value of strain rate. (b) Strength profiles estimated 
adopting a pore fluid factor of 0.36, 0.6 and 0.8, respectively. 
 
From inspection of Table 6.3, it can be observed that points A and S, having the same 
rheology and crustal thickness, show similar values of  integrated crustal strength and coupling of 
the crustal and mantle layer. On the other hand, the integrated lithospheric strength in point S 
compared to point A is more than 50% higher, leading to  a similar difference in the crustal strength 
proportion and in Te. These variations, which result in a different mechanical behaviour of the 
lithosphere (‘crème brûlée’ in point A and ‘jelly sandwich’ in point S, respectively), are related to a 
decrease of temperature from point A to point S of about 200°C and 170°C at 60 and 100 km,  
respectively. At the same time, points C and T, being close to each other, having the same crustal 
rheology and characterized by small differences in temperature (<40°C), display a variation in the 
integrated lithospheric strength similar to points A and S, which result in a smaller difference in the 
crustal strength proportion (~25%), almost equal values of Te (~25 km) and crust-mantle 
decoupling. Such a variation in lithospheric integrated strength can be mainly attributed to a 
difference in the crustal thickness in the two points of ~6 km. Furthermore, it can be observed how 
mostly the presence of a softer crustal rheology adopted in point C with respect to point A causes 
decoupling of the mantle from the crust and consequently a 50% decrease of Te. The importance of 
the crustal rheology for the strength calculation is evident from a comparison of points U and T, 
which are characterized by very similar temperatures and crustal thickness, but a different rheology 
of the lower crust (Fig. 6.1 and Table 6.3). The variation of the latter parameter produces in point U 
an increase close to 80% in both the integrated lithospheric and crustal strength and about 50% in 
Te. In addition, the stronger lower crust in point U determines coupling of all the lithospheric 
layers, which results in a higher Te (about 50%) with respect to point T. Finally, the differences in 
the strength and elastic thickness estimates in points A and D are similar to those observed in points 
U and T. However, the first two points considered differ for the rheological model employed in the 
upper and lower crust as well (Fig. 6.1 and Table 6.3). Therefore, the use of a much softer lower 
crust rheology in point T compared to point U has an effect similar to the replacement of a 
moderately softer upper and lower crust rheology in point D with respect to point A (Fig. 6.1, 
Tables 6.1 and 6.3). On the other hand, points T and D, having similar thermal conditions and 
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crustal thickness, show comparable values of strength and elastic thickness, since the different 
rheological model adopted for the lower crust has only a marginal effect.  
 
 
 
Table 6.3: Strength and effective elastic thickness values in selected points displayed in Fig. 6.1 for  
various crustal rheologies, lithospheric temperatures and crustal and lithospheric thickness estimates. 
Abbreviations are as follows: Lon, Longitude (decimal degree); Lat, Latitude (decimal degree), 
StrL, Integrated strength of the lithosphere (Pa m); StrC, Integrated strength of the crust (Pa m); % 
StrC, Crustal Strength proportion; Te, Elastic thickness (km); Lith. Code, Lithology Code (see Fig. 
6.1 for explanations); Cp. Code, Coupling and decoupling conditions (see Fig. 6.6 for 
explanations); T60, Temperature at 60 km (C°); T100, Temperature at 100 km (C°); Moho, Moho 
depth (km); LAB, lithosphere-asthenosphere boundary depth (km). 
 
6.5. Conclusions 
 
The new thermal and compositional models displayed in the previous chapters are used to 
calculate the strength distribution in the European lithosphere. Using these data, variations of the 
effective elastic plate thickness (Te) could be determined. The employment of a more robust 
compositional and thermal model has increased the reliability of the new results. Western Europe 
turns to be more heterogeneous than eastern Europe. High strength values are found in the areas 
having an average/low thermal regime and strong crustal rheology (the EEP, the North German 
Basin and the Bohemian Massif). Weak zones correspond to areas affected by Tertiary volcanism 
and mantle plumes, such as ECRIS and the Massif Central. Both the integrated strength of the 
lithosphere and of the crust demonstrate similar trends in most parts of the study area. One of the 
surprising results is the high contribution of the crustal strength (50% of the integrated strength for 
the whole lithosphere) in a large part (~60%) of the study area. In particular, the regions with large 
crustal thickness (e.g. the Anatolian Plateau) are characterized by a high proportion of the crustal 
strength, whose contribution to the total lithospheric strength is much larger (>80%) than that of the 
mantle lithosphere. The obtained strength maps are used to calculate the elastic thickness of the 
European lithosphere. Western Europe is mostly characterized by decoupled lithospheric layers and 
lower values of the calculated strength and Te (<30 km). The contribution of the thickness of the 
mechanical strong lithosphere to Te is low (<10 km) in many parts of western Europe. By contrast, 
the lithosphere of eastern Europe shows high values of Te (80-100 km) and coupled layers. No 
straightforward relationship between Te and the thermal age is found in the continental part of the 
study area: in the tectonic provinces older than 85 Ma Te values are significantly smaller than those 
theoretically expected as a function of age and crustal thickness, while the opposite is true for the 
younger provinces. Concerning the effect of the main input parameter variations on the strength 
estimates, it has been demonstrated that a relative high lateral variation of temperature and crustal 
thickness (likely above the margin of uncertainty) can produce up to 50% difference in integrated 
strength and elastic thickness values. The effect of the crustal rheology is more controversial: 
depending on the specific rheology adopted, the difference in the results obtained can be negligible 
or pronounced (up to 80%), especially in case the crustal strength proportion is high. 
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CHAPTER 7 
 
Synthesis 
 
7.1. Thesis workflow and main results 
 
This research represents a first attempt to integrate and assess different high resolution 
geophysical data-sets for a large area (western and central Europe) with the aim to improve the 
knowledge of the European lithospheric structure. The following sections highlight the main results 
obtained in this Ph.D. thesis. 
 
7.1. a EuCRSUT-07 a new reference model for western and central Europe 
 
To realize the objective of this research a substantial improvement of the knowledge of the 
European crustal structure was a prerequisite. The crust is the most heterogeneous layer of the 
lithosphere and produces a strong effect on the geophysical models (e.g. tomography model) of the 
underlying mantle. Therefore, without a model of the crustal structure it is nearly impossible to 
resolve the trade-off between the crust and upper mantle effects in gravity and geothermal 
modelling, seismic tomography and other geophysical fields. The first global crustal models 
(CRUST5.0 and CRUST2.0) have already highlighted regional variations in terms of velocity and 
thickness from western to eastern Europe in correspondence of the TESZ. However, their resolution 
is quite coarse and the values of these parameters are not distributed over a large and continuous 
range, as should be the case because of the presence of geological features that differ in age and 
evolution, but instead are distributed around narrow peaks with gaps in between (Chapter 2). 
Furthermore, many seismic studies performed during the last decade have clearly demonstrated that 
existing crustal models contain significant differences, which could remarkably influence the results 
based on these models. The need of updating the existing crustal models and the availability of 
many seismic data obtained by recent experiments performed within international projects (e.g. 
CELEBRATION 2000; SUDETES 2003; ALP2002), strongly motivated the construction of 
EuCRUST-07, a new digital model resulted from assembling several hundred seismic profiles and 
receiver functions determinations (nearly all published data) and about 20 local compilations of the 
main crustal boundaries, basement and Moho depth. These data were analysed and cross-checked to 
select the most robust, before interpolating at a uniform 15’x15’ grid. The new model, covering 
western and central Europe (35°N-71°N, 25°W-35°E) consists of three layers: sediments and two 
layers of the crystalline crust. Each layer of the crystalline crust is characterized by average P-wave 
velocities, while the velocity structure of the sediments is not provided. The extremely strong lateral 
and vertical heterogeneity of this layer makes it difficult to integrate relatively sparse published data 
into a uniform model. 
EuCRUST-07 demonstrates large differences with existing regional/global compilations, 
mostly resulting from inclusion of recently acquired seismic data and detailed local compilations of 
the principal crustal boundaries. The discrepancies with the most recent regional Moho map of 
Ziegler and Dèzes (2006) reach –25 km (rms = 3.4 km) in the Ivrea zone, where the new map shows 
the updoming of a 10–20 km shallower Adriatic Moho, and +17 km in the eastern Alps. Under the 
Cantabrian Mountains the new Moho is 8–10 km deeper, reflecting the subduction of the Iberian 
plate. Differences with the recent global map of Kaban (2001) are in the range of about ±15 km 
(rms = 3.9 km). In addition, when the local variations of EuCRUST-07 were averaged to bring it to 
the resolution of CRUST2.0, the difference remains significant from –19 km, in the Atlantic 
  
margin, to +11 km, in the Faeroe Islands and the Baltic Shield (rms = 4 km). Furthermore, due to 
the higher resolution of EuCRUST-07, also small scale features could be detected, like the abrupt 
sedimentary thickness variation along the coastline observed in the seismic profiles or the large 
sedimentary thickness present in the narrow basins (e.g. the Focşani and the Porcurpine Basin). The 
velocity structure of the crust turns out to be rather heterogeneous, its variation in the upper and 
lower part of the crystalline crust is 5.0–6.7 km/s and 6.0–8.4 km/s, respectively, while the 
differences with previous models (e.g. CRUST 2.0) span in a range of ±0.6 km/s. Small scale 
features (e.g. ultramafic lower crust in the Vøring Basin) revealed in EuCRUST-07, but not 
considered in the global models, also substantially influence the averaged values. The parameters of 
the new model (average P-wave velocity and mean depth of each crustal layer) are used together 
with the surface heat flow data, reflecting primarily the crustal thermal regime, to define possible 
lithotypes of the European crust, which data are required for further geophysical modelling (e.g. 
crustal strength estimates). Up to now a consistent study of the crustal lithology does not exist for 
the whole area. Therefore, this classification represents a first attempt to define representative 
lithologies of the upper and lower crust using the new crustal model. 
 
7.1. b. New tomography model of the European lithosphere 
 
Distinction between crustal and upper mantle structure is one of the main problems of 
seismic tomography. It has been demonstrated that the employment of a crustal model in global 
tomography makes it possible to determine a more reliable velocity distribution in the upper mantle, 
avoiding to erroneously map the crustal anomalies into the latter. Furthermore, neglecting an a priori 
crustal correction in the travel time tomography might even lead to an error in the anomaly sign. 
The first application of EuCRUST-07 to geophysical modelling concerned the correction for the 
crustal effect of a new tomography model obtained for P- and S-velocity anomalies beneath Europe 
(Chapter 3). The model extends in depth up to 700 km and is constrained by inversion of 
International Seismological Centre (ISC) data. However, the poor data coverage of the seismic rays 
in the most western and northern part of Europe forced to decrease the extension of the study area 
(30°N-55°N, 5°W-40°E) of the tomography model and of the other geophysical models derived 
(thermal and strength model).  
It has been shown that the difference in the P-velocity anomalies for the cases with and 
without crustal corrections reaches ±1.7% at 50 km, which is about 45% of the total anomaly 
amplitude. At a greater depth the influence of the crustal correction tends to decrease to 1% and it is 
still present at 150 km. The employment of EuCRUST-07 for the crustal correction strongly 
increased the resolution of the anomalies already detected in previous global tomography models, 
giving a better constraint on their location. P- and S-model show a good agreement in the depth 
range between 50 and 200 km, where the resolution of the S-model is sufficient. For some structures 
corresponding anomalies can be observed even at greater depth, like the Adriatic and the African 
plate subducted beneath the Apennines and the Aegean Sea, respectively. The comparison between 
P- and S-model, in the areas where a high positive correlation is obtained, was vital for a discussion  
on the nature of the anomaly. 
 
7.1. c. New thermal model of the European lithosphere 
 
The new tomography model was inverted for mantle temperature using an approach similar 
to those employed in previous studies (Chapter 4). The anharmonic and anelastic effects were 
quantified while estimating temperatures from seismic velocities. The other factors affecting 
temperature variations (e.g. water, partial melt, composition, anisotropy) were not evaluated, since 
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they need more precise knowledge on the structure of the lithosphere, which could not be easily 
derived from the crustal and tomography models. The anharmonic part of the velocities was 
calculated using the infinitesimal strain approximation, which is based on the estimation of density 
and elastic parameters of rocks for a given mineralogical composition. For this purpose, the Voigt-
Reuss-Hill (VRH) averaging of the parameters for the individual minerals was used. Since the area 
of study is mostly continental and is not extended far to the regions affected by a strongly iron 
depleted mantle (e.g. the Baltic Shield), the average continental garnet lherzolite composition was 
adopted as a reference composition for the entire area. The anelasticity part of the velocity depends 
on the attenuation parameter, which was estimated using a model based on the homologous 
temperature scaling approach, which was preferred to models based almost completely on mineral 
physics data. Indeed, the latter have larger uncertainties, on account of the poor constrained 
activation enthalpy values. 
A problem considered in this study was the reliability of the absolute velocity values used 
for temperature conversion. In fact, tomography models are only accurate for lateral velocity 
variations, which are independent on the choice of the 1D reference model. Therefore, to better 
constrain the absolute velocities, required to determine mantle temperatures, the absolute values of 
the tomography model have been corrected by applying a 1D reference model, which corresponds 
to specific tectonic settings of the study area. More precisely, the ak135 reference model used in the 
tomography study (Chapter 3), which principally reflect the oceanic areas, was adjusted using as a 
source of information long-range refraction/reflection profiles (> 2500 km) reaching the transition 
zone. These profiles show that main differences in the continental areas exist at the depths down to 
about 150 km, while at greater depth both the Archean and the Phanerozoic upper mantle are 
characterized by similar velocities. Based on these considerations, the velocity values of ak135 was 
increased by 0.1-0.18 km/s in the uppermost part of the mantle (up to ~200 km), and less than 0.1 
km/s at greater depths. In this way, the new reference model had a velocity in the uppermost mantle, 
which was higher than in the oceanic areas but lower than the values observed in the EEP. The new 
tomography and reference model adopted increased the reliability of the thermal model obtained, 
which was used to define the lithosphere-asthenosphere boundary as a depth of the isotherm 
1200°C. The results obtained show a good agreement with inferences derived from other 
geophysical methods, such as receiver functions determinations. 
 
7.1. d. New gravity model of the European lithosphere 
 
The next step of this study was the construction of a new gravity model of the European 
lithosphere (Chapter 5). For this purpose the density variation of each crustal layer was evaluated. 
EuCRUST-07 provided the average velocity in the upper and lower crust, which was converted in 
density. The density for the sedimentary cover was determined from available petrophysical (well-
log) and geophysical determinations. The crustal density model was used to estimate the residual 
topography, which represents that part of the observed topography which is undercompensated or 
overcompensated by density variations in the initial crustal model. The residual topography 
represents the effects of perturbations of the isostatic equilibrium and is given, as a first source, by 
the density distribution in the uppermost mantle: positive residuals are supported by low density 
lithosphere roots while the opposite is true for the negative values. A second source of these 
anomalies is the normal stress at the base of the lithosphere due to mantle flow (known as ‘dynamic’ 
topography). Furthermore, the gravity effect of the crust, estimated from its density structure, was 
removed from the observed gravity field in order to estimate the residual mantle gravity anomalies, 
which reflect variations both in temperature and mantle composition. The correlation of the 
distribution of these anomalies with specific tectonic units was analysed and appeared improved 
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compared to previous studies. Mantle velocity variations estimated by the new tomography model 
(Chapter 3) were converted to density, giving the opportunity to evaluate the gravity effect related 
to the mantle temperature change. The removal of these anomalies from the residual mantle 
anomalies field gave, for the first time, the chance to identify the compositional density anomalies 
in great detail and to quantify their contribution to the total residual mantle anomalies. The new 
results show that the influence of the compositional anomalies is strong not only in the craton area, 
as could be expected on account of the iron depletion, but also in some parts of the younger 
Phanerozoic Europe.  
 
7.1. e. Strength and elastic thickness (Te) distribution in the European lithosphere 
 
Density and temperature distribution estimated from the new thermal and gravity model and 
the rheology derived from EuCRUST-07 were used as input parameters in the calculation of the 
integrated lithospheric strength (Chapter 6). Lateral variations of these parameters strongly increase 
the resolution and reliability of the strength values. Furthermore, the new results demonstrate a 
more heterogeneous distribution than the previous ones. The contribution of the crustal strength to 
the total lithospheric strength was analysed, demonstrating its high proportion (>50%) in most part 
of the study area (>60%). These new findings show that both ‘jelly sandwich’ and ‘crème brûlée’ 
models, are suitable for the European lithopshere, depending only on the geophysical structure 
(principally thermal conditions and thickness of crustal/mantle layers) of the area considered.  
The strength estimates were used to define the coupling and decoupling conditions 
characterizing the lithospheric layers and, consequently, to calculate the elastic thickness (Te) of the 
European lithosphere. The results are in general agreement with previous estimates, but, being more 
heterogeneous, show strong differences in details. The contributions given to the Te by each 
competent layer of the lithosphere, corresponding to the mechanically strong upper crust (MSUC), 
lower crust (MSLC) and mantle lithosphere (MSL), is quite variable in the study area. Comparisons 
between the estimates of Te obtained in this study and those depending on age and crustal thickness 
of the lithosphere are made. The differences are quite systematic: in the tectonic provinces older 
than 85 Ma Te is significantly smaller than the values theoretically estimated, while the opposite is 
true for the younger provinces. 
 
7.2. Discussion of the results 
 
The obtained results significantly improve the knowledge on structure and properties of the 
European crust and upper mantle. Considering all different tectonic units within one integrated 
model gives the chance to understand the ongoing processes, which control the evolution of this 
complex region. In this section the main geophysical characteristics (e.g. temperature, velocity, 
strength, elastic thickness) of the European tectonic features are discussed.  
The European Archean lithosphere is characterized mostly by outcropping basement with 
sediments concentrated in the Central Russian and Pripyat-Dnieper-Donets rift (up to 8-10 km of 
thickness), high average crustal thickness (>40 km) and velocity of the upper and lower crust (~6.30 
km/s and ~6.85 km/s). The deepest Moho (>60 km) and the highest values of lower crust velocity 
(~7.0 km/s) are observed in the central part of the Baltic Shield. According to these findings and to 
the cold crustal thermal regime, felsic granulite/granodiorite and mafic granulite were chosen as the 
most representative lithotypes of  the upper and lower crust of this area. Furthermore, the new 
tomography model has revealed strong positive velocity anomalies (~2%) up to a depth of ~300 km, 
while the temperature estimated in the uppermost part of the mantle is about 550°-750°C and the 
thermal lithospheric thickness is ~220 km. The residual mantle gravity anomalies are negligible in 
136
Chapter 7
  
this area (mostly within ±50 mGal), due to a compensation between temperature (anomalous low) 
and compositional (iron depletion) variations, as also demonstrated by the similar amplitude (up to 
200 mGal) and opposite sign of these anomalies. The residual topography shows negative values up 
to –1 km, demonstrating an undercompensation of the low surface relief (on average < 500 m). The 
lithospheric strength and the Te reach the highest values (80-100 km) in the coldest part of the EEP. 
In this area the crustal strength is reduced to less than 50%, on account of the increased thickness of 
the MSL (>50 km). 
Western Phanerozoic Europe shows a more heterogeneous distribution of the geophysical 
parameters. Some basins formed during extensional deformation (e.g. the Tyrrhenian, the Balearic 
Sea, the Pannonian Basin and the ECRIS) have a thin (between 10 and 25 km), low upper and lower 
crust velocity (between 6.0-6.1 km/s and 6.0-6.5 km/s, respectively) and a sedimentary thickness of 
about 3-5 km. The upper and the lower crust of these basins can be mostly represented by gneiss-
granite and a dioritic composition, respectively. In these areas, characterized by negative 
tomography anomalies (up to -4%) between 50-250 km, very thin lithosphere is observed (<100 
km), due to the high temperature (>1000°C) estimated in the uppermost part of the mantle. The 
high contribution (>80 %) given by the gravity anomalies induced by temperature to the total strong 
negative residual mantle anomalies observed (up to -100 mGal), confirm the presence in these areas 
of a very hot lithosphere. The residual topography is mostly close to zero, implying isostatic 
equilibrium of these areas. It is worth noticing that the ‘soft’ crust and the high thermal regime 
observed result in a low strength and Te (<15 km) values in the ECRIS and the Pannonian Basin, 
while relative high values of both parameters (Te between 20 and 30 km) are found in the 
Tyrrhenian and the Balearic Sea, where the lithospheric layers are coupled. Some Atlantic basins 
(e.g. Hatton, Lofoten and Vøring Basin), also formed in an extensional regime, present an 
anomalous thick, high velocity lower crust (~7.0 km/s), due to mantle underplating occurred during 
the opening of the Atlantic Ocean and a high sedimentary thickness (up to 15 km). Along the 
Atlantic margin the highest crustal thickness is observed in Iceland (up to 40 km), where the high 
velocity lower crust (~7.0 km/s) represents more than 50% of the entire crustal layer. In this area 
the highest positive residual topography (1.5-3 km) is observed, which can be partly related to large 
scale and deep sources below the upper mantle. Peculiar characteristics present the North German 
Basin, which has a quite high sedimentary thickness (between 6 and 12 km), but is heterogeneous in 
terms of crustal thickness and velocity, being crossed by the Elbe Lineament. From north to south of 
this boundary the Moho shallows of 7-10 km and the velocity in the lower crust decreases from 7.0 
km/s to 6.30 km/s. In addition, south to the Elbe Lineament also the strength decreases, while the Te 
is reduced from 25 to 15 km, on account of the change from coupled to decoupled conditions of the 
lithospheric layers. The residual mantle gravity anomalies are mostly negligible in this area (within 
±50 mGal), with the exception of the North Sea, characterized by positive anomalies (up to 100 
mGal). Furthermore, also a positive tomography anomaly was observed in this region, which results 
in temperature, lithospheric thickness, strength and Te values similar to those estimated for the 
easternmost part of the EEP. However, in the North Sea more investigations are needed, on account 
of the larger uncertainties in the amplitude of the tomography anomalies close to the edge of the 
study area. In addition, south of the Elbe Lineament positive compositional gravity anomalies (>100 
mGal) are observed, which might be related to the oceanic subduction and the resulting 
amalgamation of a series of terranes that occurred during the Paeozoic in this area. The basins 
formed in a compressional regime, as a consequence of the flexure of the lithosphere (e.g. the 
Focşani and the Molasse Basin), show a mean-high average crustal thickness (between 30 and 40 
km), a quite thick sedimentary layer (from 6 to 16 km) and average thermal and strength condition 
of the lithosphere. 
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The orogens (the Carpathians, the Alpine and Dinarides-Hellenic arc, the Pyrenees and the 
Cantabrian Mountains) have mainly a thin sedimentary cover, low upper and lower crust velocity 
(6.1 km/s and 6.6 km/s, respectively) and a very thick crust (40-45 km). An exception is given by 
the Ivrea Zone, part of the western Alps, which is characterized by the updoming of the Adriatic 
Moho to less than 20 km and the intrusion of mantle rocks in the lower crust, which increases its 
velocity to ~7.0 km/s. The fast tomography anomalies (2%), particularly pronounced between 100 
and 300 km, related to the presence of subducted slabs, result in an upper mantle temperature of 
about 700°-900°C and a lithospheric thickness of 150-180 km. However, strong positive residual 
mantle gravity anomalies (up to 150 mGal) and negative residual topography (up to –2 km) are 
observed only beneath the eastern Alps, the Dinarides and are not strongly related to the presence of 
a cold lithosphere. In fact, one surprising result is the high contribution given to the residual gravity 
anomalies by the mantle compositional variations (>80 %) beneath the Dinarides-Hellenic arc, 
reflecting the inference of the slab subducted. However, this compositional anomaly has a similar 
amplitude (between 120 and 160 mGal), but an opposite sign beneath the Dinarides and the 
Hellenides, respectively, which might be related to a difference in the slab origin/subduction slab 
conditions. The total integrated strength is low in correspondence of the orogens and mostly 
concentrated in the crust (>80%), demonstrating that in the European orogens the ‘crème brûlée’ 
model is more reliable than the ‘jelly sandwich’ model. The Anatolian Plateau presents many 
similarities with the orogens (e.g. the large thickness and the low velocity of the crustal layers and 
the lithospheric strength mostly concentrated in the crust), but differently from them it is 
characterized by a high thermal regime and, consequently, has a lithospheric thickness comparable 
with the hot extensional basins.  
 
7.3. Outlook 
 
The integrative models demonstrated in this thesis form a basis for geodynamic modelling of 
the region. Density and temperature anomalies represent one of the main driving forces of the 
tectonic processes. Rheological properties of the lithosphere are other principal constraints, which 
are required for quantitative modelling of the dynamic processes. Therefore, the results obtained 
can be used to forecast the future behaviour of entire geological systems, as well as of specific 
subsurface geological features. Such predictions are highly relevant to the current and future needs 
of the humanity, particularly in areas of active tectonics regarding the assessment of natural 
hazards, water supply damage, environmental degradation potential and disaster mitigation. 
Furthermore, the improved quantitative understanding of the thermomechanical characteristics of 
the European lithosphere is crucial for the estimations of the intraplate stress field. This parameter is 
of direct importance for several ongoing studies of regional intraplate lithosphere deformation and 
surface dynamics within Europe, carried out, for instance, as a part of several international scientific 
program, such as the TOPO-WECEP program (e.g. Rhine Graben rifting), the ISES program (e.g. 
Pannonian/Carpathian System) and the TOPO-EUROPE program. Therefore, the geophysical data 
estimated and discussed in this thesis can be used in a next stage to evaluate the stress distribution 
in the European lithosphere. Up to now many studies (e.g. Gölke and Coblentz, 1996; Jarosinski et 
al., 2006) have estimated this parameter as a result of the boundary forces (e.g. convergence 
between African and Eurasian plate and Atlantic ridge push) and/or the displacements occurring at 
the plates boundary principally using 2D finite element models. The results shown in this Ph.D. 
thesis give the opportunity for the first time to incorporate a more realistic rheology and thermal 
model of the European continental lithosphere, which may cause stress concentrations in regions of 
high thermal regime (due to a reduced effective elastic thickness), in a 3D model. This opens the 
opportunity to estimate also secondary and third order stress field variations, which strongly 
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contribute to the intraplate stress in Europe. Actually, the main source of this short-wavelength 
stress field is the lateral density contrast, depending on rheology, lithospheric layers thickness and 
temperature variation, all parameters quantified in this study. 
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Appendix A1
 
Source of information of EuCRUST-071 
 
Area    Method  Information Source  Information Type 
Adria    Tomography   [1]   C 
Adria    Tomography   [2]   C 
Alps    S. Refr.   [3]    C 
Alps    S. Refr.   [4]    C 
Alps    S. Refr. and S. Refl.  [5]   C 
Alps    S. Refr.   [6]   C 
Alps    S. Refr and S. Refl.  [7]   C 
Alps    S. Refr and S. Refl.  [8]    C 
Alps    S. Refr. and S. Refl.  [9]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [10]   C 
Atlantic Ocean  S. Refr.   [11]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [12]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [13]    C 
Atlantic Ocean  S. Refr. and S. Refl.  [14]    C 
Atlantic Ocean  S. Refr. and S. Refl.  [15]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [16]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [17]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [18]    C 
Atlantic Ocean  S. Refr. and S. Refl.  [19]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [20]    C 
Atlantic Ocean  S. Refr.   [21]    C 
Atlantic Ocean  S. Refr. and S. Refl.  [22]   C 
Atlantic Ocean  S. Refr. and S. Refl.  [23]   C 
Atlantic Ocean  S. Refr.   [24]    C 
Atlantic Ocean  S. Refr. and S. Refl.  [25]    C 
Atlantic Ocean  S. Refr.   [26]   C 
Atlantic Ocean  S. Refr.   [27]    C 
Atlantic Ocean  S. Refr.   [28]    C 
Bohemian Massif  S. Refr. and S. Refl.  [29]   C, M 
Charpathians   S. Refr.   [30]   C 
Charpathians   S. Refr.   [31]   C 
Denmark   S. Refr.   [32]   C 
Denmark   S. Refr.   [33]   C 
Denmark   S. Refr.   [34]   C 
England   S. Refr.   [35]    C 
England   S. Refr.   [36]    C 
England   S. Refr. and S. Refl.  [37]    C 
Faeroe Islands   S. Refr.   [38]    C 
Faeroe Islands   S. Refr. and S. Refl.  [39]   C, M 
Fennoscandia   S. Refr. and S. Refl.  [40]   C 
                                                
1
 Abbreviations are as follow: ‘S. Refr.’, Seismic refraction; ‘S. Refl.’, Seismic reflection; ‘RF’, Receiver functions; 
‘C’, information about crustal structure, ‘M’, information about Moho depth. 
Fennoscandia   S. Refr.   [41]   C 
Fennoscandia   S. Refr.   [42]   C 
Fennoscandia   S. Refr. and S. Refl.  [43]    C 
Fennoscandia   S. Refr.   [44]    C 
France    S. Refr. and S. Refl.  [45]    C 
France    S. Refr. and S. Refl.  [46]   C 
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Appendix A2 
 
Anharmonicity Correction 
 
For shallow depths (pressure up to about 6 GPa), density ρ, compressibility K and rigidity µ can be 
computed at given (P, T) condition from their values at the reference state (P0, T0) using the 
infinitesimal strain approximation: 
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where M stands for either of the elastic parameters K or µ. 
For density the equation is based on the definitions of α (thermal expansion) and K 
(compressibility):  
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Voigt-Reuss-Hill (VRH) Averaging 
 
The Voigt-Reuss-Hill (VRH) averaging scheme approximates the parameters for a combination of 
minerals by taking the average of the mean elastic parameters for a constant stress (Reuss) and a 
constant strain (Voigt) situation: 
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where <M>= µ (for S-wave velocities) or µ
3
4
+K  (for P-wave velocities), Mi=µ or K and λi is the 
volumetric proportion of mineral i. 
 
To calculate partial derivatives of seismic velocity V, the equations for the VRH averaging scheme    
is the following expression: 
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